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Preface

In the Earth’s atmosphere many tiny solid and liquid particles can be found. 
These so-called aerosol particles influence continuously our everyday life. They 
control the visibility in the air, the intensity of solar radiation reaching the 
surface of our plánét, as well as the electric and radioactive properties of the 
atmospheric environment. These particles alsó play an essential role in the 
regulation of water cycle in natúré, since water droplets and ice crystals in clouds 
form on aerosol particles called cloud condensation and ice nuclei. The structure 
of clouds, depending on the availability of nuclei, determines the formation of 
precipitation, and the transfer of solar and terrestrial radiation through the 
clouds. These questions have become particularly important in the last decades, 
because of attempts to stimulate precipitation artificially by introducing suitable 
nuclei in clouds. On the other hand, by emitting different pollutants intő the 
atmosphere, humán activities inadvertently modify the microphysical charac
teristics of clouds, and consequently the weather and climate processes.

The aim of this book is to present, in one volume, the physical and Chemical 
properties of atmospheric aerosol particles and nuclei, as well as to describe in 
a coherent way their role in cloud and precipitation formation, and climate 
regulation. The authors wanted to give a relatively short description of the 
subject, to result in a book which is nőt too voluminous and sophisticated fór 
students and beginners in the tieid. However, it is hoped that the detailed, 
although nőt complete, literature survey makes this volume useful alsó to 
researchers working in any tieid related to atmospheric Sciences.

It should be mentioned that Chapter 2 of this volume is a revised and updated 
version of the aerosol chapter of a former book written by one of the authors 
(E. Mészáros: Atmospheric Chemistry. Fundamental Aspects. Elsevier Scienti- 
fic Publishing Company, Amsterdam, 1981) and is published with the permission 
of Elsevier. This chapter was reviewed by Dr. J.P. Lodge (Boulder, Colorado, 
U.S.A.), while Chapter 5 was commented by Dr. R.E. Livezey (National Ocean- 
ic and Atmospheric Administration, Washington, D.C., USA). Their kind help 
is gratefully acknowledged. The authors are alsó indebted to their secretaries 
who carefully prepared the manuscript, and to Mrs. 1. Kas, Mrs. J. Kerek and 
Mr. A. Marton (Publishing House of the Hungárián Academy of Sciences, 
Budapest, Hungary) fór their valuable editorial assistance.

September 1989
The authors
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1. Introduction

The Earth’s atmosphere—a thin covering of gases, aerosol particles and clouds 
—provides the temperature control on which life depends, and is the médium 
through which oxygen, nitrogén, carbon dioxide, water, organic compounds 
and many other trace constituents are continually cycled. The composition of 
the atmosphere and the climate of the Earth have undergone radical changes 
over the 5-billion year history of this plánét. And even now, changes are taking 
piacé due to natural evolution and due to man’s activities. In fact the two causes 
cannot be separated any longer. By now, the changes brought about by humán 
activity are probably comparable in magnitude to the changes that would take 
piacé anyway. In somé specific aspects, like CO2 and CH4 concentrations, the 
anthropogenic influences seem to dominate. In many others the different causes 
cannot be isolated, and the overall results of atmospheric changes, together with 
the coupled changes in the oceans, in the biosphere and in the lithosphere, 
cannot be clearly evaluated yet. The formulation of such scientific predictions 
is one of the most important tasks facing Science today.

This book focuses on atmospheric aerosol particles, which constitute a minor 
bút very important component of the atmosphere, and which make specia! 
contributions to the maintenance and the evolution of the Earth’s atmosphere. 
They influence the radiation budget and the global Chemical cycles, and their 
effects in those processes can get strongly multiplied by the role they play in 
determining the microphysical properties of clouds. Because of their roles in 
cloud and precipitation processes, aerosols alsó are key parts of the global 
hydrological cycle. In spite of their ubiquity and importance, atmospheric 
aerosols are less well known than the gaseous components, and they are often 
neglected in considerations of global processes like climate studies. It therefore 
seemed appropriate to assemble a book which treats the natúré and impacts of 
aerosol particles in relatively simple, physical terms; the book will, hopefully, 
be useful in putting many aspects of this diverse topic in an approachable 
perspective and will stimulate further interest in the study of the subject.

The Earth’s atmosphere is a mixture of many different gases and of a wide 
variety of aerosol particles. Gases constitute the overwhelming majority of the 
mass of the atmosphere. Aerosol particles contribute only about 1 part in 109 
(1 ppb) by mass. They are classified as a trace component of the atmosphere, 
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bút a very complex one because of the large rangé of sizes of particles and their 
diversity of shapes and Chemical composition.

Both the gases and the aerosols of the atmosphere participate in the global 
flow of Chemical compounds in natúré. In these biogeochemical cycles sub
stances are continuously exchanged among the different média of the Earth: 
hydrosphere, lithosphere. biosphere etc. Being the most mobile/dynamic system 
among Earth’s média the atmosphere provides somé of the most important 
pathways fór the biogeochemical cycles.

Atmospheric constituents interact with both solar and terrestrial radiation 
transfer. Solar UV radiation, lethal to living species, is absorbed by somé 
atmospheric constituents, principally özöne, and, generally speaking, the inten
sity of solar radiation of different wavelengths reaching the surface is deter- 
mined by atmospheric composition. Further, the infrared radiation emitted by 
the Earth is partly absorbed by certain components (carbon dioxide, water 
vapor etc.) which increases considerably the temperature of the air. In this way 
the climate of the Earth depends on the composition of the atmosphere.

As a function of their physical and Chemical natúré, specific fractions of the 
atmospheric aerosol can initiate cloud droplet and ice crystal formation. These 
groups of particles are called “cloud condensation nuclei” and “ice nuclei”, 
respectively. The microphysical characteristics of clouds, as well as the amount 
of cloudiness, are altered by the abundance and activity of these nuclei. Through 
these connections, aerosols nőt only absorb and scatter solar radiation,1 bút 
they have an important indirect effect on climate since cloud droplets and 
crystals formed on nuclei influence the transfer of short-wave radiation in a 
significant way. Thus, 2ff-25% of the incoming solar radiation is reflected by 
clouds. Moreover, clouds are nearly perfect absorbers in the bánd of long-wave 
radiations emitted by the surface. This absorption reduces the heat loss of the 
lower layers of the atmosphere.

1 The extinction of visible light by the aerosol particles is very essential nőt only fór climate 
regulation bút alsó fór the control of visibility in the air.

Precipitation initiation in clouds depends on the availability of water or ice 
embryos; without such embryos clouds would remain quite stable, that is, nőt 
produce precipitation over long periods of time, until dispersed by air motions. 
The formation of precipitation proceeds by the coalescence of smaller cloud 
droplets whose sizes, in turn, depend on the cloud condensation nuclei. In 
supercooled clouds (colder that 0 °C), the possibility exists fór ice crystals to 
form on available ice nuclei and to grow rapidly intő precipitation embryos. If 
natural ice nuclei are nőt numerous enough fór efficient precipitation initiation, 
clouds can be seeded by mán using suitable ice nuclei to stimulate precipitation 
artificially. Fór such manipulation, knowledge of crystal formation on natural 
ice nuclei is of crucial importance.

It follows from the above discussion that the presence of nuclei is vitai fór 
the process of continuous redistribution of water within the Earth-atmosphere 
system, including the grand cycle of returning water from the oceans as fresh 
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water fór terrestrial life. Since, under natural conditions, the majority of cloud 
condensation nuclei consist of sulfate particles formed in the air from gaseous 
precursors emitted by the biosphere, we can say that the biosphere to somé 
extent regulates the precipitation which is essential fór its existence.

Aerosol particles are alsó important from the point of view of atmospheric 
electricity and radioactivity. This means that gaseous ions formed in the air 
under the effect of ionizing radiation can coagulate with aerosol particles which 
reduces considerably their electrical mobility owing to the greater mass of 
aerosol particles. Fór this reason there is an inverse relation between the aerosol 
concentration and the electrical mobility of the air. On the other hand, rádió 
active isotopes in the air are alsó attached to existing aerosol particles. In this 
way their behavior in the atmosphere and their different effects strongly depend 
on the characteristics of the partiele bearing the isotope.

Atmospheric particles form, principally, by one of two processes: by Chemical 
transformations of atmospheric trace gases (gas-to-partiele conversion), and by 
dispersion from the Earth’s surface. On the other hand, aerosol particles are 
removed from the air by dry and wet deposition. Dry deposition is controlled 
by sedimentation and turbulent motions in the air while wet deposition is due 
to the capture of the particles by cloud and precipitation elements. This means 
that the atmospheric cycles of water and aerosols are strongly interrelated. The 
interaction of sources and sinks determines the residence time and concentration 
of aerosol particles in the atmosphere.

Presentation of the various topics in this book proceeds from the generál 
properties of aerosols to their role in cloud and precipitation formation and 
finally to their impact on climate. In Chapter 2 the relevant physical and 
Chemical characteristics of aerosol particles are présénted. The role of aerosol 
particles in cloud droplet and ice formation are discussed in Chapter 3 and 4, 
respectively. Finally, Chapter 5 treats the impact of aerosol particles on climate. 
including the indirect influence of aerosol particles on radiation through cloud 
processes. Somé topics are separated intő appendices; these are simple math- 
ematical formulations fór illustrating the discussion in the main body of the text, 
or summaries of generál concepts. A brief terminology, which should be helpful 
in maintaining clarity of definitions, is alsó included, as Appendix IV.
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2. The atmospheric aerosol

2.1 Introduction

2.1.1 Definition of the aerosol

An aerosol is defined as a dispersed system containing solid or liquid particles 
suspended in a gas. In the present case the gaseous médium is the air in which 
aerosol particles of different composition and size are suspended.

In more rigorous terms the principal characteristics of an aerosol or aerocol- 
loidal system, are (Hidy and Brock, 1970):

a) the sedimentation velocity of the particles is small;
b) inertial effects during partiele motions can be neglected (the ratio of inertial 

forces to viscous forces is small);
c) the Brownian motion of the particles, due to the thermal agitation of gas 

molecules, is significant and
d) the surface of the particles is large compared to their volume.

The physical meaning of the above eriteria will be defined in the following 
paragraphs. The principal force acting on an aerosol is generally gravitation. 
This means that the lifetime of a partiele in the system is determined by its 
sedimentation velocity. If the partiele radius is greater than the mean free path 
of gas molecules, the falling velocity v, is given by the well-known Stokes 
equation:

0,-5^ (2.1)
9 p

where r and pp are the radius and density of the partiele, assumed spherical, p 
is the dynamic gas viscosity (equal to 1.815 x 10 5 N s m“2 at a temperature 
of 20 °C) while g is the gravitational constant. In the atmosphere, p, in Eq. (2.1) 
depends on altitude above the sea level. Furthermore, the updraft motions in 
the troposphere make the meaning of the sedimentation velocity rather com- 
plicated. If, fór example, in the surface air a value of 10 cm s-1 is accepted as 
an upper limit, the radius of a spherical partiele will be 30 pm if the density is 
taken to be unity. It must be emphasized, however, that due to the presence of 
updrafts, larger particles can alsó be found in the atmosphere at significant 
distances from their sources.

The ratio of inertial forces to viscous forces is per definitionem the Reynolds 
number (Re) of particles. In this way the second eriterion after reduction can 

17



be written in the form:

— =Re<l (2.2)

where q is the air density, while v is the speed of the partiele motion caused by 
somé external force. Physically Eq. (2.2) means that in a stable system the 
product of the partiele speed and partiele size cannot exceed a given value. Thus, 
under normál atmospheric conditions the speed of motion of a partiele of 10 pm 
radius could nőt exceed 30 cm s-1. In the case of r= 30 pm the critical velocity 
is 10 cm s-1. If the external force arises from the gravitational tieid, this con- 
dition is obviously equivalent to the first eriterion.

A very characteristic property of aerosol particles is their Brownian motion. 
This random motion is a result of the fluctuations in the impact of gas molecules 
on the particles. It goes without saying that the speed of this motion increases 
with decreasing size. Generally, Brownian motion is considered significant if the 
partiele radius is smaller than 0.5 pm.

Finally, the fourth eriterion is satisfied if the partiele surface (in cm2) exceeds 
the partiele volume (in cm3) at least a thousand times. Fór this reason, surface 
phenomena play an important role in the behavior of aerocolloidal systems.

The foregoing conditions determine the upper limit of the partiele size. The 
lower limit can be specified in a very simple way. A system is considered an 
aerosol when the radius of the particles is greater than that of gas molecules. 
At the same time wa»wg, where ma and me are the mass of aerosol particles and 
gas molecules, respectively. Bearing in mind the size of molecules in the air we 
might define the lower limit to be around 10-7 cm (= 10-3 pm).

An important consequence of the Brownian motion of aerosol particles is 
their collision and subsequent coalescence. This so-called coagulation process 
fór a monodisperse aerosol can be characterized by the partiele loss per unit time 
(Hidy and Brock, 1970):

dA
- — = SnDrN2 (2.3)

dr v ’

where A is the number of particles per unit volume, t is the time and D is the 
diffusion coefficient of particles:

kT
D = (2.4)

In Eq. (2.4) k is the Boltzmann constant (1.31 x 10~23 J/K x molecule), Tis the 
absolute temperature, A is the Stokes-Cunningham correction1, while Á is the 
mean free path of gas molecules2. Thus, the coagulation equation may be

1 A S 1.257 + 0.400 x exp (- 1.10r/A)
2 2 = 6.53 x 10"6 cm, at a temperature of 20 ’C and a pressure of 1013 hPa.
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written in the following form:
dN _ 4 kT 
át 3 n

AA'
1+ — 

r
N2 (2.5)

It is concluded on the basis of Eq. (2.5) that the intensity of the partiele loss due 
to thermal coagulation is directly proportional to the square of the partiele 
concentration, while the coagulation efficiency increases with decreasing par
tiele radius. This means that the coagulation of small particles at a high con
centration is a very rapid process. Equation (2.5) is valid only fór monodisperse 
aerosols, i.e. aerosols composed of particles of uniform size. However, the same 
qualitative conclusion can alsó be drawn in the case of polydisperse systems.

It should be emphasized that the dynamics of aerocolloidal systems is nőt to 
be discussed here. Fór further details the reader is referred to textbooks special- 
ized in the field (e.g. Hidy and Brock, 1970; Twomey, 1977).

2.1.2 Characterization and measurement of atmospheric aerosol particles

As we have emphasized in the introduction of this book the atmospheric aerosol 
plays an important part in the control of many atmospheric processes: cloud 
formation, radiation transfer, etc. Fór the study of the role of atmospheric 
particles the measurement of their physical and Chemical characteristics is of 
crucial importance.

An essential physical characteristic of the particles is their concentration. We 
can characterize the partiele concentration in two different ways. Firstly, the 
number concentration can be employed which is the number of the particles in 
unit gas volume. Secondly, the partiele mass in unit gas volume (mass con
centration) or in unit mass of air (mixing ratio) can be given. Since, as we have 
seen previously, the size of the particles varies by several orders of magnitude, 
fór partiele characterization the determination of the size distribution is alsó 
necessary (see Subsection 2.3.2).

The effects of the particles in the air alsó depend on their composition. Thus 
the study of the Chemical natúré of individual particles or a partiele ensemble 
is alsó of interest.

In this subsection the physical detection and collection of aerosol particles fór 
further studies will be presented, while the main methods of Chemical Identifica
tion are discussed in a separate subsection (2.4.1).

From the point of view of partiele characterization and measurements the 
aerosol classification of Junge (1963) is very convenient. Junge divided aerosol 
particles in three groups:

Aitken1 particles: r< 0.1 pm;
large particles: 0.1^r<1.0pm;
giant particles: r = 1.0 pm.

' The concentration of these particles is generally measured by means of expansion chambers, 
the first versions of which were constructed by Aitken.
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In the rangé of Aitken particles, diffusion effects are significant and partidé 
coagulation is rapid. However, in ease of giant particles, these phenomena can 
be neglected, and the behavior of aerosol particles is mostly determined by their 
sedimentation due to gravitation. The large particles constitute a transition 
between the two characteristic ranges mentioned. Since their size is comparable 
to the wavelength of visible light, these particles play a great role in the optical 
properties of air. Large and giant particles have a significant inertia which can 
be utilized fór their measurement (see below). Moreover, the giant particles and 
a significant portion of the large particles can be studied with an optical 
microscope.

Because of their small radius, the size and size distribution (see Subsection 
2.3.2) of Aitken particles may be determined with a diffusion battery. This 
device is composed by an ensemble of capillary tubes, through which the air is 
drawn at low velocity. As a result of their Brownian diffusion, the smaller 
aerosol particles are deposited on the walls of the tubes during the aspiration. 
This partiele loss is a function of the diffusion coefficient and consequently of 
the size of the particles (see Eq. (2.4)).

The totál number concentration of aerosol particles can be measured with 
expansion chambers. In these devices the air sampled is humidified and suddenly 
expanded to produce a significant water vapor supersaturation. In the super- 
saturated environment, water condenses on the aerosol particles1. The number 
of droplets formed in this way is equal to the partiele concentration. The 
droplets are generally counted by allowing them to settle on a microscope síidé 
or, after calibration, by the extinction of a light beam through the chamber. This 
type of measurement actually determines the totál number concentration of 
particles. However, since the concentration of Aitken particles is much larger 
than that of large and giant particles (see later), the result essentially gives the 
number of particles with radius smaller than 0.1 pm.

1 Supersaturation is designed in such a way that water does nőt condense on different ions in 
the air.

The smaller aerosol particles can be captured from the air fór subsequent 
counting and size measurement by means of so-called thermal precipitators. In 
these instruments, metál wires are heated to produce a temperature gradient. 
Aerosol particles move away from the wire in the direction of a cold surface, 
since the impact of more energetic gas molecules from the heated side gives them 
a net motion in that direction. The particles captured are studied with an 
eleetron microscope. Another way to measure Aitken particles is by charging 
them electrically under well-defined conditions. The charged particles are passed 
through an electric field and are captured as a result of their electrical mobility. 
Since size and electrical mobility are related, the size distribution of particles can 
be deduced. These devices are called electrical mobility analyzers.

There are several methods to detect large particles. Thus, particles can be 
studied in situ in the gaseous médium. In single partiele optical counters, the 
particles are illuminated and the light scattered individually by each partiele is
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measured photoelectrically at a given angle. The number of such scattering 
signals is a measure of the partiele number while the amplitude of each signal 
gives, after suitable calibration, the partiele size. In another type of optical 
device, the light scattered by a cloud of particles in a fixed solid angle is 
measured. In this case the device is called an integrating nephelometer.

Generally, the large and giant particles are collected from a given air sample 
by inertial deposition. Inertial sampling is carried out by piacing an obstaele or 
collector in the air stream as shown in Fig. 2.1a. As can be seen the air goes 
around the obstaele, while the trajectory of particles with an inertia higher than 
that of the air molecules deviates from the trajectory of the latter and the 
particles strike the collector. With increasing gas stream velocity, and with 
decreasing collector size, the radius of the particles collected decreases. In other 
words this means that the efficiency of the collection (impaction) increases. The 
impaction efficiency “is defined as the ratio of the volume of gas cleared of 
particles by the collection element to the totál volume swept out by the collec-

Fig. 2.1
Inertial collection of aerosol particles by an obstaele and by a two-stage impactor

tor” (Friedlander, 1977). During aircraft sampling the collector (e.g. a micro- 
scopic síidé) is exposed directly in the moving air. If the aircraft has a velocity 
of 200 km hr-1, large particles can be captured with an acceptable efficiency on 
slides 0.1 mm wide. Fór giant particles this characteristic size is 1 mm.
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In the surface air the wind speed is generally nőt high enough fór the direct 
collection of large particles. However, a suitable relatíve velocity can be 
achieved by attaching the collecting síidé to the end of a rotating arm. Alter- 
natively, the air can be accelerated by pumping it intő or through a tűbe. In this 
latter case the stream velocity can be further increased by passing the air 
through narrow slits or jets. Such a device is called an impactor; its collection 
efficiency is an inverse function of the síit size. A great advantage of this 
sampling procedure is that particles with different dimensions can be separated 
by means of an impactor containing slits (jets) with different sizes, Fig. 2.ló 
represents in a schematic way such an instrument of two stages, termed a 
cascade impactor. As we see the air is sucked gradually through progressively 
narrower slits. This allows the capture of smaller and smaller particles by the 
slides placed at an appropriate distance behind the jets. The particles collected 
are counted and their size is measured by an optical or electron microscope or 
they may be analyzed chemically (see Subsection 2.4.1).

The different collection procedures are combined by suitable filters consisting 
of fine fibers or membranes. These filters remove large and giant particles from 
the air by inertial impact on the fibers (e.g. glass fibers) or around the holes of 
membranes, while Aitken particles are collected by making use of their Brow- 
nian diffusion. It the filter matériái is electrically charged, electric forces alsó 
have to be taken intő account. Fór the microscopic study of aerosol particles, 
membráné filters are very suitable. One type of these filters consists of synthetic 
organic membranes containing holes of approximately cylindrical form. To 
obtain filters with holes of uniform size, the membráné mentioned is bombarded 
with fission recoil fragments, and the nuclear tracks are then etched out chemi
cally (Nuclepore filters).

Experimental methods discussed have been reviewed by Friedlander (1977) 
and Spurny (1986). The reader can find further details and references in these 
books.

Finally, over the last twenty-five years new measurement methods have been 
developed that have made remote sensing of aerosol particles possible. One 
important method is the lidar technique which is based on /íght t/etection and 
ranging. In this, laser pulses at appropriate wavelengths are emitted intő the 
atmosphere and radiation scattered back by aerosol particles at different al
titudes is detected by the device. Lidars can be ground-based or mounted on 
aircraft, balloons or satellites. In the case of spacecraft, another possibility is 
to use the Sun as the radiation source and interpret the extinction caused by the 
presence of the aerosol as partiele concentration. These methods have been 
successful in particular in the study of the aerosol particles in the upper tropo
sphere and lower stratosphere, as discussed by Inn et al. (1982).
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2.2 Origin of atmospheric aerosol particles

2.2.1 Dispersal of particles of surface origin

Apart from a very minor contribution from meteorites and pollens, atmospheric 
particles arise from two basic processes1:

1 Such processes as partiele coagulation may alsó produce new large particles, bút nőt new 
particulate matter.

a) dispersal of materials from the Earth’s surface;
b) Chemical reaction and condensation of atmospheric gases and vapors.
The dispersal of surface materials produces particles in two major categories: 

sea salt, and soil or mineral particles.
Sea salt particles can be formed by direct dispersal of óceán water from the 

foam of the waves. However, these particles are generally too large to remain 
airborne, even after evaporation of water. A much greater number of particles 
is produced by the bursting of gas bubbles reaching the water surface. Accord- 
ing to the laboratory work of Moore and Mason (1954) this process takes piacé 
in two stages. In the first stage, when the bubble arrives to the surface, small 
particles are ejected from the bursting water film. In the second stage, a thin jet 
is formed by the water flowing intő the cavity remaining in the surface after the 
rupture. The particles formed in the second stage are less numerous and their 
sizes are in the giant rangé (Woodcock, 1953)

The sea salt particles produced in this way are composed mostly of sodium 
chloride, which reflects the composition of sea water. Among other substances, 
maríné particulate matter alsó contains a large amount of sulfates. Further- 
more, during their rise through the water, bubbles scavenge surface-active 
organic materials which are partly injected intő the air when the bubbles burst.

Woodcock (1953) as well as Moore and Mason (1954) originally de
monstrated that the rate of bubble formation increases with increasing wind 
speed. In a more recent work A. Mészáros and Vissy (1974) reported that over 
the oceans the correlation between the number of sea salt particles and the wind 
speed becomes gradually weaker as the partiele size decreases. Thus, the smallest 
sea salt particles (r < 0.3 pm) may originate from a type of bubbles the formation 
of which is independent of the wind speed.

The relation between the bubble size and the number of airborne particles 
produced upon bursting was studied by Day (1963) during his laboratory 
investigation. He pointed out that the number of particles increases with in
creasing bubble size. A bubble with a size of several millimeters forms somé 
hundreds of particles when it bursts. The results of simultaneous observations 
of size spectra of bubbles in foam patches and giant sea salt particles in the air 
over a surf zone in Texas show that both spectra follow the gamma distribution 
function (Podzimek, 1984). On the basis of his atmospheric observations made 
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in Hawaii, Blanchard (1969) assumed that the intensity of sea salt partiele 
formation is between 25-100 cm’2 s-1 at the surface of the óceán. This rangé 
is in a good agreement with the laboratory results of Moore and Mason (1954).

1 SMIC: Study of Man’s Impact on Climate.
2 EF can alsó be defined to characterize partíciós of oceanic origin. In this case in the denomina- 

tor the oceanic ratio should be used (the reference element is generally Na).

Airborne sea salt particles are transported to higher levels and over the 
continents by atmospheric motions. Thus, such particles were observed over 
Australia (Twomey, 1955), North America (Byers et al., 1957) and Europe 
(Mészáros, 1964). Due to removal processes near the surface level as well as 
to convective motions, the concentration of sea salt particles increases with 
increasing height in the lower troposphere over the continents in contrast to the 
situation over the óceán where their number decreases with increasing altitude 
(Woodcock, 1953; Lodge, 1955; Blanchard et al., 1984). Because of the 
relationship between relatíve humidity and partiele size (see Section 2.5), low 
relatíve humidity promotes the transport of sea salt particles.

The other category of particles originates from the solid surface of the Earth. 
This dispersal is obviously due to the effect of wind on rocks and soils. A well- 
known and highly visible example of this process is the formation of dúst clouds 
and storms. However, the quantitative explanation of this partiele production 
mechanism is nőt easy, except when somé external mechanical force agitates the 
surface (vehicles, animals, people, etc.). The main reason fór the difficulties in 
the explanation is the decrease of the wind speed with decreasing height above 
surface, usually extrapolating to zero wind speed at the surface. It is believed 
that turbulent flow is necessary (see Twomey, 1977) fór the detachment of 
grains. According to the most acceptable estimates the global strength of this 
source is 100-500 Tg yr-1 (SMIC, 19711; Prospero, 1984).

An important proportion of mineral particles produced by wind erosion is 
insoluble in water. Their composition can be characterized by determining the 
so-called aerosol-crust enrichment factor on the basis of the analyses of atmo
spheric aerosol samples and rocks or soils. The enrichment factor (EF) defined 
by Rahn (1976) is given by the following expression2

(X/Ref)aeroso, 
WRef)cru8t

(2.6)

where X is the concentration of the element considered in the aerosol or in the 
crust, while “Ref' is the concentration of a crustal reference element (generally 
Al, Ti or Fe). It follows from this detínition that a certain element is considered 
of mineral origin if its enrichment factor is near unity. By using this approach 
and Ti as reference element A. Mészáros et al. (1984) demonstrated that, in 
agreement with the results of many other workers, under Continental conditions 
Al and Si are the most important elements of soil origin, these elements almost 
certainly occur in silicate compounds.

Somé particles of crustal origin are removed from the air in the vicinity of 
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sources, while another fraction is transported to great distances. Thus, par- 
ticulate matter collected over the Atlantic Óceán contains a significant quantity 
of Saharan dúst under somé conditions (Junge and Jaenicke, 1971); in fact, 
such dúst particles were collected and identified even over the West Indies 
(Prospero, 1968; Blifford, 1970). Furthermore, dúst particles from Asian 
desert were identified by several workers (see Braaten and Cahill, 1986) at the 
Mauna Loa Observatory in Hawaii. Elements of soil origin like Al and Fe were 
even found in relatively high concentrations at the South Pole, Antarctica 
(Zoller et al., 1979). It was alsó shown (Andreae et al., 1986) that, during their 
transport over the oceans, silicate species can be mixed with sea salt com- 
ponents.

2.2.2 Formation of atmospheric aerosol particles by Chemical reaction and 
condensation

Particles formed by the dispersal of surface materials generally have radii larger 
than about 0.1 pm. This means that Aitken particles must be produced by 
another mechanism, namely by condensation of vapors, preceded in many cases 
by gaseous Chemical reactions. These reactions are generally initiated by 
photochemical processes.

Annual variation of the number concentration of aerosol particles (CN) over Antarctica 
according to Heitzenberg (1985). The dőlted arca represents the concentration fluctuation. (By 

courtcsy of Kluwer Academic Press)

25



Thus, a large set of data obtained by McWilliams (1969) in clear air (W. 
Ireland) by means of expansion chambers showed that the concentration of 
Aitken particles is lower in the winter than in the summertime. Furthermore, 
McWilliams’ observations alsó demonstrated that more aerosol particles can 
be detected during daylight than at night. This finding was confirmed by the 
investigations of Vohra et al. (1970) and A. Mészáros and Vissy (1974) 
according to which, in a clean maritime environment, the number of Aitken 
particles is at a maximum during the afternoon. It was alsó shown by atmo
spheric measurements (e.g. Lopez et al., 1973) that after sunrise the aerosol 
concentration increases, which alsó points in the direction that particles with 
radii smaller than 0.1 pm are produced by photochemical reactions. Further, 
Hogan and Bernard (1978) have reported that over Antarctica there is a steady 
increase in concentration after astronomical sunrise. Moreover, in Antarctic 
winter very small concentrations can be measured. This finding was récéntly 
confirmed by numerous data published by Bigg et al. (1984), Heitzenberg 
(1985) and Bodhaine et al. (1986). The annual variation presented in Fig. 2.2 
is taken from the work of Heitzenberg (1985).

The formation of aerosol particles from gaseous components can be inves- 
tigated under laboratory conditions. In so-called aerosol chambers an artificial 
atmosphere is created to which small quantities of appropriate trace gases (e.g. 
SO2, NO2, H2O, NH3 and organics) are added. It is alsó possible to use ambient 
air "purified of particulate matter. The chamber may be illuminated to initiate 
photochemical processes, and the behavior of particles formed is studied by the 
methods outlined in Subsection 2.1.2, e.g. by electrical mobility analyzers 
(Whitby et al., 1972).

An important result from aerosol chamber studies was the discovery of 
Bricard et al. (1968) who found that intense aerosol partiele production can 
be observed in the chamber in the dark if ambient filtered air is sampled from 
a sunlit atmosphere. It is assumed that in the atmosphere somé gaseous sub
stance is excited by sunlight and is nőt collected by the filter used to obtain air 
that is free of aerosol particles. In the chamber these photochemically excited 
molecules initiate secondary thermal reactions leading to the formation of somé 
supersaturated vapor (e.g. H2SO4) which subsequently condenses.

It was alsó demonstrated by aerosol chamber investigations that the behavior 
of particles formed by condensation varies as a function of time. Figure 2.3 
reproduces schematically the change in partiele number (N), partiele surface 
(A) and partiele volume (V) according to Friedlander (1978). The curves are 
based on irradiation chamber experiments by Húsár and Whitby (1973) and 
three separate domains are identified. In domain I the formation of new par
ticles is the dominant process. In this stage the number, surface and volume of 
particles steadily increase. With increase in partiele number (domain II), coag- 
ulation becomes more and more important (see Subsection 2.1.2). When the N 
curve has a maximum the coagulation loss just balances the partiele formation 
rate. In domain III coagulation and condensation of the vapor on existing 
particles are the dominant processes. The number concentration decreases in 
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this time interval, while partiele volume further increases. The value of the 
surface area remains approximately constant.

In the atmosphere, a good example of the above partiele formation is the 
production of sulfate and nitráté particles from gaseous precursors. In Con
tinental air sulfate and nitráté particles come intő being from sulfur dioxide and 
nitrogén oxides emitted intő the atmosphere mostly by different pollution 
sources (e.g. combustion of fossil fuels). The oxidation of SO2 and NOX is due 
to the presence of hydroxyl radicals (OH) formed by photochemical processes

Fig. 2,3
Aerosol formation in an irradiated chamber (Friedlander, 1978). N: partiele number; V: 

volume of particles; A: totál partiele surface. (By courtesy of Pergamen Press)

followed by thermal Chemical reactions (Logan et al., 1981). The oxidation of 
the gases mentioned is controlled by the following reaction steps (Calvert et 
al., 1985):

OH + SO2 (+M) -> HSO3 (+M)

OH + NO2 ( + M) HNO3 (+M) 

HSO3 + O2 —* HO2 + SO3 

so3+h2o -► H2SO4

The end products of these gas-phase reactions are sulfuric and nitric acid vapor. 
Sulfuric acid vapor condenses in the air by bimolecular condensation (H,0 
molecules alsó take part in the phase transition), while an important part of 
HNO, remains in vapor phase owing to its high saturation pressure (Mirabel 
and Jaecker-Voirol, 1988). In the ease of HNO3, condensation is promoted 
by exisling aerosol particles which serve as nuclei fór the phase transition (fór 
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further details see e.g. Kiang et al., 1973 and Cox, 1974). The acidic solution 
droplets formed in this way are neutralized by biogenic NH3 if this gas is 
available in the atmosphere.

Concerning the sources and natúré of precursor gases under clean tropo
spheric conditions it was first believed that hydrogen suliidé is the only biogenic 
sulfur gas of any significance. However, results of more recent research indicate 
that H2S is oxidized very rapidly in the óceán water (Andreae, 1986), and 
consequently cannot be released intő the air. Many papers suggest (Nguyen et 
al., 1983; Bigg et al., 1984; Andreae, 1986; Andreae and Andreae, 1988) that 
dimethyl suliidé (DMS) of oceanic origin plays an important role in sulfate 
partiele formation. The studies mentioned show that DMS emission is due to 
microbiological processes in the óceán. A recent work of Fall et al., (1988) 
demonstrates that the major gas emitted from different terrestrial plants is alsó 
DMS. According to the estimate of Andreae and Andreae (1988) the oceanic 
emission of DMS is 1 Tmol yr-1, while the magnitude of the biogenic Continen
tal emission is 0.1 Tmol yr-1.

In the atmosphere a certain part of DMS molecules is converted to SO2 and 
consequently to sulfate particles. Another part of DMS produces first meth- 
anesulfonic acid and numerous other compounds. The reactions are initiated by 
OH and NO3 radicals (Grosjean and Lewis, 1982; Toon et al., 1987). Meth- 
anesulfonic acid was detected in aerosol samples collected in clean maritime 
atmosphere (Saltzman et al., 1983, Ayers et al., 1986) and alsó in samples from 
Antarctic ice (Saigne and Legrand, 1987).

On the other hand, Legrand and Delmas (1986) assumed on the basis of the 
results of their Antarctic snow analyses that lightning at tropical and/or mid 
latitudes is the most pro bable source of Antarctic nitráté. In other words this 
means that the combination of atmospheric O2 and N2 at high temperatures 
produced by lightning strokes constitutes the main global source of nitrogen- 
containing precursor gases.

It is further assumed that the sulfate aerosol layer in the stratosphere (see 
later) is due to sulfur-bearing gases like carbon disulfide and carbonyl suliidé 
(Turco, 1982) mostly of biogenic origin. However, during volcanic eruptions 
a large amount of SO2 is injected intő the stratosphere (Berresheim and 
Jaeschke, 1983) which is converted intő aerosol (Keeser and Castleman, 1982).

There is a considerable body of evidence suggesting that small organic par
ticles are alsó formed by gas-to-partiele conversion (Duce, 1978). Under un- 
polluted conditions this partiele formation is due to the release of natural 
hydrocarbons from vegetation. In agreement with the original idea of Went 
(1966), Lopez et al., (1984) assumed that different pinenes, emitted by pine 
forests, play an important part in the process. Further, natural forest, brush and 
grass fires alsó provide an important atmospheric aerosol partiele source (see 
Cadle, 1973). In urban and industrial environments the cooling of vapors with 
low saturation pressure, released during combustion, produces a large quantity 
of aerosol particles composed mainly of carbonaceous materials. These process
es are essential in particular since on the surface of elemental carbon (soot)
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particles formed by condensation, adsorbed SO2 molecules can be converted to 
sulfuric acid as discussed by Novakov (1984).

A special case of the production of particulate matter by gas-to-particle 
conversion is provided by the irreversible transformation of trace gases in cloud 
and fog droplets. A good example of this process is the formation of sulfate from 
gaseous sulfur dioxide absorbed by cloud/fog elements. It is well documented 
(Penkett et aL, 1979b) that the oxidation of SO2 to form sulfate ions proceeds 
through the action of oxidizing agents like özöne and hydrogen peroxide formed 
by Chemical reactions in the atmosphere (see Logan et a!., 1981). Laboratory 
experiments (summarized by Beilke, 1985) show that at low pH values of cloud 
water (pH < 5.5), occurring under atmospheric conditions, the oxidation of SO2 
by H2O2 is much more effective than the transformation due to özöne mole
cules. O2 may alsó be important in oxidation processes if catalyzed by active 
sites on soot or by transition metals (Jacob and Hoffmann, 1983), at least under 
more polluted conditions. If NH3 is alsó absorbed, the sulfuric acid present is 
transformed intő ammonium sulfate. When the cloud/fog partially or totally 
evaporates1, ammonium sulfate becomes airborne as demonstrated by the 
atmospheric observations of Hegg et al. (1980).

1 In the case of precipitation from the cloud, ammonium sulfate is removed from the air (see 
Section 2.6).

The formation rate of small Aitken particles in the troposphere was estimated 
by Lopez et al. (1974) on the basis of their aircraft measurements carried out 
over Southwest Francé. They argued that in an air column with a base area of 
1 cm2, 3 x 104 particles are formed each second. A quarter of this quantity is 
due to humán activity. In a more recent paper, Bigg and Turvey (1978) assume 
that the natural partiele production rate is only 170 cm s^1, by two orders 
of magnitude smaller than the above estimate. Bigg and Turvey establish this 
rate by using the results of their observations, carried out over Australia, 
together with an acceptable residence timeof 3 x 105 s. Itfollows from this figure 
that the totál Australian source strength is about 1019 s-1. This may be com- 
pared with the totál partiele flux of4 x 1019 s-1 produced by only one industrial 
area (Perth) which exceeds the global natural emission of the continent! The 
present author feels that the natural production rate proposed by Lopez et al. 
(1974) is too high, while Bigg and Turvey’s value is too low, at least fór the 
European continent. Thus, according to Selezneva (1966), who made a large 
number of aircraft measurements over the European part of Soviet Union, the 
partiele number is 6 x 108 cm-2 in a tropospheric air column. Using a residence 
time of 3x 105 s, an acceptable production rate of 2x 103cm~2 s~* is cal
culated.

2.2.3 Other sources

Beside the major aerosol formation mechanisms discussed in the previous 
section other sources alsó produce atmospheric particles. The strength of these 
sources can be neglected on the global scale. However, the effect of particles 
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formed in these ways may be important under special conditions. Fór this 
reason these sources are briefly enumerated in this subsection.

First of all volcanic activity must be mentioned; it introduces both gases and 
particles intő the atmosphere. The particles play an important temporary role 
in the control of atmospheric optical properties (Mendonca et al., 1978) and 
radiation balance (see Chapter 5). The partiele production by volcanic activity 
was studied in detail after eruptions of Mt. St. Helens (Washington, USA) in 
1980 and El Chichón (Southern Mexico) in 1982. These studies demonstrate 
that two sorts of volcanic particles can be identified. Ash constitutes the first 
category, while the second eláss comprises the population of sulfate particles 
formed, mostly in the stratosphere1, by gas-to-partiele conversion discussed in 
the last subsection. Hobbs et al. (1981) found that the ash emissions from Mt. 
St. Helens were more than 1000 times greater than those in the ambient air. 
Farlow et al. (1981) reported that ash grains were composed mostly of different 
glasses. On the other hand, the observations of Hofmann and Rosen (1983) 
showed that after the eruptions of El Chichón 107 t of sulfuric acid entered the 
stratosphere, which is 40 times more than the quantity observed after the 
eruptions of Mt. St. Helens. While ash particles larger than about 0.1 pm fali 
relatively quickly out of the atmosphere, small sulfate particles remain in the 
stratosphere fór at least one year.

1 Volcanic clouds can reach high altitudes. Thus. the cloud of El Chichón spread to about 32 km.

Another special eláss of particles is meteoritic dúst of cosmic origin. Smaller 
meteoritic particles (r < 1 pm) can reach the lower layers of the atmosphere 
without significant modifications. However, larger meteorites falling through 
the atmosphere partly or totally evaporate as a result of frictional heating. It 
is alsó possible that meteoric smoke is generated in meteor trails as proposed 
by Hunten et al. (1980). In spite of the fact that spherical droplets from 
condensation of the vapor formed by the evaporation of meteors can be iden
tified in the troposphere (e.g. Wirth and Prodi, 1972), meteoritic particles can 
be found generally above 20 km (see Inn et al., 1982). Petterson estimates (see 
Cadle, 1973) that 14 Tg of meteoritic matéria! are collected annually by the 
atmosphere of our plánét. The meteorological role of these particles is nőt too 
important. However, they play a part in the formation of noctilucent clouds in 
the mesosphere. Moreover, Bowen assumed (see Fletcher, 1962) that meteo
ritic dúst particles may serve as ice-forming nuelei in clouds, bút this theory is 
far from being generally accepted by cloud physicists.

Finally, many viruses, bacteria, pollens and spores can be found in the lower 
atmosphere. The size of viruses and bacteria is small, while the pollens and 
spores are in the giant size rangé. According to A. Mészáros (1977), on an 
average 20% of the giant particles in clean Continental air are composed of 
pollen and spores during the appropriate seasons. The biological importance of 
these airborne materials is obvious.
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2.2.4 Comparison of the strength of different aerosol sources

The strength of various natural and anthropogenic aerosol sources is tabulated 
in Table 2.1 (SMIC, 1971; Prospero, 1984). The precision of the estimates is 
represented by the intervals given. Fór further details, the interested reader is 
referred to the original works.

Table 2.1
Formation rate of atmospheric aerosol particles in Tg yr-1 units. (By courtesy of MIT Press)

Reference SMIC (1971)
<20 pm

Prospero 
(1984)

Natural aerosol sources
Soil and rock debris* 100-500 60-360
Forest fires and slash-buming* 3-150 —
Sea salt (300) 1000-2000
Volcanic debris 25-150 4-90
Particles formed from gases 

Sulfate 130-200 40-400
Ammonium salts from NH3 80-270 —
Nitráté from NOS 60-430 60-620
Hydrocarbons from plants 75-200 75-1100

Subtotal 773-2200 1239-4570

Man-made aerosol sources 
Particles (direct emission) 10-90 6-100
Particles formed from gases 

Sulfate from SO2 130-200 100200
Nitráté from NO, 30-35 23-35
Hydrocarbons 15-90 15-27

Subtotal 185-415 144-362
Totál 958-2615 1383-4932

Note: Asterisk denotes unknown amounts of indirect man-made contributions. The parenthesis in 
the case of sea salt (SMIC) means that only particles transported over long distances are 
taken intő account.

The most important fact emerging from the data given is the ratio of the 
intensity of anthropogenic sources to the strength of natural production mech- 
anisms. It can be seen that on a mass basis emission by natural sources exceeds 
anthropogenic production by a factor of 5-14. The other essential thing shown 
by the table is the importance of gas-to-particle conversion in the formation of 
aerosol particles. The fraction of particles formed by gaseous reactions is 
particularly significant in the case of man-made emissions.
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2.3 Concentration and size distribution of atmospheric aerosol 
particles

2.3.1 Concentration and vertical distribution of Aitken particles

In this subsection we will discuss the number concentration of all particles, 
which is partically equivalent to the number of Aitken particles (see Subsection 
2.1.2). All values discussed in the following were obtained using expansion 
chambers.

The early results of partiele concentration measurements carried out under 
different conditions were compiled by Landsberg (see Junge, 1963). Somé of 
his data are reproduced in Table 2.2. The figures tabulated make it evident that 
the majority of particles are of Continental origin. It is alsó obvious that man’s 
activity plays an important role in partiele production. Furthermore, one can 
see from Table 2.2 that the number concentration of atmospheric aerosol 
particles decreases with increasing height.

Observations carried out during the last decades demonstrated that in remote 
oceanic and Continental areas smaller concentrations can be measured than

Table 2.2
Average concentration of Aitken particles under various conditions 

according to Landsberg (see Junge, 1963). (By courtesy of 
Academic Press)

Location Number of 
observations

Average concen
tration cm-3

Cities 2500 147 000
Towns 4700 34 300
Country 3500 9 500
Sea shore 7700 9 500
Mountains

500-1000 m 870 6 000
1000-2000 m 1000 2 130
above 2000 m 190 950

Islands 480 9 200
Oceans 600 940

those listed in the table. Thus, according to Junge and Jaenicke (1971), over 
the northern Atlantic Óceán the concentration is 600cm”3 on an average. 
Hogan et al. (1973) suggest that lowest concentrations in the surface air over 
the North Atlantic can be measured between 20°-25° N and 30*-50° W. Over 
this area the mean value is only about 300cm-3. In clean oceanic air of the 
Southern Hemisphere a lower average concentration (~400cm'3) can be 
detected (A. Mészáros and Vissy, 1974) than the value reported by Junge and 
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Jaenicke (1971). Moreover, according to information published by Japanese 
workers (Ohta and Ito, 1974), concentrations are generally between 
150-200 cm-3 over the Pacific Óceán. The long-term mean of Aitken partiele 
concentration at American Samoa (alsó in the Pacific óceán) is 274 cm "3 
(Bodhaine and DeLuisi, 1985) which is in a good agreement with the average 
value (300cm"3) measured in extremely clean air at Cape Grim (Tasmania, 
Australia) (Heitzenberg, 1984). The results obtained by Hogan and Bernard 
(1978) over Antarctica demonstrate that the concentration is less than 50 cm-3 
in wintertime. This finding was recently confirmed by Bodhaine et al. (1986) 
who report monthly average values of about 10 cm"3 in Antarctic winter. 
Further, Gras and Adriaansen (1985) found in Antarctic air during wintertime 
weekly médián concentrations of a few tens of particles per cm3. According to 
several authors (Hogan and Bernard, 1978; Ito, 1985; Bodhaine et al., 1986) 
during Antarctic summer the number of aerosol particles is around 200 cm"3, 
while others (Gras and Adriaansen, 1985) publish somewhat higher concentra
tions (300-400 cm"3).

It follows from the data presented that in remote air of the Southern Hemi- 
sphere the concentration of Aitken particles is rather homogeneous. Except in 
austral winter over Antarctica, the partiele number is around 200-300 cm"3. 
However, in the Northern Hemisphere the situation is much more complicated 
owing to anthropogenic pollution sources. Even under Arctic conditions during 
laté winter and early spring a haze layer (called Arctic haze, discovered by 
Chemical measurements, see 2.4.2) of anthropogenic origin can be observed. 
Within this layer the Aitken partiele concentration is typically 800-1000 cm"3, 
while in clean air without pollution effects it varies between 50 and 100 cm"3 
(Schnell, 1984). In summer the concentrations measured in Arctic regions 
(Jaenicke and Schütz, 1982) are rather similar to those observed in Antarctic 
areas.

It is questionable whether the higher values reported fór the Northern Atlan
tic Óceán are alsó caused by anthropogenic pollutant emissions. Unfortunately, 
it is very difficult to answer this important question, since we have no suitable 
homogeneous data sets to estimate possible secular concentration trends. How
ever, somé information is available concerning variations in the electrical mobil- 
ity of the air over different oceans. These data show (Cobb and Wells, 1970) 
that electrical mobility of the surface air over the northern part of the Atlantic 
Óceán decreased by a factor of 2 during the first 70 years of this century. In 
contrast this electrical paraméter remained constant over the Southern regions 
of the Pacific Óceán. Taking intő account the relation between electrical mobil
ity and aerosol partiele concentration this finding suggests that the partiele 
number concentration doubled during this century in remote areas of the 
Northern Hemisphere.

The vertical profile of aerosol partiele concentration in the troposphere was 
widely studied by Soviet research workers. A great number of data obtained by 
aircraft flights is reviewed by Selezneva (1966). Her compilation indicates that 
on the average the concentration drops to one-fourth of its ground level value 
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at an attitűdé of 900 m on an average, and that above 3000-4000 m the partiele 
number becomes constant. Selezneva assumes that this vertical distribution is 
mostly controlled by atmospheric exchange and partiele coagulation (flights 
were made generally under weather situations without precipitation). In Fig. 2.4 
the average results at 3000 m altitude are plotted. One can see that concentra
tions increase with increasing Continental source density. It can alsó be seen that 
the concentrations measured at this altitude agree well with those reported fór 
remote oceanic surface air (see above). This means that, except the first few 
kilometers above the continents, the troposphere is fiiled with aerosol particles 
at the same concentration. Disregarding sea salt particles of small number 
concentration, the composition of this aerosol, termed the tropospheric back
ground aerosol (Junge, 1963), is alsó independent of piacé and time (see Section 
2.4).

Spatial distribution of the concentration of the Aitken particles at 3000 m over the European 
part of the USSR (Selezneva, 1966). (By courtesy of Tellus)

The concentration of aerosol particles in the stratosphere was firstly measured 
by Junge (1963) by balloon flights over the Central part of the USA. He found 
(see Fig. 2.5) that the number of aerosol particles, in agreement with the Soviet 
data discussed above, does nőt change with altitude in the upper troposphere. 
This constant concentration is around 300cm-3. Above the tropopause the 
concentration rapidly decreases with increasing height. Since the character of 
the vertical profile plotted in Fig. 2.5 was confirmed by several workers (e.g. 
Káselau et al., 1974; Podzimek et al., 1977), it can be considered acceptable 
fór use in further studies. On the basis of the stratospheric concentration 
distribution, it is believed that particles in this atmospheric domain may be of 
tropospheric origin. However, it is alsó possible that stratospheric Aitken

34



Fig. 2.5
Vertical profile of Aitken particles in the upper troposphere and stratosphere (1) under ambient 

conditions; (2) at standard temperature and pressure; both according to Junge, (1963); and 
(3) in the lower troposphere according to Weickmann (1957). (By courtesy of Academic Press)

particles, formed in situ by gaseous reactions, coagulate to create the strato
spheric aerosol layer consisting of large particles.

The vertical profile of the concentration of Aitken particles in the lower 
troposphere over Antarctica was recently studied by Hogan (1986) and Ito et 
al. (1986). Hogan’s observations indicate an aerosol decrease of 25 particles 
cm-3 km-1. In contrast to this finding the vertical profile in Arctic haze was 
found to be more complicated as a function of the haze structure (Schnell 
1984).

2.3.2 The size distribution

Since the size of atmospheric particles covers several orders of magnitude (see 
Subsection 2.1.1) the concentration alone is nőt sufficient to characterize atmo
spheric particles. Fór more complete aerosol characterization the size distribu
tion function must be used, which is defined as follows (Fuchs, 1964):

1 áN
N dT w W

where N is the totál number concentration while áN is the same paraméter fór 
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particles with radii between r and r+dr. It follows from Eq. (2.7) that
00

f f(r) dr = 1 (2.8)
o

It is obvious that a similar size distribution function can be given fór the surface, 
volume and mass of aerosol particles. Thus, e.g. the volume concentration 
(aerosol volume per unit volume of air) is distributed according to partiele 
radius in the following way:

1 dK
- - - FW (2.9)

with the condition
00

jF(r)dr=l (2.10)
o

Of course, the number size distribution may be converted to volume size 
distribution, given an assumed partiele shape. Furthermore, by using a constant 
partiele density the size distribution of partiele mass can be calculated from Eq. 
(2.9) by a simple calculation.

It is customary, in the interconversion of these distribution functions, to 
assume that the particles are spherical; this simplifies the mathematics, bút is 
somewhat questionable physically. The method of measurement determines the 
natúré of the reported radii of these hypothetical spheres; e.g. in the case of 
microscopic sizing, the so-called “surface radius” is obtained, which is the radius 
of a circle having the same surface area as the orthogonal projection of the 
partidé.

On the basis of his atmospheric impactor measurements Junge (1963) 
proposed a power law to deseribe the size distribution of large and giant 
particles:

(2.11)

where C\ and fi are constants. Considering the broad rangé of partiele size, Eq. 
(2.11) is best rewritten in the following form:

In this formula C2 is a function of concentration, while gives the slope of the 
distribution curve. According to Junge (1963), fi is about 3 under Continental 
conditions.

More récéntly, Whitby (1978) has analyzed the results of much more nume
rous size distribution observations carried out mainly by his group, using a 
combination of expansion chamber, electrical mobility and optical counter 
techniques. This analysis clearly shows that the complete size distribution is
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Fig. 2.6
Number size distribution of aerosol particles under urban conditions according to Whitby 

(1978). N: number of particles; dp: diameter of particles; Kt: totál volume concentration; r. 
correlation coefficient between power law given in the figure and experimental data. (By 

courtesy of Pergamon Press)

composed of three separate log-normal distributions as demonstrated in Fig. 
2.6. Whitby assumes that the first distribution, the nuclei mode, is controlled 
by the condensation of vapor (predominantly H2SO4) formed by Chemical 
reactions. Thus, the concentration of these small particles was found to be very 
significant in the irradiated, polluted atmosphere. On the other hand, the 
so-called accumulation mode is due to the coagulation of primary particles or 
to the vapor condensation on secondary particles formed by coagulation or on 
existing aerosol particles. It follows from this idea that the accumulation mode 
is a consequence of aging of the primary aerosol. In the air far from gaseous 
sources the nucleation mode may well be partly or totally missing. The third 
log-normal distribution consists of particles formed mostly by mechanical 
disintegration of the matéria! of the Earth’s surface. This is the coarse partiele
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Fig. 2.7
Size distribution of the volume of aerosol particles (solid line) according to Whitby (1978). 

Dotted line corresponds to the power law of Fig. 2.6. V: partiele volune; n: nuelei mode; 
a: accumulation mode; c: coarse partiele mode; dpGV: geometric volume mean size. (By courtesy 

of Pergamon Press)

mode, which is independent of the first two distributions. Fór this reason the 
Chemical composition of the coarse particles is different from the composition 
of the smaller particles (see later), called “fine” particles.

To gain further insight intő the character of partiele size distribution, the 
volume distribution calculated from the curve of Fig. 2.6 is alsó presented in 
Fig. 2.7. It can be seen that on a volume basis the nuelei mode, which determines 
the partiele number, cannot be identified owing to the small size of the primary 
particles. One can alsó see that a large fraction of the aerosol mass is found in 
the rangé of coarse particles. However, the mass of particles in the accumulation 
mode is alsó significant. In our case the partiele volume in the two modes is 
nearly the same. Generally speaking, 2/3 of the totál mass is in the coarse and 
1/3 in the accumulation mode. Finally, Figs 2.6 and 2.7 show that, while the 
number size distribution of large and giant particles can be well approximated 
by the power law, Junoe’s formula is very poor fór characterizing the volume 
distribution. In other words this means that minor deviations from the power 
law in the number distribution cause significant deviations in the volume distri
bution.

It should be mentioned that the size distributions presented in Figs 2.6 and 
2.7 are typical of a polluted atmosphere. To gain further insight intő the 
tropospheric aerosol structure let us consider Fig. 2.8. These average size 
distributions were measured by A. Mészáros under various conditions by using 
the membráné filter technique. Particles were counted and sized in the radius 
rangé of 0.03 64 pm by optical and eleetron microscopy. In the figure the totál 
concentration of these particles is alsó shown. Curve 1 was observed near 
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Budapest, Hungary in a locally polluted atmosphere (A. Mészáros, 1977), while 
spectrum 2 refers to rural air alsó in Hungary. Curve 3 represents the size 
distribution of atmospheric aerosol particles obtained over the oceans of the 
Southern Hemisphere (the curve does nőt contain the distribution of sea salt 
particles dicussed later). Finally, curve 4 is the size distribution of large and 
giant particles observed at an altitude of 3 km above inversion layers over 
Central Europe (A. Mészáros, 1969). It can be seen by comparing these size 
distributions that the aerosol structure varies considerably as a function of the 
pollution of the piacé considered. The difference between curve 1 and 3 is 
particularly great in the rangé of smaller particles. The coarse mode is alsó 
evident in distributions 1 and 2. The concentration of coarse (or giant) particles 
is 0.40 and 0.12 cm-3, respectively. Unfortunately, when distribution 4 was 
measured, only optical microscopic evaluation was made. However, com
parison of curves 3 and 4 shows that the distribution of large and giant particles 
at an altitude of 3 km over continents practically coincides with the spectrum

Fig. 2.8
Size distribution of atmospheric aerosol particles under various conditions. (1): urban; (2): 

Continental; (3): troposphcric background; (4): Continental at 3000 m above invcrsions; N: totál 
number of particles with radius larger than 0.03 pm. (Data of A. Mészáros)
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of aerosol particles measured in remote oceanic areas without the sea salt 
component. This fact alsó supports the concept of a tropospheric background 
aerosol.

It can alsó be seen that the maximum of distribution 3, referring to back
ground conditions, occurs around 0.1 pm radius, a value in the rangé of the 
accumulation mode. It should be mentioned that the form of this spectrum 
agrees fairly well with the distributions found by other workers over the North 
Atlantic (Junge and Jaenicke, 1971; Tymen et al., 1975) and over other remote 
areas (Bigg, 1980) like Alaska, Hawaii, Tasmania and Antarctica. However, the 
maximum of the distribution over the Northern Hemisphere is shifted to smaller 
sizes probably as a result of indirect anthropogenic effects.

On this point, Junge and Jaenicke (1971) identified, by the diffusion channel 
technique, another maximum in the aerosol partiele spectrum below 0.01 pm, 
which proves the presence of primary particles formed by reaction and subse- 
quent condensation (nuclei mode). This finding is supported by data of Haaf 
and Jaenicke (1980) gained on sunny days during a North Atlantic expedition. 
Such measurements were nőt performed by A. Mészáros and Vissy (1974). 
However, comparison between the concentration of particles with radii larger 
than 0.03 pm and the totál partiele concentration (s400 cm-3) makes evident 
the presence of the nuclei mode even over the Southern Hemisphere. This 
assumption is confirmed by recent observations carried out by Ito (1985) in 
clean air over Antarctica. He found that while in the polar night months the size 
distribution of submicrometer particles is monomodal (with a maximum at a 
radius of 0.03 pm), in the sunlit months the aerosol spectrum is bimodal, having 
another mode at around 0.005 pm. Again, in Arctic areas the situation is more 
complicated. In winter the size distribution depends upon the type of air masses, 
as shown by the aerosol observations of Shaw (1985), made in Central Alaska. 
According to this work, the size distribution during winter months is similar to 
curve 3 in Fig. 2.8 when the sampling is made in Pacific maríné air masses. 
However, in Arctic air (Arctic haze) the mean size is about 5 times larger and 
the mass concentration is by an order of magnitude greater than during intru- 
sions of warm Pacific air. Arctic haze is composed of an aged polluted Continent
al aerosol coming from Eurasia, as the analysis of meteorological conditions 
indicates (Raatz, 1985).

In the upper troposphere the size distribution of large and giant particles was 
investigated by Soviet (Kondratyev et al., 1969) and American (Blifford, 
1970) researchers. Particles were collected by impactors in both cases. Figure 
2.9 shows Blifford’s size distributions fór different altitudes, obtained over 
Nebraska, USA. An interesting feature emerging from the distributions pres
ented is the decrease in the steepness of the slope in the distributions (that is, 
the value of [i in Eq. (2.12) decreases). It is very difficult to explain this 
peculiarity of aerosol behavior. However, it is believed that the removal of 
aerosol particles by cloud elements (Section 2.6) plays an important role in 
control of the size distribution of aerosol particles in the troposphere.

The first model size distribution of stratospheric aerosol particles was con-
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Size distribution of large and giant particles at various altitudes (Bufford, 1970). (Copyright by 
the American Geophysical Union)

structed by Friend (1966) on the basis of Information available at that time. 
He postulated that the spectrum has two modes, one in the rangé of Aitken 
particles and the second around 0.3 pm partiele radius. However, according to 
the results of the measurements of Bigg (1976) the distribution has its maximum 
at a smaller size. It is very probable that the actual size spectrum varies as a 
function of time and location of volcanic activity (Subsection 2.4.3) as it is 
shown by measurements carried out more recently (Inn et al., 1982).
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2.3.3 Concentration and vertical profile of large and giant particles

A vertical profile of the concentration of large and giant particles was construc- 
ted on the basis of two profiles by Blifford (1970), measured over California. 
Blifford’s vertical distributions are based on the results of 12 flights. His two 
curves were averaged and smoothed. The resulting curve is plotted as Fig. 2.10. 
It can be seen that the shape of the vertical profile of large and giant particles 
in the troposphere is practically the same as that of Aitken particles (see alsó 
Fig. 2.5). In the lower troposphere the concentration decreases with increasing 
height, while in the upper troposphere a practically constant concentration of 
1-2cm-3 is found.

The stratospheric profile of the concentration of large and giant aerosol 
particles was first studied by Junge and his co-workers (see Junge, 1963) by 
means of impactors lifted by balloons and aircraft. These studies demonstrated 
that between 15-20 km a concentration maximum can be observed. This finding 
is very interesting in view of the fact that the profile of Aitken particles showed 
no such maximum at that time (around 1960). It was alsó shown by measure
ments (see Subsection 2.4.3) that these large particles are composed of sulfates 
apparently formed in situ from gaseous sulfur compounds.

Since its discovery the existence of stratospheric aerosol layer have been 
proved by many investigators (e.g. Mossop, 1965; Friend, 1966; Kondratyev 
et al., 1969; Hofmann and Rosen, 1981; Ito et al., 1986). The observations

Fig. 2.10
Vertical distribution of the concentration of large particles according to Blifford (1970). 
H: height; N: number concentration. (Copyright by the American Gcophysical Union)
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made with a light scattering counter by Ito et al. (1986) show that the strato
spheric concentration of aerosol particles with radii larger than 0.15 pm over 
Antarctica may be as great as 15 cm-3, whereas upper tropospheric concentra
tions are around lem-3, in agreement with Blifford (1970). However, the 
vertical profile of the concentration of large and giant particles was found by 
the Japanese workers mentioned to be rather time-dependent.

The stratospheric aerosol layer was first identified by means of lidar observa
tions in 1964 and 1965 (Grams and Fiocco, 1967) after the emission of Agung 
volcano (Indonesia) in 1963. On the other hand, the measurement of stratospher
ic particles by using satellite-borne Instruments was started in 1978 on Nimbus 7 
(McCormick et al., 1981). The instrument was designed to measure extinction 
caused by stratospheric particles in the 1.0 pm wavelength region. Figure 2.11 
represents the vertical profile of the aerosol extinction measured by spacecraft 
by McCormick and his associates (Inn et al., 1982) under normál and volcani-

Fig. 2.11
The vertical profile of aerosol extinction with (b) and without (a) the effect of volcanic activity 

(Inn et al.. 1982). (By courtesy of Springer-Verlag)

cally active conditions. The results plotted in Fig. 2.116 were obtained in the 
stratosphere influenced by the matéria! injections from the Soufriére volcano 
(St. Vincent: 13.3° N, 61.2° W). In Fig. 2.116 an extinction maximum at 20.4 km 
can be seen, which is approximately four times greater than the appropriate 
value in Fig. 2.11a. Finally, stratospheric aerosol observations from Earth- 
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orbiting spacecraft are very promising since this procedure increases consider- 
ably the opportunities fór measurements at different locations and times. Thus, 
the two-dimensional aerosol distribution can alsó be determined by satellite 
observations as discussed by Inn et al. (1982).

2.4 Chemical composition of atmospheric aerosol particles

2.4.1 The main methods of identification

Effects of the atmospheric aerosol depend nőt only on the concentration and 
size bút alsó on the Chemical composition of particles. Fór this reason the study 
of the Chemical natúré of particulate matter in the atmosphere is of crucial 
importance. This study is rather complicated because of the small mass and 
concentration of the particles. Furthermore, due to coagulation, condensation 
and gas adsorption processes, one partiele can contain several different ma- 
terials, that is, the aerosol is internally mixed1 (fór further details see Jaenicke, 
1978a).

1 By contrast, an external mixture contains particles, each of which is composed of a pure 
substance.

2 Individual aerosol particles can alsó be characterized by up-to-date physical methods. The 
reader interested in these proccdures is referred to Spurny (1986).

There are at least four different classes of methods of identifying the Chemical 
natúré of particles in the atmosphere. In the first three classes, particles are 
captured from the air, and the composition of the sample is subsequently 
determined. The first procedure (Lodge, 1962) consists of the collection of 
particles on a substrate sensitized chemically before (e.g. gelatin layers) or after 
(e.g. membráné filters) the sampling. The reaction spots produced by each 
partiele can be studied individually under a microscope. This is called a single 
partiele method2. In the second procedure (búik analysis, see Lodge, 1962) 
particles are collected on chemically inért impactor slides or filters. The samples 
are washed off the substrate by appropriate solvents and the solution obtained 
is analyzed by standard wet chemistry. Although the Chemical natúré of in- 
dividual particles is missed in this way, búik analysis can determine the com
position of very small internally mixed particles. Despite the fact that size 
information is lost when the particles are dissolved the size distribution can be 
estimated by separating particles according to their size during sampling, e.g. 
by cascade impactors and suitable filters (see Finlayson-Pitts and Pitts, 1986).

Modern búik analysis methods make possible non-destructive Chemical iden
tification, which means that the sample remains intact after analysis. Such a 
procedure is provided by eleetron microprobe or X-ray fluorescence analyses, 
in which the sample is irradiated by eleetron beams or X-rays and the elemental 
composition is determined on the basis of induced characteristic X-ray emis- 
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sions. These methods have been successfully employed to study both strato
spheric (Junge, 1963) and tropospheric (Gillette and Blifford, 1971) aerosol 
particles. In the last decade many aerosol studies (see e.g. Winchester, 1981) 
have been carried out by means of the proton-induced X-ray emission (PIXE) 
method first applied by Johansson et al. (1975). Neutron activation analysis is 
alsó widely used to identify the Chemical composition of atmospheric particulate 
matter (e.g. Duce et al., 1966; Rahn et al., 1971); this is alsó a non-destructive 
procedure.

The third major eláss of analytical techniques may be called morphological 
methods. This identification consists of comparing the form of particles cap- 
tured with the morphology of particles of known composition. Morphological 
similarity is a necessary bút nőt always sufficient condition fór compositional 
identity. In spite of this problem this procedure is widely employed mainly in 
clean atmosphere, since even Aitken particles can be identified morphologically 
(A. Mészáros and Vissy, 1974; Bútor, 1976; Parungo et al., 1986).

In the fourth type of identification the Chemical composition of particles is 
studied in situ. By suitable Chemical aerosol Instruments the concentration and 
the size distribution of certain elements can be continuously monitored. The 
fiamé photometry of sodium-containing particles (e.g. Hobbs, 1971) is a good 
example fór such a method. Fiamé photometric detectors have alsó been de- 
veloped to measure aerosol sulfur in the atmosphere (e.g. Kittelson et al., 
1978).

2.4.2 Chemical composition of tropospheric aerosols

The Chemical composition of aerosol particles in the troposphere results from 
the interaction of many formation and dynamic (e.g. coagulation) processes. 
Fór this reason particles are often composed of several materials and the 
composition varies as a function of time and location. The natúré of particulate 
matter is complicated in particular under locally polluted urban conditions. 
However, it is nőt intended here to discuss the Chemical composition of aerosol 
particles in polluted atmosphere1. Our aim is to present the Chemical com
position of the so-called background aerosol influencing the cloud formation 
as well as solar and terrestrial radiation transfer in the atmosphere on a larger 
scale. Thus, we will deal with aerosol compositions referring to régiónál (rural), 
Continental and global scales. As we will see the major part of tropospheric 
background aerosol consists of water-soluble substances. Fór this reason we 
begin the present section with the discussion of the water-soluble part of 
atmospheric particulate matter important fór cloud droplet formation as we will 
see in the next chapter.

1 The interested reader is referred to the review of Corn (1976) and to the book of Finlayson 
Pitts and Pitts (1986).

The investigation of the composition of water-soluble particles started with 
the classical measurements of Junge (1963), who collected particles with a 

45



two-stage cascade impactor, the two stages corresponded to the large and giant 
size rangé, respectively. Samples were washed off the collecting surface with a 
small quantity of distilled water, and the ions dissolved were analyzed by 
microchemical methods (búik analysis). Measurements were carried out in 
Continental air (Frankfurt, FRG) as well as under maritime conditions in 
eastern USA, Florida and Hawaii. The results indicate that in the large size 
rangé water-soluble species consist of ammonium and sulfate and their mass 
ratio practically coincides with the stoichiometric ratio of SO^- to NH4 in 
ammonium sulfate. In the size rangé of giant particles over maritime areas 
chloride and sodium predominate. The major part of nitráté ions is found in 
the giant size rangé because of the interaction of gaseous NOX and sea salt 
particles1. The concentration of chloride ions increases, while the sulfate level 
decreases in the direction of more maritime environments. However, in the giant 
rangé relatively high sulfate concentrations can be detected even under oceanic 
conditions owing to the sulfate fraction of sea salt.

1 During this process sodium nitráté is formed with the liberation of gaseous hydrochloric acid.

Table 2.3
Size distribution of the mass of various ions in 

percentage of the totál mass of the ion 
considered (E. Mészáros, 1968). (By courtesy 

of Tellus)

Size rangé nh; sor Cl

Giant 8 12 33
Large 45 45 49
Aitken 47 43 18

The measurement technique of Junge was extended to Aitken particles in the 
sixties by several workers. In these studies cascade impactors were backed up 
by suitable filters to capture unimpacted small particles. Table 2.3 shows the 
results obtained in this way by E. Mészáros (1968) under moderately polluted 
Continental conditions. In the table the values are expressed in percentage of the 
totál mass. It can be seen from these data that approximately half of the mass 
of sulfate and ammonium ions may be found in the Aitken size rangé, which 
means that on a number basis the great majority of sulfate particles have radii 
less than about 0.1 pm. This is hardly surprising, considering the formation 
mechanism of secondary aerosol particles. It is to be noted that the mass médián 
diameter of sulfate particles identified agrees well with the geometric mean of 
the accumulation mode, as discussed by Whitby (1978; see alsó Fig. 2.7). In 
contrast to sulfate- and ammonium-containing aerosol particles, only 20% of 
chloride ions are detected in the Aitken size rangé and in this case the fraction 
found on giant particles is alsó significant, in agreement with Junge’s results 
discussed above. Mészáros' measurements alsó showed that the relative quan
tity of water-soluble substances increases with decreasing partiele size, which 
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alsó suggests that the amount of particulate matter formed by mechanical 
disintegration is less significant in the rangé of smaller particles.

An important step in the understanding of the formation and composition 
of tropospheric background aerosol was provided by the work of Fenn et al. 
(1963) who demonstrated that in aerosol samples collected in Greenland, 40%

Fig. 2.12a

Fig. 2.12b
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Fig. 2.12c

Fig. 2.12d
Electron micrographs of aerosol particles collected on membráné filters under rernote maritime 
conditions (photo: A. Mészáros), (a) sea salt; (b) ammonium sulfate; (c) sulfuric acid. (d) 
mixed. The size of the tieid in the picturcs is 2.4 x 3.6 pm. (By courtcsy ol Pcrgamon Press)
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of the large particles consisted of sulfate. This finding was confirmed by Ameri
can authors (Cadle et al., 1968) who showed by means of special microscopic 
techniques (e.g. morphological identification) that in Antarctic air the large 
particles are formed from sulfates.

The composition of background aerosol particles, including a part of the 
Aitken rangé, was investigated by morphological identification by A. Mészáros 
and Vissy (1974) on the basis of membráné filter samples collected in remote 
oceanic air in the Southern Hemisphere. They found that 75-95% of the par
ticles was composed of the following four substances (Fig. 2.12):

a) sea salt,
b) ammonium sulfate,
c) sulfuric acid,
d) mixture of sea salt and (NH4)2SO4.

Table 2.4
Chemical composition of atmospheric aerosol particles expressed in percentage of the number of 

particles with radius larger than 0.03 pm (A. Mészáros and Vissy, 1974). (By courtesy of 
Pergamen Press)

Atlantic 
0ápá20

Atlantic 
40ápg60

Atlantic 
?>>60

Indián 
Óceán

(NH4)2SO4 69 38 33 18
NaCl 1.6 15 7.3 28
H2SO4 — — 7.6 3.2
Mixed 4.9 42 36 31

Note: Collections were made in remote oceanic areas. <p is the geographical latitude in the Southern 
Hemisphere.

In Table 2.4 the relatíve quantities of these substances, expressed in percentage 
of the number concentration of particles with r^0.03 pm, are tabulated as a 
function of geographical position. It can be seen that the fraction that consists 
of these water-soluble substances is the smallest in the vicinity of the Equator 
(75%), owing to the fact that in these areas the number of insoluble particles 
with radii greater than 0.5 pm was relatively significant.

Figure 2.13 represents the average size distribution of sulfate and sea-salt 
particles observed by A. Mészáros and Vissy (1974) over different parts of the 
South Atlantic. One can see that on a number basis (solid lines), sulfate particles 
with much smaller mean radii predominate, while the major proportion of the 
partiele volume (dotted lines) is occupied by the sea salt fraction in the coarse 
size rangé. On the basis of the data plotted, only 4% of the totál volume of the 
particulate matter is composed of sulfates (the totál volume is 6.2 pm3 cm-3). 
This means that the mass concentration of aerosol particles in remote oceanic 
areas is alsó controlled by sea salt.

The quantity of sea salt particles, identified as NaCl, was found to be par- 
ticularly important over the Indián Óceán. This is explained by stormy weather
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Fig. 2.13
distribution of the number (N) and volume (V) of excess (non sea salt) sulfate and sea salt 

particles with r>0.03 pm. (Data of A. Mészáros)

conditions during the sampling period. Curve 1 in Fig. 2.14 gives the size 
distribution of sea salt particles measured over the Indián Óceán (the tota 
number concentration, N, is alsó plotted). To represent the advection of sea salt 
particles over the continents, two other spectra are alsó shown. Curve - was 
measured by Metnieks (1958) in Ireland, while distribution 3 was observed in 
the surface air in Hungary (E. Mészáros, 1964). These latter investigators used 
gelatin layers sensitized with silver nitráté to identify chlonde particles Hgure 
2.14 makes it clear that the sea salt concentration is very small m a Continental 
environment. Furthermore, the maximum of the distribution is shifted in the 
direction of larger particles. However, even over the óceán very few sea sál 
particles have a radius smaller than 0.1 pm (3.2 cm'3 in this case) as compared 
to the totál concentration of Aitken particles (Subsection 2.3.1). Fmally, over 
the Indián Óceán practically all giant particles consisted of sea sa t.
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It follows from Table 2.4 that the great majority of aerosol particles consist 
either of ammonium sulfate or of a mixture of ammonium sulfate and sea salt. 
Thus, if we disregard sea salt particles we can conclude that the particulate 
matter in tropospheric background air consists mainly of sulfur-containing 
species. This finding was confirmed by Bútor (1976) and more recently by 
Parungo et al. (1986) who made samplings over the North Atlantic and Pacific 
Óceán, respectively, and identified particles by electron microscopy. Moreover, 
the investigation of A. Mészáros and Vissy alsó shows that 70% of the number 
of ammonium sulfate particles are in the rangé of 0.03 0.1 pm, in agree-
ment with the results of Continental observations (see Table 2.4) and with the 
direct Chemical búik analyses of Winkler (1975) indicating that the main 
component of the aerosol in the Aitken size rangé is sulfur under oceanic 
background conditions.

The composition of aerosol particles in the remote atmosphere was studied

Size distribution and concentration (N) of sea salt particles from different geographical regions 
(1): according to A. Mészáros and Vissy (1974) (by courtesy of Pergamon Press)' (2) 

according to Metnieks (1958) (by courtesy of School of Cosmic Physics); (3) .• according to 
E. Mészáros (1964) (by courtesy of J Recherches Atmosphériques) 
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in detail by Bigg (1980) who applied eleetron microscopy combined with a 
special single-particle analysis. He collected aerosol particles by electrostatic 
precipitators and impactors in Alaska, Hawaii, Tasmania and Antarctica. Bigg 
found that, in agreement with previous discussions, smaller particles were 
composed mainly of sulfuric acid (Alaska and Hawaii) or ammonium sulfate 
(Tasmania and Antarctica). In the size rangé of larger particles in Alaska, a lót 
of mixed particles were identified which consisted of insoluble cores coated by 
sulfuric acid. On the other hand, in Tasmania particles larger than 0.1 pm were 
of oceanic origin. At the sampling site in Tasmania (Cape Gnm) a mass size 
distribution similar to the volume spectrum presented in Fig. 2 13 was meas
ured. In remote Everest highlands at altitudes between 5400 and 6500 m Ono 
et al (1983) alsó found that in the submicrometer size rangé atmospheric 
particles consisted of sulfate particles. By using a selective single-particle method 
Ono and his associates alsó showed that sulfate particles were in the form ot 
hydrated sulfuric acid solution and/or in the form of supersaturated acidic 
droplets In agreement with Bigg (1980) and in disagreement with Japanese 
workers Gras (1983) reports that at the South Pole particulate sulfate is nearly 
fully neútralized by ammonium. He attributed this neutralization to the mid- 
and upper-tropospheric transport of gases and aerosol particles. Finally, we 
note that in the surface air over Antarctica the sulfate level is around 0.1 pg m 
(Bigg, 1980). In contrast, in the Arctic region during laté winter or spring 
relatively high sulfate concentrations can be observed (~ 2.0 pg m 3). It is 
expected that this phenomenon is due to transport from pollution sources in 
Eurasia (Rahn, 1981). .

Beside ammonium sulfate and sea salt, nitráté lons constitute another impor
tant eláss of water-soluble materials as originally shown by Junge (1963). 
Unfortunately, the Identification of these ions is rather difficult due to the fact 
that alkaline sites on many filters1 collect gaseous nitric acid and cause it to be 
reported as particulate nitráté (Spicer and Schumacher, 1977). Moreover, it 
is reasonable to expect that nitric acid vapor reacts with atmospheric NH3 to 
form an aerosol of ammonium nitráté. The equilibrium of NH4NO3 with NH3 
and HNO3 (Stelson et al., 1979) varies as a function of temperature, which 
further complicates the interpretation of nitráté measurements. Beanng in mind 
these problems we note that, within the maríné boundary layer’ over the Pacific, 
the particulate nitráté level was found to be rather low. 0.1 pg m or ess 
(Huebert and Lazrus, 1978; Parungo et al., 1986). Alsó at Ny-Alesund, 
Spitzbergen, very low nitráté concentrations were measured (Heitzenberg, 
1981). v . .. t.

1 Teflon filters minimize sampling artefaets.
2 Above the boundary layer even lower concentrations were observed (Hűbbért and Lazrus, 

1978).

The above discussion on water-soluble components can be summanzed by the 
results of Yoshizumi and Asakuno (1986) gained recently in Chichi of the 
Ogasawara Islands situated in the Pacific Óceán about 1000 km írom the main 
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island of Japan. During sampling in Chichi particles were separated intő several 
size intervals by a Cascade impactor. Species were analyzed by neutron activa- 
tion and wet chemistry. Sodium nitráté and ammonium nitráté were separated 
by a method based on the difference in their thermal stability. Table 2.5 gives 
the concentrations measured in the coarse and fine partiele size ranges. It can 
be seen that sea salt, constituting the majority of the totál mass, is in the coarse 
partiele size rangé. Nitráté ions and soil components1 are alsó in the coarse 
mode. The Cl loss related to Na concentration (3.1%) is comparable to the 
quantity of NaNO3 on the mole basis. Fine particles consist mostly of sulfate 
ions. The concentration of ammonium makes it possible that about 75% of 
sulfate is neutralized by NH4. Yoshizumi and Asakuno note that the unknown 
fraction in the fine partiele rangé is probably composed of somé organics and 
elemental carbon nőt evaluated in their program. In the following we will 
discuss these two types of carbonaceous particles.

1 Determined on the basis of Al concentration (see later).

Table 2.5
Characterization of atmospheric aerosols in Chichi of the 

Ogasawara Islands (Yoshizumi and Asakuno, 1986). (By courtesy of 
Pergamen Press)

Component
Concentration (pg m 3)

Coarse partiele 
(2 pm<)

Fine partiele 
(2 pmS:)

Sea salt* 10.52 0.83
Soil 2.60 0.62
NaNO3 0.69 0.07
NH4NO3 0.05 0.08
Secondary SO4~ 0.04 1.90
NH4f 0.01 0.54

Totál 13.9 4.0
Mass con. measured 16.5 7.4
Unknown 2.6 3.4

* Sea salt does nőt include Na of NaNO3.
1 NH* does nőt include NH4 of NH4NO3.

The organic fraction of atmospheric particulate matter was investigated by 
Ketseridis et al. (1976) at several locations, including remote oceanic areas. 
These authors collected particles on glass fiber filters and determined the totál 
mass of suspended particles by weighing the filters before and after the sam- 
pling. They extracted ether-soluble materials from the samples and were able 
to identify chemically organic acids and phenols, organic bases, aliphatic hydro- 
carbons, aromatic hydrocarbons and neutral compounds. The results obtained 
are summarized in Fig. 2.15. The data labelled “Meteor” refer to samplings
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carried out on board of the Germán research véssél Meteor in 1973 over the 
North Atlantic. It is to be noted that during Part II of this expedition and during 
sampling in Cape Verde an advection of Sahara dúst was observed. One can see 
that, except more polluted atmospheres, the concentration of organic matéria! 
extractable in ether is practically constant at about lpgm~3 at standard 
temperature and pressure. The fraction of different components is alsó indepen- 
dent of the sampling location. At Jungfraujoch and over the Atlantic Óceán 
(without dúst advection) about 5-10% of the aerosol partiele mass is composed 
of organics. Ketseridis et al. (1976) assumed that this constant concentration 
of organic particulate matter in tropospheric background is either due to 
partiele advection from highly populated areas or to a constant production 
mechanism in clean tropospheric air. In another study, Ketseridis and Eich- 
mann (1978) used an impactor to separate particles with radii smaller and larger 
than 1 pm. They report on the basis of their measurements carried out in 
Ireland, that the majority of organics are in the smaller size rangé where these 
materials comprise 25% of the aerosol mass. It is very probable that organic 
particles of these sizes are formed by gas-to-partiele conversion.

In recent years several analyses have been made to identify organic com
pounds in the atmospheric aerosol (Finlayson-Pitts and Pitts, 1986; Simo
néit, 1984). These studies show that higher molecular weight solvent-soluble 
compounds (>C12, lipids) are common species in urban, rural and oceanic 
aerosols. It is demonstrated that petróleum residues predominate in urban and 
suburban areas, while waxes from vegetation are the main components under 
rural and oceanic conditions. Polycyclic aromatic hydrocarbons were alsó 
identified in urban and remote atmosphere.

The presence of elemental carbon in the particulate matter has alsó been 
demonstrated. It is expected that under polluted conditions elemental carbon 
particles are mostly emitted by diesel vehicles. In winter these particles are 
transported to long distances and they constitute an important component of 
the Arctic haze (Rosen et al., 1981). Moreover, significant amounts 
(0.01-0.1 pg m3) of soot carbon were observed in remote air over the tropical 
Atlantic and Pacific Oceans (Andreae et al., 1984). On the basis of the con
centrations of other species in the particulate matter, Andreae and his asso- 
ciates estimate that elemental carbon detected over tropical oceans is released 
intő the air by biomass burning in the tropics and subsequently transported over 
oceanic areas. A. Mészáros (1984) showed by eleetron microscopy that ele
mental carbon can be internally mixed with sulfate, while Covert and Heitzen- 
berg (1984) observed a high degree of external mixing between the two species.

According to recent studies of Cachier et al. (1986) the average concentration 
of giant carbonaceous aerosol particles in remote oceanic air over the Northern 
and Southern Hemisphere is the same and equal to 0.07 pg m 3 expressed in 
carbon equivalents. On the other hand, the mean concentration fór particles 
with radii smaller than 0.5 pm is rather different over the two hemispheres: it 
is 0.45 and 0.06 pg m “3 fór the Northern and Southern Hemisphere, respectively. 
Carbon isotope measurements of Cachier et al. indicate that carbonaceous
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materials in the giant size rangé are associated with sea salt, while fine car- 
bonaceous particles are of Continental origin.

As mentioned in Subsection 2.4.1, recent research on the composition of 
aerosol particles has been promoted by the application of non-destructive 
nuclear analytical methods (PIXE, neutron activation). These procedures have 
made possible to study simultaneously several elements in particulate matter. 
As an example, Table 2.6 contains mean concentrations of twelve elements 
according to the measurements carried out under different atmospheric con
ditions. Except somé data (e.g. concentrations measured in Delhi) the values 
tabulated were obtained by the nuclear methods mentioned. Fór the sake of 
completeness somé results fór a locally pulluted piacé (St. Louis, USA) are 
alsó given. In this respect we note that according to Khemani et al. (1985) the 
samples collected in Delhi are free from the effects of local pollution sources. 
Thus, it is proposed that results gained at K-puszta (Hungary) and Valen 
(Sweden) are representatives of régiónál background air in Europe, while Chi- 
nese and Indián data in the table refer probably to similar conditions in Asia. 
Further, we believe that Jungfraujoch (Switzerland), Gezira (Sudan), Twin 
Gorges (Canada) and Chacaltaya (Bolívia) are suitable sites to study the Con
tinental background aerosol over Europe, Africa, North America and South 
America, respectively. Finally, concentrations measured at other stations, ex
cept those fór Ny-Álesund and Enewetak Atoll, give Information about global 
tropospheric background air. As we discussed above, data observed in Arctic 
regions during laté winter are related to Arctic haze, while values gained at 
the station in the Pacific Óceán represent remote oceanic conditions.

If we do nőt consider the concentrations measured over the Pacific Óceán 
(which are controlled by sea salt components) one can say that data can be 
divided intő two groups. The first six elements (from Si to Ti) are of soil origin, 
which is proved by their crustal enrichment factors defined in Subsection 2.2.1. 
On the other hand, sulfur, chlorine, bromine, copper, lead and vanadium are 
typically so-called enriched elements, the concentration of which are controlled 
by different natural and anthropogenic emissions. (Lead and vanadium are 
notórius man-made elements due to exhaust materials from vehicles and to 
combustions processes, respectively.) In agreement with the discussion in Sec
tion 2.2, elements in the first category are in the coarse partiele rangé, while 
enriched species can be detected generally in the fine size rangé (see the refer- 
ences given in the table).

As it can be seen from values tabulated, enriched elements have high con
centrations under polluted conditions, while the concentration of elements of 
soil origin is significant particularly in the air inlluenced by dúst particles coming 
from deserts (Delhi, Gezira in the case of north winds)1. It is interesting to note 
that the atmospheric level of crustal elements is rather high even at elevated 
altitudes (Jungfraujoch, Chacaltaya). Fór Geziia, Arctic and Antarctica the 

1 It is noted that in Delhi the totál mass concentration of aerosol particles is about 100 and 
200HgnT’ fór monsoon and dry season, respectively (Khemani et al.. 1985), while it is only 
3.1 pg m~3 at the Jungfraujoch (Dams and De Jonoe, 1976).
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concentrations are separated intő two classes. In the ease of Gezira, data are 
separated according to the wind direction. This is explained by the fact that at 
this site an aerosol originating from deserts can be observed íf the wind blows 
from north, while south winds transport to the site aerosol particles of tropical 
origin. Further, Antarctic concentrations are grouped according to the seasons 
of the year. This classification clearly shows that sulfate-sulfur, the majority of 
particulate matter, has a high concentration in summer, in agreement with our 
discussion about Aitken particles in Subsection 2.3.1. On the other hand, winter 
Antarctic data indicate that in winter sea salt is an important component of the 
atmospheric aerosol in this remote area. Finally, the comparison of summer and 
winter data obtained over Arctic regions makes evident the presence of the 
Arctic haze during laté winter. Data indicate that the ratio of winter to summer 
concentrations is especially high in the ease of sulfur.

Table 2.7
Chemical composition of aerosol particles in the upper troposphere over the Philippine Islands 

on November 19, 1969, from the aircraft measurements of Cadle (1973). (By courtesy of 
Plenum Press)

Latitude 
N

Longitude 
W

Height 
10~3 feet

Concentration [pg m 3 ambient air]

sor Si •Na Cl no; nh;
35’04' 139’35' 26 0.041 — — — 0.020 0.0064
26’21' 120’40' 26 0.051 0.011 0.055 0.085 0.019 0
19’32' 120’40' 25 0.10 0.016 0.016 0.052 0.042 0.0013
16’30' 117’00' 25 0.15 0.022 <0.001 0.029 0.022 0.013
13’00' 124’00' 25 0.073 0.009 0.010 0.013 0.039 0.0033
21’00' 127’54' 25-39 — 0.014 0.019 0.018 — —
11’00' 119’00' 39 0.16 0 0.019 0.018 — —
11’00' 122’00' 39 0.23 0.007 0 0.057 — 0
16’52' 117’15' 39 0.068 0.003 0.016 0.052 0.026 0

Note: 1 foot = 30.48 cm

In the upper troposphere the Chemical composition of aerosol particles was 
widely studied by American researchers (Cadle, 1973). During aircraft flights, 
particles were collected on special filters. and the samples were subsequently 
analyzed by wet chemistry and neutron activation. The results obtained in the 
upper tropical troposphere near the Philippine Islands are tabulated in Table 
2.7. These data show that the sulfate concentrations are much higher than those 
of Silicon, chloride and sodium, showing that sea salt and mineral dúst are 
unimportant at these altitudes. It is interesting that very small ammonium 
concentrations were found. This finding makes it likely that the majority of the 
sulfate consists of sulfuric acid droplets, which are less common near the Earth’s 
surface (A. Mészáros and Vissy, 1974) owing to higher NH3 concentrations. 
This result is supported by the work of Ono et al. (1983) mentioned above and 
by the observations of Georgu (1978) and Tanner et al. (1984). These latter 
authors demonstrated that the acidity of sulfate particles increases with increas- 
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ing altitude in the lower troposphere. Finally, it should be mentioned that 
Cadle argues that the relatively high nitráté concentrations are explained by 
the adsorption of HNO3 vapor by the filter matéria!.

The vertical profile of different elements in particulate matter was investigated 
by Gillette and Blifford (1971) who used cascade impactors and filters to 
collect particles. The sulfur profiles obtained over the Pacific Óceán near Cali- 
fornia and over the American continent (Death Valley) are represented by the 
data given in Table 2.8. By re-calculating their concentrations in sulfate we can 
say that in the upper troposphere the sulfate level is 0.1-0.2 pg m“3 which 
agrees reasonably well with figures in Table 2.6 as well as with the results of near 
surface measurements of Winkler (1975) carried out in remote areas. However, 
the sulfate concentrations observed by Gillette and Blifford (1971) are too 
high as compared to the values measured over South America at an altitude of 
5245 m by Adams et al. (1983, see Table 2.6). The X-ray fluorescence analyses 
of Gillette and Blifford (1971) alsó showed that 80-90% of the sulfate 
(sulfur) found occurs in the Aitken size rangé.

Vertical profile of the mass concentration of particulate sulfur 
according to Gillette and Blifford (1971). (Copyright by the 

American Geophysical Union)

Table 2.8

Height 
[km]

Pacific Óceán 
[fignT3]

Death Valley 
Ifigm'3]

0.015 0.24 (3) 0.31 (5)
0.915 0.09 (4) 0.32 (5)
1.5 — 0.23 (1)
1.8 0.11 (6) 0.24 (5)
3.7 0.04 (6) 0.14 (5)
4.6 — 0.03 (1)
6.1 0.05 (5j 0.07 (6)
7.6 0.03 (5) 0.12 (6)
9.1 0.06 (4) 0.06 (5)

Notc: Values in parentheses give the number of observations. 
Samples were collected in 1967.

On the basis of the foregoing discussion it is concluded that troposheric 
particles in the fine size rangé consist mainly of water-soluble sulfates. Sulfate 
particles contain hydrogen or ammonium ions as a function of the amount of 
the ammónia gas available. It seems that the relative importance of hydrogen 
ions increases with increasing altitude. It is alsó demonstrated that sulfate 
particles are (externally or internally) mixed with carbonaceous materials at 
least near the Earth’s surface1. In the coarse size rangé particles may be of 

1 According to Jaenicke (1978b), in the Aitken size rangé 25% of particles consist of organic 
materials under tropospheric background conditions.
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crustal or oceanic origin. Crustal particles are composed mostly of Al, Si and 
Fe compounds, while sea salt particles consist of chloride and sodium in 
agreement with the composition of sea water.

2.4.3 Stratospheric particles

At the end of the fifties a program was started in the USA to study stratospheric 
aerosol particles. The results of the program were analyzed by Junge and his 
associates (Junge, 1963). The most important achievement of this study was the 
discovery of an aerosol layer between 15-20 km consisting mostly of large 
particles (see Subsection 2.3.3).

To investigate their Chemical composition, stratospheric particles were 
collected by aircraft- and balloon-bome impactors. Elements with atomié num- 
bers 12-30 were identified in the samples by electron microprobe and X-ray 
fluorescence techniques. Table 2.9 summarizes the results obtained (Junge,

Chemical composition of stratospheric aerosol particles (Junge, 
1963). (By courtesy of Academic Press)

Table 2.9

Elements
Number of 

observations
Concentration 
[lO-’pgm-’J

Relatíve 
composition

Mg 4 0.0 0.000
Al 4 0.43 0.056
Si 12 0.11 0.014
P 4 0.000 0.000
so4 11 6.82 0.89
Cl 4 0.01 0.0013
K 7 0.13 0.017
Ca 8 0.10 0.013
Ti 3 0.000 0.000
V 4 0.000 0.000
Cr 4 0.000 0.000
Mn 4 0.000 0.000
Fe 12 0.071 0.0093
Co 4 0.000 0.000
Ni 7 0.000 0.000
Cu 4 0.000 0.000
Zn 4 0.000 0.000

Totál 12 7.68 1.00

1963) . In this table the sulfur is given as sulfate since further wet Chemical 
analyses showed that the sulfur occurred as sulfate particles. It can be seen from 
the data that 89% of the mass of the components identified is sulfate. Data alsó 
indicate that the quantity of NH* is sufficient only to neutralize about one third 
of the sulfate ions. Further flights carried out over a wide rangé of latitudes
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(60° S-70° N) demonstrated that this sulfate layer can be observed everywhere 
in the stratosphere.

About ten years later a new stratospheric aerosol program was performed. 
In this case, particles were collected between 17 and 28 km by absolute filters 
having a collection efficiency of virtually 100% in all size ranges. Table 2.10 
shows the results of a sampling day when particles were collected at an altitude 
of 18 km. In the last column of the table the percentage of sulfate ions possibly 
neutralized by NH4 is alsó presented. It can be seen that the concentrations 
measured by this more recent program exceed by at least one order of magnitude 
the concentration found in the previous program (see Table 2.9). Furthermore, 
Lazrus and his co-workers (1971) found high sulfate mass concentrations even

Mass concentration of sulfate and ammonium particles sampled at 
an altitude of 18 km on May 11, 1970 (Lazrus et al.. 1971). 

(Copyright by the American Geophysical Union)

Table 2.10

Latitude Longitude soj- nh4+ %

38’10' 106’50' 0.17 0.0030 5.0
42’00' 106’50' 0.22 0.0036 4.6
45’36' 106’52' 0.19 0.0030 4.5
49’30' 106’45' 0.16 0.0024 4.1
53’02' 106’56' 0.22 0.0030 3.9
54’58' 106’56' 0.24 0.0034 4.0
51’15' 106’57' 0.20 0.0043 5.9
48’05' 106’54' 0.15 0.0029 5.3
44’30' 106’53' 0.20 0.0038 5.2

Note: Values in last column give relatíve quantity of sulfate ions associ- 
ated to ammonium. Concentrations are expressed in pgm'3.

when the optical measurements designed to detect large particles did nőt in- 
dicate the presence of an aerosol layer. These data strongly suggest that the 
difference between the results of the two programs is caused by the different 
sampling techniques used. Further studies in which simultaneous impactor and 
filter samples were taken showed (Cadle et al., 1973) that a sizeable part of the 
sulfate was really in the Aitken size rangé. However, we cannot rule out the 
possibility that the concentration differences may be explained partly by an 
increase of stratospheric sulfate burden arising from the volcanic activity be
tween 1960 and 1970. This assumption is proved by stratospheric aerosol 
measurement carried out more recently. Thus, Woods and Chuan (1983) demon
strated that the submicrometer particles in the stratosphere consisted mainly of 
sulfuric acid after the El Chichón eruptions in 1982.

The first stratospheric aerosol Chemical analyses showed that only a small 
quantity of the aerosol particles in the lower stratosphere could be of meteoritic 
origin (e.g. no nickel was found in the samples, see Table 2.9). This problem was 
studied in detail by Shedlovsky and Paisly (1966) who found by means of 
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neutron activation of aerosol particles collected on filters that the stratospheric 
Fe/Na ratio is close to that reported fór the Earth’s crust. They concluded that 
less than 10% of the iron and sodium identified at altitudes of 19-21 km come 
from meteorites. This is consistent with more recent observations showing that 
meteoritic particles are detected generally above 20 km (Inn et al., 1982). 
Numerical calculations made by means of an appropriate aerosol model in
dicate (Turco, 1982) that meteoric debris has a small, bút perceptible effect on 
the aerosol mass in the stratosphere. Finally, we note that volcanic eruptions 
inject a large amount of ash particles intő the stratosphere having a size larger 
than 2 pm (Knollenberg and Huffmann, 1983). It was alsó found (Woods and 
Chuan, 1983) that magmatic and lithic particles play an important temporary 
role in the control of the composition of stratospheric aerosol after volcanic 
eruptions.

Fig. 2.16
Mixing ratio of sulfate particles in the stratosphere according to model calculations by Turco 

(1982). (By courtesy of Springer-Verlag)

Junge (1963) assumed that the sulfate particles in the stratosphere are formed 
by Chemical transformation of SO2 and H2S gases mixing intő the stratosphere 
mostly over the tropics. On the other hand, Martell (1966) concluded that large 
stratospheric sulfate particles are due to the coagulation of Aitken-sized sulfate 
particles transported from the troposphere. According to our present knowl- 
edge, during volcanically active periods stratospheric particles form mostly 
from sulfur dioxide of volcanic origin. Thus, Evans and Kerr (1983) estimate 
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that the Mt. Helens eruption in 1980 injected 0.6 Tg of sulfur dioxide intő the 
stratosphere, while the corresponding value was 13.4 Tg in the case of the El 
Chichón eruption. Accordingly, after El Chichón eruption Gandrud et al. 
(1983) observed that sulfate mixing ratios were by two orders of magnitude 
greater than typical background values.

In volcanically inactive periods carbonyl suliidé emitted at the surface is 
responsible fór the formation of a major part of stratospheric sulfate layer, as 
first proposed by Crutzen (1976). A less important role is played by carbon 
disulfide alsó released at the Earth’s surface, while the effect of SO2 in these time 
periods is insignificant. This concept is well demonstrated by model calculations 
carried out by Turco (1982) illustrated in Fig. 2.16. It can be seen that the 
present ambient concentration is controlled primarily by carbonyl suliidé. On 
the basis of Turco’s calculations the possible future anthropogenic perturba- 
tions can alsó be estimated. These perturbations are due to the fact that 
increasing consumption of fossil fuels will increase the emission of sulfur gases. 
Assuming a tenfold increase in atmospheric carbonyl suliidé concentration1, a 
fourfold increase in sulfate mixing ratio can be expected. The curves plotted in 
Fig. 2.16 make it probable that perturbations in carbonyl suliidé level will 
greatly affect the concentration of the stratospheric aerosol layer.

1 The abundance of only one gas was modified fór each calculation.
2 BlGG (1986) demonstrálod recently that there are occasions when ammoniated aerosols are 

present due to the injection of tropospheric aerosol particles and ammónia gas intő the stratosphere.

Russel and Hamill (1984) reviewed the literature on stratospheric aerosol 
composition. They concluded that sulfate particles are nőt neutralized and 
consist mostly of sulfuric acid2. The sulfuric acid solution droplets found in the 
stratosphere originate from the condensation of H2SO4 vapor formed by Chemi
cal reactions of precursor gases. There is somé indication that this condensation 
takes piacé on existing Aitken particles. Thus, Mossop (1965) observed that 
stratospheric solution droplets frequently contain small insoluble particles. 
Theoretical work by Hamill et al. (1977) alsó indicates that heterogeneous 
condensation of H2SO4 and H2O vapors in the stratosphere is much more 
probable than a homogeneous phase transition. However, Farlow et al. (1977) 
concluded on the basis of the analysis of individual particles collected in the 
stratosphere that imbedded undissolved materials did nőt act as nucleation 
centers fór droplet formation. Without going intő more detail we note that 
further studies are needed to clarify this point.

On the basis of the above discussion we can conclude that the composition 
and origin of stratospheric particles are rather well established due to recent 
research. It is well-documented that volcanic activity is the most important 
factor in the control of the aerosol cycle in the stratosphere having an influence 
in this way on climate variations, as is discussed in Chapter 5 of this book.
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2.5 Variation of the size of aerosol particles as a function of the 
relative humidity

2.5.1 Theoretical considerations

The size distribution of aerosol particles was presented in Subsection 2.3.2. We 
have nőt discussed, however, the relation between the size distribution and the 
relative humidity of the air, since fór such a discussion the knowledge of the 
Chemical composition is necessary. The aim of this section is to summarize the 
problem with the presentation of somé results of measurements. The interested 
reader is referred fór further details to Hánel (1976).

The size distribution of aerosol particles varies as a function of the relative 
humidity because of the presence of water-soluble materials in the particulate 
matter. To understand the principle of this phenomemon let us consider a single 
water-soluble partiele consisting of a given substance. The partiele, with radius 
ro, is in a dry State, that is, in an environment containing no water vapor. If the 
relative humidity of the particle’s environment is increased the radius initially 
remains the same, disregarding the adsorption process which is of little impor
tance (see Fig. 2.17). At a relative humidity determined by the natúré of the 
substance (and alsó somewhat by the partiele size) the radius of the partiele 
suddenly changes to a larger value. This phenomenon is due to the fact that the 
partiele has changed to a solution droplet called haze partidé. The phase change 
takes piacé at the relative humidity at which a saturated solution of the sub
stance considered is in vapor equilibrium with its environment.

Fig. 2.17
Schematic variation of the radius (r) of a soluble partiele as a function of relative humidity of 

the air. r0: dry radius
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It is known from physical chemistry that the equilibrium vapor pressure is 
smaller over Solutions than over pure water. In the ease of ideál Solutions this 
vapor pressure decrease is proportional to the mole fraction of the solvent 
(Raoult’s law). If the solution is reál, the interaction of solvent and solute 
molecules cannot be neglected. Fór this reason a correction factor has to be 
applied to calculate the vapor pressure lowering. We alsó have to take intő 
account that the soluble substance dissociates intő ions, forming an eleetrolyte.

If we further raise the relatíve humidity after the phase change (see Fig. 2.17), 
the radius of the droplet increases and the solution becomes more dilute. This 
means that at a higher relatíve humidity a more dilute solution is in dynamic 
equilibrium with the vapor environment. It should be mentioned that the 
equilibrium radius is governed alsó by the curvature of the droplet as discussed 
in Section 3.2. By using Eqs (3.2) and (3.3) the variadon of the droplet size as 
a function of the relatíve humidity can be calculated. The solid line of Fig. 2.17 
represents schematically the results of calculations made using these equations 
fór relatíve humidities below saturation. This curve was experimentally verified 
first by Dessens (1949) who used a microscope to study the change of radius 
of atmospheric particles (droplets) captured on spider’s web as the relatíve 
humidity was changed. He discovered that the phase change takes piacé at a 
lower relatíve humidity with decreasing than with increasing humidity (dotted 
line). This so-called hysteresis phenomenon was later confirmed by several other 
investigators (see Junge, 1963). It goes without saying that in the ease of sulfuric 
acid solution droplets a sudden change in the partiele radius is nőt observed. 
It was alsó more recently shown (Winkler and Junge, 1972) that the curve is 
alsó smoothed if the partiele is composed of a mixture of different salts.

Fig. 2.18
Variadon of geometric mean radius (r^) of sulfate particles as a function of relatíve humidity 

(crosscs). Solid line represents the theoretical growth of an ammonium sulfate partiele with 
r-0.14 pm (E. Mészáros. 1970). (By courtesy of Tellus)
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The theory outlined is alsó supported by somé atmospheric measurements. 
Thus E Mészáros (1970) measured the size distribution of the mass of atmo- 

by means of a Cascade impata bacW „p y 
hrnne nlters He found that the geometnc mean radius o the úistnouuo 
averaged by humidity intervais varies as a.tationthe miauve hum^y as 
ÖoÍXSm M XXU partiele with a 

drv radius of 0 14 um, the value found fór the geometnc mean radius at low 
relatíve humidity The line shows that the partiele radius increases by a factor 
Xo at a relative humidity of 80%. Near 100% the drop eljártas r^veral 
tímes laraer than the dry partidé size. Comparison of the curve with tne 
experimental points indicates that the behavior of the atmospheric partidé 
population is well approximated by the theory outlined. It cannotbe exc*uded’ 
however, that the reál phase change is less sudden than that predicted by the 

theory.

2.5.2 Results of measurements

Variations of the size distribution of aerosol partides as a function of relative 
humidity can be observed in situ in the air. Changes in partidé size distribution 
are detected by optical counters (Laktionov and Bogomolov 1972), by neph- 
dometers (Charlson et al., 1969) or by diffusion channels (Stnclair et al., 

^Another possibility is to capture particles, e.g. on impactor shdes and to 
study them after drying at different humidities under a microscope. Different 
relative humidities are generally created by different saturated sah solution 
íisooiestic method). An investigation of this kind was carried out by A. Mészá
ros H97D who studied solid partides and solution droplets in the large and 
dánt size ranges. Her results fór partides from a Continental environment 
Hungary) are plotted in Fig. 2.19, where N. is the number concentration of 
nartides with radii larger than the values on the abseissa. It can be seen that 
hí summertime the number of droplets is very large even at low humidities. This 
findingX obviously caused by the presence of add or supersaturated sál 
solution droplets in aerosol samples. This result confirms optical observations 
of Rozenberg (1967) who found that significant partiele growth can be detected 

relatíve growth of a given partidé 
size as a tation of relative humidity can be calculated. I he curves obtained 
in this way are shown fór the winter and summer half-year penods in Hg. 2.2U. 
It follows from this figure that with increasing partidé size the water-soluble 
fraction of aerosol particles decreases, in accordance with direct Chemical 
observations (E. Mészáros, 1968) and considerations on partidé 
(Section 2.2). It should alsó be noted, with respect to Fig. 2.20, ihat the results 
fór 0.5-pm-radius particles are in good agreement with Hanel s values ( Hanel, 
1970) derived from experimental data published by Winkler (1 >69).
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SUMMER

Size distribution of large and giant particles as a function of relatíve humidity according to A. 
Mészáros (1971). A.: concentration of particles with radius larger than the abscissa value. (By 

courtesy of Tellus)
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Fig. 2.20
Relatíve growth of aerosol particles of different sizes as a function of relatíve humidity 

(A. Mészáros, 1971). (By courtesy of Tellus)

Finally, we have to emphasize that the relationship between the relatíve 
humidity and partiele growth is of importance fór many atmospheric phenome- 
na. Thus, the optical properties of the air, like the extinction and absorption 
coefficients, the ratio of forward to background scattering as well as the asym- 
metry factor (see Appendix III) vary as a function of relatíve humidity (Hánel, 
1984). This correlation may be important nőt only fór visibility variations, bút 
alsó from the point of view of heat and radiation balance of the atmosphere, 
since tropospheric background particles consist mostly of water-soluble sulfate 
species.

2.6 . Removal of aerosol particles from the atmosphere

2.6.1 Dry deposition of aerosol particles

The concentration of aerosol particles (and other trace constituents) in the 
atmosphere would rise quickly if sink mechanisms did nőt assure the cleansing 
of the atmosphere. These removal processes can take piacé both during dry 
weather conditions (dry removal) and during periods with cloud and precipita
tion formation (wet removal).

The removal of aerosol particles under dry weather conditions is caused by 
turbulent diffusion and gravitational sedimentation, which transport particles 

68



to the Earth’s surface, as well as by impaction on vegetation, buildings and other 
objects. Turbulent diffusion itself does nőt remove particles (Twomey, 1977). 
Soil and other surfaces are bordered by a thin laminar layer (~ 1 mm thick) 
across which particles must be transported by other processes (e.g. phoretic 
forces, molecular diffusion, sedimentation).

The dry removal of aerosol particles can be described formally by the follow
ing equation (e.g. Makhonyko, 1966):

, ÖN
D=-kz—+vtN (2.13)

where D is the number (or mass) or particles deposited per unit surface per unit 
time, kz is the turbulent diffusion coefficient, z is the height, while N and v8 are 
the partiele concentration and sedimentation velocity, respectively. Under av- 
erage conditions the concentration of aerosol particles decreases with increasing 
altitude. It should be mentioned, however, that this decrease is nőt necessarily 
observed near the surface (e.g. in the first 1 to 2 m). In this case turbulent 
diffusion may be an effective removal process, especially fór smaller particles fór 
which the second term at the right-hand side of Eq. (2.13) is negligible.

The measurement of dry deposition is nőt an easy task because of the 
disturbance of the laminar and turbulent flow regimes by any collector (e.g. dúst 
fali cans, horizontal slides). Fór this reason selected reál surfaces must be used 
(e.g. within a forest canopy) to collect depositing particles. Another possibility 
to estimate dry deposition is to apply the gradient method or the eddy correla- 
tion technique. In the first procedúra the partiele concentration gradient and the 
turbulent diffusion coefficient are measured and the deposition is calculated by 
using Eq. (2.13). On the other hand, the eddy correlation method consists of 
observing the fluctuations of vertical motion and partiele concentration and the 
flux is calculated on the basis of this information. Finally, dry deposition can 
be measured in a wind tűnnél or in special chambers. In any case, if we 
determine the partiele deposition (D) and concentration (TV), a paraméter with 
the dimension of velocity can be defined (Junge, 1963):

’-£• (2.14)

This paraméter is termed the deposition velocity, which makes it possible to 
calculate partiele deposition if the concentration is known.

Concerning the estimation of different dry removal processes let us consider 
Fig. 2.21, reported by Hidy (1973), after Chamberlain (1960). Curve A in this 
figure refers to experimental deposition velocities, measured over fiat surfaces 
roughened by grass. On the other hand, line B represents the sedimentation 
velocity calculated by Eq. (2.1). It can be seen that curve A approximates line 
B in the rangé of very large particles with significant sedimentation velocities 
(dp>10pm). With decreasing partiele size the deviation is more and more 
important. It is believed that this phenomenon is caused by turbulent diffusion.
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Fig. 2.21
Dry deposition velocity (A) and sedimentation velocity (B) of aerosol particles. Curve A refers 

to flow over grass (Hidy, 1973). (By courtesy of Plenum Press)

There is somé indication that curve A begins to increase with decreasing size in 
the rangé where Brownian motion becomes important1.

1 It is to be noted that Fig. 2.21 can be used to calculate the deposition rate of particles of 
different sizes if the number or mass size distribution is measured.

Very similar results were obtained by Sehmel and Sutter (1974) fór a water 
surface during their wind tűnnél investigation. However, they alsó found that 
fór particles greater than 2 pm the deposition velocity increased with both an 
increase in partiele diameter and wind speed. Thus, in the case of wind speeds 
higher than about 40cms-1 the deposition velocities were higher than the 
corresponding sedimentation velocities. While fór vegetatíve canopies theoreti
cal considerations (Slinn, 1982) indicate smaller deposition velocities in the 
O.l-l.Opm partiele size rangé than Chamberlain’s figures fór grass surface, 
experimental works made over beech forests by Höfken and Gravenhorst 
(1982) suggest higher values fór fine particles than those given in Fig. 2.21.

We have previously seen that tropospheric background aerosol particles 
consist mainly of ammonium sulfate and/or sulfuric acid (Subsection 2.4.2). 
Bearing in mind that these particles are in the fine partiele rangé it seems to be 
reasonable to suppose on the basis of Fig. 2.21 that their dry deposition velocity 
cannot be greater than 0.1 cm s-1. This figure is in a good agreement with the 
estimate of Garland (1978) and with the observations of Davies and NiCHOL- 
son (1982) giving an average value of 0.08 cm s-1 fór a rural site in eastern 
England. However, somé recent field experiments resulted in higher deposition 
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rates than the above value as compiled by Voldner et al. (1986). The reason 
fór this disagreement is nőt clear. It is probable, however, that deposition 
velocity of atmospheric particles really varies as a function of surface properties 
(e.g. roughness) and atmospheric conditions (e.g. wind speed, thermal stability).

Finally, it is to be noted that in the foregoing discussion of dry removal we 
considered the totál ensemble of particles. If size ranges are taken intő account 
separately, additional sinks have to be mentioned. Thus, thermal coagulation 
of particles with very small size, as well as the condensation (below a relative 
humidity of 100%) of vapors with low saturation vapor pressure provide effec
tive removal fór Aitken particles. It is believed (Hidy, 1973) that these processes 
are dominant in the removal of aerosol particles in the size rangé below 0.1 pm 
radius.

2.6.2 Wet deposition

The efficiency of wet removal of aerosols is due to the fact that the falling speed 
of precipitation elements greatly exceeds the dry deposition velocity of particles. 
In a discussion of removal caused by clouds and precipitation it is reasonable 
to differentiate processes taking piacé in the cloud (in-cloud scavenging) and 
beneath the cloud base (sub-cloud scavenging).

In-cloud scavenging of aerosol particles is begun at the moment of cloud 
formation, since at the supersaturations occurring in the atmosphere (< 1 % 
which is equivalent to a relative humidity of < 101 %) condensation takes piacé 
on aerosol particles called nuclei. Bearing in mind that condensation of water 
vapor in the atmosphere is discussed in the next chapter, we only note here thát 
water-soluble particles are removed very effectively by condensation. Discussion 
in Subsection 2.4.2 clearly shows that the majority of aerosol particles in remote 
air consists of. water-soluble sulfur species1 and sea salt, fór this reason it is 
obvious that a large part of these components are removed from the air during 
the formation of cloud droplets. It was previously noted that carbonaceous 
particles may be internally mixed with sulfur species, which considerably pro- 
mote their in-cloud removal. However, if they are nőt associated with water- 
soluble components their in-cloud scavenging is much less significant. There is 
somé indication that, at least under Continental conditions, a substantial frac
tion (~50% or greater) of metals in the particulate matter is soluble in water 
(Lindberg and Harriss, 1983) hence an important part of these species is alsó 
washed-out from the air by condensation.

Thermodynamic considerations alsó show (see Section 3.2) that larger parti
cles are more active in condensation processes than smaller ones. This means 
that water-soluble particles smaller than about 0.01-0.05 pm are unaffected by 
condensation. The number of these particles may be very great, especially in a 
freshly formed aerosol. However, the Brownian motion of these small particles 
is rather significant (see Subsection 2.1.1). Fór this reason they can attach to

' In Chapter 3 it is alsó shown that condensation nuclei arc composed mostly of sulfate particles. 
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cloud droplets very easily. Due to coagulation their concentration decreases 
exponentially with time. Theoretical calculations indicate (e.g. Greenfield, 
1957) that particles with diameters smaller than 0.01 pm are almost entirely 
removed from cloudy air under normál conditions.

Aerosol particles may alsó be removed in the clouds by the different phoretic 
forces, e.g. by diffusiophoresis. This phenomenon involves the motion of parti
cles due to the concentration gradient of condensing or evaporating vapor 
(Goldsmith et al., 1963). In the ease of condensation, particles displace towards 
the drop surface. According to Goldsmith et al. (1963), velocity caused by 
diffusiophoresis is

v = -1.9x 10~4^ (2.15)
dx

where dp/dx is the water vapor gradient expressed in hPa cm“1 (the dimension 
of t>p is cm s"1). Laboratory experiments and calculations show that the role of 
diffusiophoresis in liquid clouds is small compared to the effect of condensation 
and coagulation. However, in so-called mixed clouds containing both liquid 
drops and ice crystals, a relatively large number of particles can be removed by 
growing solid cloud elements (Vittori and Prodi, 1967).

Once a cloud is formed there are two possibilities concerning its future fate. 
One possibility is that the cloud partially or totally evaporates. In this ease 
absorbed trace constituents become airbome again. However, a new aerosol 
speetrum is produced in this way compared to the size distribution before cloud 
formation, since one drop generally captures several aerosol particles and somé 
trace gases are transformed irreversibly in cloud water (see the previous para- 
graph) to acids or salts. Thus, the average size of airborne particles is markedly 
larger after cloud evaporation than it was before cloud formation, which 
promotes the further removal of particulate matter.

The other obvious way is that materials imbedded in water are carried by 
precipitation to the surface of the Earth; that is, they are definitively removed 
from the air. There is no intention here to discuss the formation of precipitation. 
We only mention that it is believed that the coalescence of large drops with 
smaller ones (see Chapter 3) as well as the deposition of water vapor on ice 
crystals (see Chapter 4) are the predominant processes.

The wet removal of aerosol particles is continued below the cloud base, where 
they are captured by falling precipitation elements (snow crystals, raindrops) 
due to gravitational coagulation. This type of coagulation is caused by the 
difference between falling speeds of the aerosol particles and the raindrops or 
snow crystals similarly to the coalescence of larger and smaller drops (see 
Subsection 3.5.3 and Appendix II). Fór this reason precipitation elements are 
considered to be small impactors (see Subsection 2.1.2).

According to the theory (Greenfield, 1957) the mass concentration of aero
sol particles below the cloud base decreases exponentially with time due to wet 
removal. The process is effective in particular in the coarse (giant) partiele size 
rangé, caused by the fact that in the ease of a given raindrop size the collection 
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efficiency decreases with decreasing partiele size (see Appendix II). Thus, 
Greenfield demonstrated that at a rainfall rate of 2.5 mm hr-1, 75-80% of 
particles with a radius of 10 pm are removed during one hour. On the other 
hand, the model calculations of Scott (1978) show that the sub-cloud scaveng
ing of sulfate particles is of secondary importance compared to in-cloud removal 
caused mainly by condensation.

Unfortunately it is very difficult to determine the wet deposition rate of 
aerosol particles alone on the basis of the Chemical analysis of precipitation 
water. The difficulty is due to the fact that gaseous trace constituents are 
absorbed by cloud and precipitation elements, and they are subsequently trans- 
formed in the water to species similar to those found in the particulate matter. 
Considering, e.g., sulfur compounds, Scott (1978) assumes on the basis of his 
removal modeling that the sulfate mass measured at the surface in rainwater can 
be attributed totally to the scavenging of airborne sulfate particles. On the other 
hand, the comparison of the ratios of ammonium to sulfate in aerosol and 
rainwater indicates (Oppenheimer, 1983) that aqueous phase oxidation of sulfur 
dioxide is the major pathway to the formation of precipitation sulfate. It is alsó 
reasonable to assume that the scavenging of HN03 vapor plays an important 
part in the control of nitráté content in precipitation (Chang, 1984). There is 
somé indication, however, that in remote oceanic air, where the SO2 concentra
tion is low, excess sulfate deposition rate is mostly controlled by the in-cloud 
scavenging of sulfate particles (E. Mészáros, 1982). In these areas the sulfate 
deposition rate has a magnitude of 0.1 gm~2y-1. If sulfate particles are nőt 
neutralized, they play an important part in the control of the acidity in precipita
tion under clean oceanic conditions (Vong et al., 1988).

The deposition rate of elemental carbon, occurring only in aerosol phase, was 
determined by Ogren et al. (1984). They found that in Seattle (Washington, 
USA) and at a rural site in Sweden the wet deposition flux is equal to 
0.05 g m ~ 2y ~1. In recent years many studies have been devoted to measure trace 
organic compounds in precipitation, including the particulate phase. Ligocki 
et al. (1985) demonstrated that the removal of neutral organic particles was less 
important than gas phase scavenging fór the same compounds. They assumed 
that this is due to the fact that these particles are nőt likely to act as condensa
tion nuclei and their scavenging is controlled by sub-cloud processes which 
remove only larger particles from the air.

Our knowledge about the deposition of atmospheric trace metals was sum- 
marized by Galloway et al. (1982). According to their compilation the deposi
tion rate of the metals studied is controlled by the particulate phase. Dry and 
wet deposition are of comparable magnitude. At remote places the búik (dry + 
wet) deposition of both lead and copper is around 10~4 g m~2y~ In a more 
recent review Duce (1986) proposes a mean Al deposition rate of 
1.2x 10 2gm~2y”' fór the air above the tropical North Pacific, while the 
corresponding value he gives fór the tropical North Atlantic is about four times 
greater.

Finally, we note that while dry and wet deposition are sink mechanisms fór 
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the particulate matter in the atmosphere, they constitute an important matéria! 
input intő other média of our environment. Under natural conditions undis- 
turbed by humán activities this matéria! flow is an essential nutrient source fór 
terrestrial and aquatic ecosystems. However, anthropogenic pollutants removed 
from the air by dry and wet deposition may cause serious environmental 
problems, like acidification of soils and waters (e.g. Swedish Ministry of Agri- 
culture, 1982), eutrofication of lakes (e.g. Horváth et al., 1981b) and increasing 
pollution of óceán waters (Duce, 1986).

2.6.3 Residence time of aerosol particles in the atmosphere

Atmospheric aerosol particles are continuously produced and removed. Due to 
the interaction of source and sink mechanisms they spend a certain time in the 
atmosphere, called the residence time. It is obvious that residence time is a 
function of the physical, Chemical and dynamic State of the atmosphere as well 
as of the properties of the particles. As we have seen in the last subsection, the 
precipitation régimé influences considerably the fate of atmospheric aerosols1.

1 On the other hand, as we will see in the next chapters, atmospheric particles affect significantly 
the State of the atmosphere and the cloud and precipitation formation.

2 We mention that the residence time of sulfate particles in the stratosphere is at least 1 ycar 
because of the lack of water and of the slow mixing between the troposphere and stratosphere.

We have alsó seen that during dry weather periods Aitken particles coagulate 
rapidly to form large particles. On the other hand, coarse particles fali out 
relatively quickly from the atmosphere due to sedimentation. Owing to the 
interaction of these two processes, particles with a radius around 0.3 pm will 
accumulate in the air. However, particles in the large size rangé are removed 
effectively by wet removal. Figure 2.22 (after Jaenicke, 1978c) represents the 
residence time of tropospheric aerosol particles2 as a function of their size. It 
can be seen that maximum values occur in the large size rangé. The residence 
time of these particles increases with increasing altitude because wet removal 
is less important at higher altitudes. It follows from the curve relative to the air 
below 1.5 km that the residence time of particles with a radius of 0.3 pm is 
around 10 days, while particles smaller than 0.1 pm remain in the air as in- 
dividual particles only fór at most one day. The curve alsó shows that the 
residence time of particles with a radius of 10 pm is one day'.

Several attempts have been made to estimate separately the residence time of 
special components in the atmospheric aerosol. Thus, on the basis of budget 
studies Rodhe (1978) proposes fór particulate sulfate a residence time of about 
3 days, a value essentially similar to that published by Müller (1984) fór nitráté 
particles. Müller based his estimates, among other things, on the size distribu
tion of different species. We alsó note that the investigation on the atmospheric 
cycle of elemental carbon made by Ogren and Charlson (1983) resulted in a 
residence time of 2 and 7 days fór rainy and dry regions, respectively, while 
Müller (1984) estimated a figure of 4.5 days fór elemental carbon. Further,
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Fig. 2.22
Residence time of aerosol particles in the atmosphere as a function of their radius (Jaenicke, 

1978c). (By courtesy of Bunsen Gesellschaft)
Note: While wet removal is very effective, particles in the 0.1 pm size rangé accumulate since 

precipitation falls relatively unfrequently.

Duce (1978) assumed alsó using a budget approach, that fine organic aerosol 
particles have residence times between 4 and 7 days. On the other hand, he 
determined a value of 2 days fór coarse organic particles. Finally, Müller 
(1984) proposed residence times fór different metals between 1 and 4 days.

2.7 Mathematical modeling of atmospheric aerosols

In recent years mathematical models have been developed to simulate the 
formation, evolution and removal of atmospheric particles. Since in these 
models all the processes we discussed are taken intő account, we close this 
chapter with a brief summary of these numerical procedures. While the generál 
dynamic equation fór such a study was elaborated several years ago (see 
Friedlander, 1977) it was only very recently applied to multicomponent tropo
spheric Systems (Pilinis et al., 1987).

Consider an aerosol with continuous partiele size distribution denoted by 
q(x), where x is the natural logarithm of the mass of a partidé. The totál mass*

' The same approach is valid fór the number of the particles.
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of the particles (g1) is obviously given by:

Q'= ( q(x) dx 1=1,2,... (2.16)
X|

where q(x)dx is the partiele mass in the rangé (x, x + dx) and x, and x1+1 are 
the lower and upper limits of the size rangé 1, respectively.

Neglecting horizontal diffusion the dynamic equation deseribing the evolu- 
tion of the concentration of species i in the l* rangé can be represented by the 
following generál equation

. c.17)
Öt \ öí / cond/evap. \ / coag. \ Öt / sources/sinks

In this equation the first term on the right-hand side represents the concentra
tion increase/decrease caused by condensation and evaporation. The second 
term gives the variadon of concentration as a function of partiele coagulation, 
while the third term represents the formation through nucleation or primary 
emission as well as the removal through wet and dry deposition.

The determination of different terms in Eq. (2.17) are rather complicated. Fór 
this reason the details are nőt discussed here. We only note that Eq. (2.17), 
completed by a diffusion term, was successfully applied to deseribe the dynamics 
of aerosol particles in the air over the Los Angeles basin consisting (on a mass 
basis) of 20% sulfates, 25% nitrates, 10% elemental carbon, 20% organic carbon 
(primary and secondary), 25% soil, metals and water (Pilinis et al., 1987). The 
evolution of the number size distribution of particles in the maríné boundary 
layer was studied by mathematical modeling by Fiztgerald and Hoppel 
(1988). They considered a well-mixed boundary layer in which advection and 
diffusion can be neglected. Sources taken intő account were sea salt production 
and fine partiele formation by nucleation. Beside terms in Eq. (2.17) Fitz- 
gerald and Hoppel (1988) alsó took intő consideration the cloud formation 
on the particles. While many similarities were found between the results of 
calculations and observations, the model was unable to simulate correctly the 
size distribution in the Aitken size rangé. This means that further research is 
needed to understand the behavior of the tropospheric aerosol under back- 
ground conditions.

Attempts have alsó been made to deseribe the dynamics of stratospheric 
aerosols. Thus, Turco (1982) used fór this purpose a generalized aerosol 
continuity equation including the input of tropospheric Aitken particles and 
sulfur gases, as well as the effects of meteoric dúst and galactic cosmic rays. The 
evolution of stratospheric sulfate particles was simulated by taking intő account 
the following processes: adsorption, nucleation, condensation, evaporation and 
coagulation. The number of aerosol particles was supposed to decrease by 
diffusion intő the troposphere.

By using a one-dimensional approach, Turco was able to calculate the 
vertical profile of the concentration of sulfur gases and sulfate particles up to 
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a height of 40 km. The results obtained were in reasonable agreement with 
observed concentrations. The model alsó made it possible to estimate the effects 
of anthropogenic sulfur gases on the distribution of sulfate particles in the 
stratosphere, as discussed in Subsection 2.4.3 of this book.
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3. Cloud condensation nuclei

3.1 Statement of the problem

The supersaturations which accompany cloud formation in the atmosphere are 
quite low (see later). Consequently cloud droplets form on a special eláss of 
aerosol particles called cloud condensation nuclei (CCN).

The results discussed in Chapter 2 show that the number of aerosol particles 
in the atmosphere varies approximately from 102 cm-3 to 105 cm-3 as a func
tion of the interaction of partiele sources and removal processes. On the other 
hand, according to atmospheric observations the concentration of water drop
lets in clouds of different types is between 10 cm-3 and 103cm-3 (Mason, 
1971). This implies that cloud droplets form only on a fraction of the aerosol 
particles. Thus, the aim of the research in this field is to determine the natúré 
of particles which can serve as CCN under atmospheric conditions.

The problem can be approached in the following way. If we determine the 
physical and Chemical properties of the aerosol particles as discussed in Chapter 
2 and we calculate the critical supersaturations corresponding to those charac
teristics by using a thermodynamic theory (see Section 3.2), the fraction of 
particles active in condensation can be estimated: the lower the critical super
saturation of a partiele, the higher is the probability fór its participation in cloud 
formation. To understand the significance of critical supersaturation in more 
detail let us consider an expanding air parcel in an updraft. Because of cooling, 
the relatíve humidity of the air parcel becomes higher and higher. After passing 
the saturation level (relatíve humidity of 100 per cent), cloud droplets begin to 
form on aerosol particles1. By the further increase of saturation (called super
saturation) more and more nuclei become active. Due to water vapor consump- 
tion by nuclei the supersaturation begins to decrease at a certain time (at a 
certain level in the cloud). Fór that given parcel of air, only those particles can 
serve as condensation nuclei whose critical supersaturation is equal to or less 
than the maximum supersaturation which was reached. Hence, the cloud-physi- 
cal importance of a partiele can be characterized by its critical supersaturation, 
which in turn is a function of the physical and Chemical properties of the 
partidé.

The concept of critical supersaturation alsó gives a possibility fór measuring

' It is to be noted that watcr-solublc (hygroscopic) aerosol particles can occur in the air in liquid 
phase even below the saturation level. However, these liquid particles cannot be considered cloud 
droplets since they arc in stable equilibrium (see later).
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atmospheric nuclei. If in a suitable volume of air, generally in a chamber, a given 
low supersaturation is created, the number of CCN having a critical super
saturation equal to or lower than the supersaturation in the chamber can be 
determined by counting the cloud droplets formed (see Section 3.3). If this 
measurement is carried out at different supersaturations, the so-called super
saturation spectrum is obtained, which is the number of active nuclei as a 
function of supersaturation. The value of such observations is particularly high 
if they are combined with other measurements of the physical and Chemical 
characteristics of the particles as discussed in Section 3.4.

It follows from the above discussion that the concentration of droplets in a 
cloud, at a given updraft speed, depends primarily on the number of CCN. If 
the number of particles with low critical supersaturation is large, the concentra
tion of cloud droplets is high and their average size is small since the amount 
of water vapor available is divided among the large number of nuclei. On the 
contrary, if the number of CCN is small, a droplet population of low concentra
tion and large average size will be produced. Since the formation of precipitation 
in a cloud depends, among other factors, on the size of cloud droplets, the CCN 
stongly influence the ability of clouds to precipitate. Fór this reason the last 
section of this chapter is devoted to the presentation of the relationship between 
CCN and cloud and precipitation formation.

3.2 Theory of condensation

Condensation is a form of nucleation in which liquid water is formed from water 
vapor. Generally speaking, nucleation is the initiation of the phase change of 
a substance during which a more condensed State is formed at certain points 
within the less condensed State. If only molecules of the condensing substance 
(water in our ease) are involved in the process, the condensation is called 
homogeneous. In contrast, if the phase change takes piacé on nuclei composed 
of other substances, the process is termed heterogeneous. As it was mentioned, 
in the atmosphere cloud droplets form on CCN at low supersaturations, hence 
atmospheric condensation is a heterogeneous process. The basic theory of 
heterogeneous condensation is based on the theory of homogeneous condensa
tion. These concepts are presented in Appendix I.

3.2.1 Condensation on water-soluble nuclei

Based on the theory of homogeneous condensation (see Appendix I), the role 
of condensation nuclei can be readily understood. The nuclei decrease the 
supersaturation necessary fór germ1 formation. On the other hand, on certain 
nuclei germs can form spontaneously. From the point of view of water con- 

1 Alsó called an embryo of critical size: a droplet in unstable equilibrium with its environment.
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densation, atmospheric particulate matter can be classified as: water-insoluble 
or water-soluble substances, or mixtures of the two. In this subsection the theory 
of the water vapor condensation on water-soluble nuclei is briefly presented. 
This theory can easily be applied even fór mixed particles.

Fór understanding the role of water-soluble particles in condensation let us 
consider a system which consists of water vapor and of a soluble nucleus. Let 
the dry radius and the mass of the nucleus be denoted by ro and mo, respectively. 
If we raise the relative humidity in the system, the nucleus becomes a saturated 
solution (consequently its radius becomes larger) even before the relative humid
ity reaches 100%. This is due to the fact, well-known from physical chemistry, 
that the equilibrium vapor pressure over a solution is lower than over pure 
water. While there is alsó a slight dependence on the dry partiele radius, the 
phase change from dry partiele to saturated solution droplet (called deliques- 
cence) takes piacé very near a relative humidity characteristic of the substance 
of the nucleus, namely, the relative humidity at which the saturated solution is 
in equilibrium with its vapor environment (it is about 75% and 80% fór sodium 
chloride and ammonium sulfate, respectively). The change in free energy of the 
system during droplet formation (before and after deliquescence of the nucleus) 
can be calculated using a thermodynamic approach. The principles of such a 
calculation can be summarized as follows (fór the mathematical details see 
Köhler, 1950 and Mészáros, 1969).

Suppose that the vapor pressure (pj is between the equilibrium values fór the 
saturated solution of the substance (p2oo) and fór pure water (p2®)- If we 
represent the free energy change as a function of the radius fo the solution 
droplet, the curve labelled by p2oo<Pi<P2® in F’g- 3.1 is obtained. At this 
vapor pressure the nucleus grows spontaneously until its radius reaches ra. Fór 
further growth (and alsó fór shrinking) free energy is needed since AFincreases 
with increasing (or decreasing) droplet radius. Considering that AF has a 
minimum, the droplet with radius r, is in a stable equilibrium with the vapor1. 
This means that in spite of the fact that we have a droplet it cannot be 
considered as a germ of condensation (which is in unstable equilibrium). If such 
a stable droplet gains or looses water molecules by random fluctuations, it will 
tend to regain its original size again by subsequent fluctuations. In contrast, if 
a small supersaturation is created in the system (p2oo <Pi <p*; the physical 
explanation of p* is given below) the soluble partiele can have two equilibrium 
radii: one of them (rb) represents a stable, the other (rc) an unstable State. Thus, 
the free energy of germ formation (ÖF*) is given by the diflerence AFC- AFb and 
the requirement fór germ formation at px<p* would be the growth of the 
droplet from rb to rc by random fluctuations. If the supersaturation is further 
increased, the diflerence between rb and rc becomes smaller and smaller. Finally, 
at a vapor pressure p* the critical supersaturation is reached at which 
rb - re - r*. that is the minimum and the maximum coincide. Under this 

1 Such u droplet is called haze partidé.
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condition AF* = O and the curve has an inflection point. Above the critical 
supersaturation condensation takes piacé spontaneously on soluble nuclei with 
dry radius of r0; clearly, 5* and r* are functions of r0.

The relationship between supersaturation and droplet radius fór water- 
soluble nuclei can be obtained if we take intő account the presence of soluble 
matériái in the liquid droplet. It can be demonstrated (Dufour and Defay, 
1963; Mészáros, 1969) that this relationship can be given by the following 
expression1: - ,

1 An equation of this type was first developed by Köhi.er (1926). Fór this reason it is frequcntly 
referred to as the Köhler’s formula.

2 Note that fór pure water at 0" C: n, ■ 3.3 x 1022 cm 3.

p2a> n2kTr

where crj2 is the specific surface energy of the liquid-vapor interface, n2 is the 
number of molecules in unit volume of the solution, k is the Boltzmann constant 
(1.381 x 10“23 JK-1), T is the temperature, while f and x are the osmotic 
coefficient and the concentration of water molecules in the solution, respective- 
ly. In Eq. (3.1) the solution is considered “reál”, which means that the interac- 
tion of solvent and solute molecules is nőt neglected, by inclusion of a correction 
factor, the so-called osmotic coefficient of water.

The numerical values of <rj2 and/fór ammonium sulfate are listed in Table
3.1 as a function of x:

«2
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Q
while n2 in Eq. (3.1) is as follows2:

In these latter two formuláé q, q and g0 are the density of pure water, solution 
and dry soluble matéria!, respectively, n0 is the number of molecules in unit 
volume of soluble matéria!, and v is the number of ions formed during the 
dissociation of one molecule of the solute (3 fór ammonium sulfate, 2 fór sodium 
chloride). Fór ammonium sulfate g0 = 1.769 g cm ~3, n0 = 4.559 x 1021 cm-3, 
while the values of q' are given in Table 3.1.

After a simple mathematical transformation, Eq. (3.1) yields
Pi , ^a\2 r

------- 1 “ ~ ~jvxPm n2kTr
(3.2)
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Variation of the free energy change (AF) of droplet formation as a function of droplet radius in 
the case of a soluble partiele with radius r under different vapor pressure conditions (see the text)

Specific surface energy (ai2), osmotic coefficient (/) and density (g') of 
ammonium sulfate Solutions as a function of the concentration of water 

molecules in the solution at a temperature of 0 °C

Table 3.1

X <7'12 [10 3 Jm 2] / ö'[10 3 kg m 3]

1 75.60 — 0.9999
0.9997 75.61 0.87 1.0077
0.9994 75.62 0.84 1.0081
0.9985 75.66 0.79 1.0091
0.997 75.72 0.76 1.0107
0.994 75.84 0.73 1.0140
0.985 76.20 0.68 1.0240
0.97 76.81 0.65 1.0405
0.94 78.03 0.62 1.0733
0.85 81.66 0.57 1.1698
0.79 84.09 0.56 1.2326

since x- 1 - -vx', where x' is the concentration of solute molecules in the 
solution:

«o~
0o

— + vn0 —
Q / 0o

/ 4 0 3
V 0

If the solution becomes dilute (x'->0), then/-U, q'-*q, n'2^n2 and 
Further. in this case the second term in the denominator becomes negligible 
relatíve to the first one and alsó in the parenthesis can be neglected. Thus. 
Eq. (3.2), fór a partiele of given size and natúré, transforms to1

1 It is to be noted, however, thal this is truc only in a first approximation. The error made by 
assuming thal CCN fönn dilute (weak) Solutions is discussed by Saxena and Fisher (1984).
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S A B
100 r r3

where S it the supersaturation, while
2<712

A = —— and «2kT

(3.3)

Wi>

«2
B =

Since around the critical supersaturation (SJ the solution can be considered 
dilute, by means of Eq. (3.3) we can determine Sc as a function of the dry radius 
of the soluble nucleus (r0). A simple calculation shows that

Sc = 100
4^\1/2
275/

(3.4)

This formula makes it possible to obtain the supersaturation spectrum from the 
size distribution of particles, and vice versa (see later) if all particles are of the 
same soluble substance. On the other hand, if both spectra are simultaneously 
measured B can be calculated fór estimating the solubility of the aerosol and 
fór checking the theory (Fitzgerald and Hoppel, 1982).

The results of calculations, using Eq. (3.2), fór ammonium sulfate nuclei are 
illustrated in Fig. 3.2. These calculations were made fór a temperature of 273 K. 
The curve calculated fór pure water droplets is alsó plotted fór comparison. To 
interpret the curves let us suppose that the supersaturation is 0.006 (as given by 
the horizontal dotted line). An ammonium sulfate partiele with a mass of 
m0 = 10-17 g has two equilibrium radii at this supersaturation. In agreement 
with the curve labelled by p2aa <Pi <p* in Fig. 3.1, rb and re give the stable and 

Fig. 3.2
Relationship between supersaturation (pilp2 ) and equilibrium droplet radius (r) fór pure 

water and (NH4)SO4 Solutions (mn is iné dry mass of ammonium sulfate nuclei)
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the unstable equilibrium radii, respectively. It can be seen from Fig. 3.2 that at 
this supersaturation rb = rc = r* fór a partiele with a mass of m0= 10“16 g. This 
means that 0.6% supersaturation is the critical value fór this partidé. Figure 3.2 
alsó shows that the critical supersaturation fór solution droplets is lower than 
that fór pure water droplets of a given radius.

It should be emphasized that soluble materials can be combined in the 
atmosphere with insoluble particles (see Chapter 2). The thermodynamics of the 
condensation of water vapor on these mixed nuclei is simple if we assume that 
the insoluble core is entirely wettable. In this case the second term on the 
right-hand side of Eq. (3.3) is B/(r3- R^), where Ro is the radius of insoluble 
particles (Dufour and Defay, 1963). Another possibility is to multiply the value 
of B in the same equation by a factor giving the mass fraction of soluble matéria! 
in the partiele (Fitzgerald and Hoppel, 1982). This factor is equal to 0 fór 
insoluble and to 1 fór soluble nuclei.

Fór mixed nuclei in which the insoluble core is nőt entirely wettable (Mészá
ros, 1969) and/or if it has an uneven surface (Levkov, 1970) the theory is more 
complicated. These cases are nőt discussed in this volume because of the lengthy 
mathematics needed. We only note that these formai complications do nőt 
change our main conclusion: the presence of a soluble substance reduces con- 
siderably the free energy of germ formation.

3.2.2 Condensation on insoluble particles

As we will see in Section 3.4, CCN are composed mostly of hygroscopic 
materials. However, fór the sake of completeness, the principles of condensation 
on insoluble particles are briefly outlined in this subsection. Fór further details 
the interested reader is referred to Appendix I of this book.

The theory of condensation on pláne insoluble substrate was first elaborated 
in the thirties (see Volmer, 1939). It was extended to the case of curved surfaces 
by Krastanov and his associates (see Krastanov and Miloshev, 1963) as well 
as by Fletcher (1962). Condensation on insoluble particles can be readily 
analyzed if we assume that the surface of the nucleus is completely wettable with 
liquid water, that is, the contact angle between the liquid and the solid is equal 
to zero. This situation would correspond to the case when there is no change 
in free energy associated with replacing the surface between the vapor and solid 
phases by a solid-liquid and liquid-vapor surface of infinitesimal thickness, 
since <713 = <r12 + ct23 in this case (where 1, 2 and 3 refer to vapor, liquid and 
solid phase, respectively). In other words, a water-insoluble bút wettable partiele 
behaves exactly like a pure water droplet of the same size.

It then alsó follows that the relationship between supersaturation and critical 
germ radius fór pure water1 is valid fór this case, too. The activities of soluble

1 This relationship is given by Eq. (3.1) if we do nőt considcr the second term at the right-hand 
side (/Inx). Fór insoluble particles the radius of the water droplet must be substituted by the radius 
of the particles.
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Variation of the critical supersaturation fór soluble (NH4)2SO4 and insoluble, wettable particles 
as a function of the radius of nuclei

and insoluble particles may be compared on the basis of Fig. 3.2. This com
parison makes it evident that the critical supersaturation fór soluble nuclei is 
lower than fór insoluble particles. This fact is further illustrated in Fig. 3.3 where 
the critical supersaturation (Sc) is plotted as a function of the radius of insoluble 
particles and of the dry radius of soluble nuclei. One can see from this figure 
that at a supersaturation of 0.5%, fór example, ammonium sulfate particles with 
a dry radius larger than 0.02 pm serve as active CCN. Fór insoluble nuclei the 
corresponding value is larger by an order of magnitude.

It should be noted that the theory outlined above have somé shortcomings. 
First, it is valid only fór wettable nuclei. The problem is much more complicated 
if the substance of the nucleus is nőt completely wettable with water. Without 
going intő details we mention that the thermodynamics of condensation fór this 
case was elaborated by Fletcher (1962) and independently by Krastanov and 
Miloshev (1963). The main result is that fór such particles higher supersatura
tion is needed fór a given radius. Second, it was assumed that particles are 
spherical. This assumption simplifies the mathematics, bút is physically ques- 
tionable since aerosol particles may have variable forms. Third, small-scale 
surface properties can alsó play an important role in condensation processes as 
discussed by Krastanov and Miloshev (1980). These authors alsó demon- 
strated theoretically that the absorption of foreign molecules on the surface of 
nuclei modifies the condensation activity. Further research is needed, however, 
to clarify these points.

The theory of water vapor condensation on insoluble substrates was tested 
fór pláne surfaces and fór aerosol particles of different natúré. Thus, Twomey 
(1959c) found good agreement between theory and experiment in the case of 
pláne surfaces. However, Hudson et al. (1982) demonstrated that the critical
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supersaturation of both silver iodide and fly ash particles was much lower than 
the theoretical values. Whether this discrepancy is caused by the contamination 
of aerosol samples with somé soluble matéria! remains an open question.

3.3 Concentration and supersaturation spectra of cloud 
condensation nuclei

3.3.1 Principle of diffusion chambers

The first observations on condensation nuclei were carried out with expansion 
chambers (see 2.2.1). Since the supersaturations in the expansion chambers are 
typically several hundred percent, practically all the particles in the air are 
activated to form water droplets of detectable size. The particles detected in this 
way are termed the Aitken nuclei.

Theoretical work (Howell, 1949; Mordy, 1959) and observations made in 
clouds (Warner, 1968a) and fogs (Gerber, 1982; Saxena and Fukuta, 1982) 
have shown that supersaturations in natúré are very low compared to those in 
expansion chambers. Low supersaturations (fraction of a percent to a few 
percent) can be created in so-called diffusion chambers. These chambers, used 
previously in cosmic physics (Langsdorf, 1936), were first applied in the fifties 
to measure the concentration of cloud condensation nuclei in the atmosphere 
(Holl and Mühleisen, 1955; Wieland, 1955; Twomey, 1959a).

In a diffusion chamber a steady State ílux of water vapor is maintained 
between two wet surfaces having either different temperatures or different solute 
concentrations. The former type is called the thermal-gradient diffusion cham
ber, while the latter constitutes the eláss of Chemical diffusion chambers. Except 
fór somé early work (e.g. Twomey, 1959a), thermal diffusion chambers have 
been generally used.

Figure 3.4 illustrates the operating principle of a thermal diffusion chamber. 
First, the chamber is filled with sample air through an inlet. Water vapor diffuses 
from the warmer surface with temperature Tw toward the cold surface with 
temperature Tc. The steady-state temperature gradient and vapor pressure 
gradient established in the chamber are linear (solid line). However, the relation
ship between saturation vapor pressure and temperature is non-linear (dotted 
line). Fór this reason a supersaturation is created at all levels in the chamber, 
the maximum supersaturation occurring nearly midway between the two sur
faces. This maximum supersaturation (Sm) can be approximately calculated as 
a function of the temperature difference:

S. -

By illuminating the chamber at a level where Sm occurs, the droplets in a given 
volume may be photographed to detennine the concentration of CCN with a 
critical supersaturation less than or equal to Sm. From a series of measurements
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CLOUD CHAMBER

Fig. 3.4
Operating principle of a thermal diffusion chamber according to Radke and Jiusto (1981). The 
lower part of the figure represents the relationship between vapor pressure (p) and temperature 
(T) in the chamber (solid line) as well as fór pláne water surface (dőlted line). The indices w and c 
denote the warm and cold surfaces, respectively. (By courtesy of Galway University Press)

with different (Tw-Tc) and hence different Sm values, we can determine the 
concentration of CCN as a function of supersaturation. In this way the so-called 
supersaturation spectrum is obtained. The chamber illustrated in Fig. 3.4 is 
called the static diffusion chamber referring to the air sample being kept without 
motion in the chamber. Without going intő details we note that the tedious 
analysis of photographic images can be avoided by using an automatic image 
analyzer or by measuring the intensity of light scattered by the droplets (Radke 
and Jiusto, 1981).

The slow sampling rate of static diffusion chambers can be improved by 
maintaining a continuous ílow of air through the chamber. In these instruments, 
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called dynamic flow chambers (Laktionov, 1968; Hudson and Squires, 1976) 
droplets existing in the chamber after activation and growth are generally 
counted by measuring the light impulses scattered by individual droplets. The 
dynamic flow chambers can be designed to sustain a rangé of supersaturations 
(Fukuta and Saxena, 1979). This makes it possible to measure the supersatura
tion spectrum with a high resolution in space and time.

A generál drawback of the chambers discussed so far is the fact that they can 
be used only fór supersaturations exceeding about 0.15%. Fór measurements at 
supersaturation below this value isothermal haze chambers are used (Lak
tionov, 1972; Hudson, 1980). The principle of this type of device is very simple. 
In a chamber the air sample is saturated with water vapor so that hygroscopic 
nuclei can grow to their equilibrium radii at 100% relatíve humidity (r100). The 
distribution of r100-values is measured fór a sample by means of an optical 
device. On the basis of the thermodynamic theory outlined in the last section 
the critical supersaturation (Sc) of a nucleus can be inferred from its size at 100% 
humidity: 

where r 100 is given in pm and Sc is in percent. Hence, from the size distribution 
of r100 the supersaturation spectrum can be constructed if all particles are 
assumed to have the same Chemical composition. If the proportion of insoluble 
and hydrophobic particles in somé sample is high this method is a bit question- 
able. However, the method has enabled to construct supersaturation spectra 
down to about 0.01%.

Diffusion chambers of various types and design are widely used by research 
groups all over the world. To obtain a unified data set, comparison of the 
different devices is of crucial importance. The results of the International Cloud 
Condensation Nuclei Workshop held in 1980 in Reno (Nevada, USA) showed 
(Kocmond et al., 1982) that static diffusion chambers and dynamic flow dif
fusion chambers of good quality agreed with each other to within about 15%. 
However, fór isothermal haze chambers the agreement was nőt so good: only 
two of four isothermal haze chambers agreed to within about 40%. This indi- 
cates the need fór further improvement of haze chambers.

3.3.2 Results of CCN measurements

Many atmospheric observations have been carried out by means of the diffusion 
chambers discussed. Figure 3.5 shows the classical results of Twomey (1959a) 
obtained at ground levet near Sydney, Australia. The ordinate gives the con
centrations of CCN at the supersaturations plotted on the abscissa. We note 
that in Continental air the concentration of CCN is higher than in maritime air 
masses. This indicates that a major part of CCN is of Continental origin. The 
number of CCN is significant in particular under drought conditions.
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Fig. 3.5
Supersaturation spectra of cloud condensation nuclei measured at the ground level near Sydney, 

Australia, by Twomey (1959a) in air masses of different origin. (By courtesy of Birkhauserr 
Verlag)

Figure 3.6 summarizes the results of another set of measurements made by 
Jiusto and Kocmond (1968) under different conditions. Beside Twomey’s con- 
clusions these curves demonstrate that in polluted air at Buffalo (New York, 
USA) the concentrations are more significant than in country air over Southern 
Francé (Lannemezan). This raises the possibility that somé CCN are produced 
by humán activities, as discussed in more detail in Subsection 3.3.4.

As it was first proposed by Twomey (1959b), several supersaturation spectra 
observed can be approximated by a power law of the form

N = CS* (3.6)

where N is the number of CCN active at S, while C and k are constant. Fór 
example, corresponding to Fig. 3.5, Twomey gives C = 2000cm-3 and k = 0.4 
fór Continental air masses, and C=125cm 3 and fc“0.3 fór maritime air 
masses. However, many authors report (e.g. Laktionov, 1975; Hudson, 1980; 
Alofs and Lin, 1981) that k varies as a function of S if supersaturation below 
0.1% is alsó included in the study. Fór example, in 22 series of measurements 
near Moscow in surface air during the period 1966-1972 Laktionov (1975) 
obtained k = 2.3 fór supersaturations below 0.1% and A* = 0.96 fór supersatura-
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Fig. 3.6
Supersaturation spectra of cloud condensation nuclei observed under different conditions 

(Jiusto and Kocmond, 1968). (By courtesy of J. Recherches Atmosphériques)

tions in the rangé of 0.16-1.0%. The corresponding standard deviations were 
found to be 0.85 and 0.54, respectively.

Table 3.2 contains the results of CCN observations carried out at ground level 
under different conditions. In the table the concentrations at supersaturations 
of 0.1 % and 0.5% are tabulated. One can see that at 0.5% the concentration of 
CCN in maritime air is below 200 cm-3, while it lies between 300 and 
1000cm"3 under Continental conditions. We may alsó note that in polluted 
atmosphereover continents theconcentrations at S=0.5% areabove 103 cm-3. 
Since the CCN concentrations in maritime and Continental air are different, it 
is reasonable to anticipate that the number of droplets in maritime and Con
tinental clouds will alsó be different. This conclusion is in excellent agreement 
with the results of droplet samplings carried out in clouds formed under mari
time and Continental conditions, as discussed in Section 3.5.

It can alsó be seen from Table 3.2 that under sub-equatorial conditions 
surprisingly high concentrations of CCN were measured. As discussion in 
Subsection 3.3.4 shows this is due to CCN produced by vegetation.
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Table 3.2
The concentration of CCN at two different supersaturations as observed at the ground level under 

different geographical conditions

Location/Conditions 0.1% 0.5% Author (s)

Hawaii, oceanic air 25 65 Jiusto (1967)
Yaquina Head, Oregon, maritime 

air 80 200 Hudson (1980)
Sydney, maritime air 80 150 Twomey (1959a)
Sydney, Continental air 300 630 Twomey (1959a)
Vicinity of Moscow, country air 100 310 Laktionov (1975)
Trinidad Head, Califomia 

unpolluted Continental air 120 700 Hudson (1980)
Lannemezan, Francé, country air 300 670 Jiusto and Kocmond (1968)
Valladolid, Spain 

country air, W winds ~370 730 Garcia et al. (1981)
Valladolid, Spain 

country air, E winds ~520 1200 Garcia et al. (1981)
Florida region, 

Continental influence w 718 (0.4%) Sax and Hudson (1981)
Rolla, Missouri, 

nonindustrial town 700 2300 Alofs and Lin (1981)
Vicinity of Abidjan, Ivory Coast, 

dry season — 1960
subequatorial monsoon — 1660 Désalmand et al. (1982)

Switzerland, mixed 
Continental air 600 3800 Wieland (1955)

San Diego, Califomia, urban air 400 2000 Hudson (1980)
Buffalo, N.Y., polluted air 550 1800 Jiusto and Kocmond (1968)
Near Jerusalem, winter season 180 930 Terliuc and Gagin (1971)
Puné, India, modified 

maritime air 250-450 400-650 (0.3%) Khemani (priváté commun.)
Nagoya, Japan - 200-1000 Okada et al. (1986)

Since specific characteristics are required fór an aerosol partiele to be a cloud 
condensation nucleus (i.e. to have SC<1%) it is to be expected that only a 
fraction of the aerosol particles serves as cloud condensation nuclei. This 
statement can be verified if we compare the observed number of CCN to the 
totál partiele (Aitken nucleus) concentration. In Table 3.3 these two parameters 
are given fór different locations as compiled by Pruppacher and Klett (1980). 
It can be seen that the relative number of CCN activated at S = 1 % lies between 
0.4% and 14%. It alsó follows from the data listed that a high totál aerosol 
concentration does nőt necessarily coincide with large concentration of CCN.

The concentration of CCN varies with time at a given location. Twomey’s 
(1977) results from five years of CCN observations carried out near the Austra- 
lian east coast (Robertson, New South Wales) indicate that the seasonal and 
yearly fluctuations of CCN concentration are very significant. Evén during one 
day important variations (between about 20 cm-3 and 200 cm-3 at S- 1%) 
were observed by Radke and Hobbs (1969) in Olympic Mts (Washington, USA) 
at an elevation of 2025 m as a function of ineteorological conditions.
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Table 3.3
Comparison between totál concentration of aerosol particles and concentration of cloud 

condensation nuclei activated at 1 % supersaturation at various locations (Pruppacher and 
Klett, 1980). (By courtesy of Kluwer Academic Press)

Location

Type of -► 
nuclei Number of Aitken 

particles (cm-3)
Number of CCN 

(cm-3)
Ratio

CCN/Aitken

Washington D.C.

Long Island (N.Y.)

Yellowstone National Park 
(Wyoming)

78 000
68 000
57 000
50 000
51000
18 000
6 500
5 700
1 000

2000
2000
5000
7000
220
110
150
30
15

0.026
0.029
0.088
0.14
0.0043
0.0061
0.023
0.0052
0.015

Finally, we note that fór any given location the frequency distribution of 
CCN concentrations over a long period of time tends to be a log-normal 
distribution with geometric standard deviations of 2 to 4. This means that the 
rangé of variability is a factor of 2 to 4 of either side of the médián in 67% of 
the occasions.

3.3.3 Aircraft observations

It is self-evident that observations made at different altitudes are of crucial 
importance fór cloud-physical studies. The first aircraft measurements of the 
concentration of CCN were made by Squires and Twomey (1966) in Continental 
air over Colorado, USA and in maritime air over the Caribbean sea. Figure 3.7 
represents their results at 5=0.35%. The important finding examplified in these 
data is that while in the air layers near the surface the differences between 
Continental and maritime air masses are significant, upper tropospheric air tends 
to have more uniform concentrations of CCN. One can alsó see that the average 
concentrations decrease with increasing height over continents while they re- 
main constant over the sea. These findings, confirmed subsequently, among 
others, by Hoppel et al. (1973) and Twomey and Wojciechowski (1969), 
support the conclusion that the major sources of CCN can be found over the 
continent. Twomey and Wojciechowski (1969) alsó found that supersaturation 
spectra measured aloft under oceanic conditions are largely independent of 
geographical locations. The value of k in the power law of the supersaturation 
spectrum is equal to 0.5, while the nearly constant oceanic CCN concentration 
at a supersaturation of 1% is around 100cm-3.
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Vertical profiles of cloud condensation nuelei at a supersaturation of 0.35% over Colorado and 
over the Caribbean Sea (Squires and Twomey, 1966). (Copyright by the American 

Meteorological Society)

The spectrum of CCN at very low supersaturations (S< 0.1 %) were extensive- 
ly measured by aircraft samplings in the Soviet Union. Figure 3.8 represents the 
results obtained by Laktionov (1975) over the Central region of the European 
territory of the USSR. We note that between 200 m and 2000 m the shape of 
the spectra practically does nőt change. In the supersaturation rangé of 
0.16<S'C< 1% the k value is equal to 0.7 at these altitudes, in an excellent 
agreement with Twomey and Wojciechowski (1969). In the rangé between 
0.025% and 0.16%, k is slightly larger: it is between 0.9 and 1.1. Above the 
mixing layer (>2000 m) the decrease with height of the number of most active 
CCN (Sc<0.1%) is more significant than the concentration decrease of nuelei 
with a critical supersaturation above the value mentioned. Fór this reason the 
slope of the spectrum becomes steeper and steeper with increasing height. 
Laktionov (1975) assumes that this is due to the more intense removal of larger 
nuelei by cloud and precipitation. Laktionov’s results alsó demonstrale that the 
concentration of CCN in the air layer near the ground depends on the character 
of the underlying surface. Thus, over the taiga in the Komi ASSR much lower 
concentrations were found than over the steppe in the central part of the 
European territory of the USSR.

The vertical profile of the CCN at low supersaturations (S<0.1%) above the 
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Fig. 3.8
Supersaturation (S) spectra of cloud condensation nuclei (CCN) at different altitudes over the 

Central part of the European territory of the USSR (Laktionov, 1975)

sea was measured recently by Hindman and Sinclair (1982). They found that 
in the maríné boundary layer near California the concentration of CCN de- 
creased with increasing height. This implies that larger nuclei with lower critical 
supersaturation are probably of maritime origin in contrast to nuclei active at 
supersaturations above 0.1 %. This point is discussed in more detail in the next 
section of this chapter.

The aircraft observations of Hudson (1984) are of interest in particular fór 
cloud-physical considerations. This author was able to make in-cloud measure
ments of CCN. In somé of the measurements, the nuclei within cloud droplets 
were excluded giving the spectra of the so-called interstitial CCN, i.e. nuclei 
which were nőt activaled in cloud formation. By comparing these supersatura
tion spectra with the spectra of all nuclei (including nuclei involved in cloud 
droplets) Hudson found that the droplets were indeed formed on nuclei with 
the lower rangé of critical supersaturation, in agreement with theoretical predic- 
tions. He alsó found Ihat fewer nuclei with higher critical supersaturation were 
activated in stratus clouds than in cumulus clouds. This finding indicates that 
higher updraft velocities and consequently higher supersaturations occur in 
cumulus clouds.
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3.3.4 Production of cloud condensation nuclei

Quantitative evaluation of the generálion of cloud condensation nuclei by 
different sources is of considerable interest fór studies in atmospheric physics 
and chemistry. As can be readily appreciated, the task of evaluating the contri- 
butions of a large variety of possible sources under highly variable meteorologi- 
cal conditions is nőt an easy task and only a partial picture can be assembled 
from the data now available. Somé of the studies carried out so far aimed at 
estimating the contribution of source regions while others attempted to examine 
the production of CCN by specific sources. Squires (1966) approached the 
problem in the following way. From Twomey’s observations near Sydney, 
Australia (Twomey, 1959a,b) he estimated the change in nucleus content be
tween clean maritime air and maritime air which moved over the continent 
during about three days, without passing near major anthropogenic sources. 
Since the lower troposphere was well-mixed, Squires assumed a spreading of 
CCN from the surface intő an air column of 3 km depth. Taking a mean 
residence time of 3 days, a production rate of 500 cm-2s-1 was estimated fór 
S=0.5%. By assuming that the oceans (60% of the totál over the Northern 
Hemisphere) do nőt produce CCN active at 0.5%, Squires concluded that the 
average natural source strength of CCN over the Northern Hemisphere is 
200 cm-2s-1.

Squires (1966) estimated the intensity of anthropogenic production of CCN 
from observations made upwind and downwind of Denver (Colorado, USA). 
He obtained an anthropogenic CCN production rate of 0.55 x 104 cm-2s-1 fór 
this city. Squires generalized this estimate by making the reasonable assumption 
that the anthropogenic production rate is proportional to the consumption of 
fuels within any area. In this way he derived 68 cm"2s“1 and 9 cm“2s-1 fór the 
average anthropogenic source strength over the USA and the Northern Hemis
phere, respectively. This means that the production rate due to humán activities 
is 14% of the intensity of natural sources in the USA. The corresponding figure 
fór the Northern Hemisphere as a whole is 5%. This conclusion is alsó supported 
by the results of Twomey and Wojciechowsk.1 (1969).

However, the foregoing evaluation does nőt exclude the possibility that 
anthropogenic production can be significant on a local scale. In addition to 
Squires (1966), several authors demonstrated that cities produce CCN: fór 
example, Kocmond and Mack (1972) observed larger CCN concentrations in 
air downwind of Buffalo (New York, USA) than upwind. On the basis of their 
observations they calculated a CCN production rate of 0.68 x 104 cm 2s 1 fór 
a supersaturation of 0.3%. According to a similar study made over St. Louis 
(Missouri, USA) Auer (1975) estimated, in agreement with Squires, a produc
tion rate of 0.43 x 104cm~2s-1 at 0.5%. Alsó over St. Louis, Fitzgerald and 
Spyers-Duran (1973) found, at a level of 600 m, downwind concentration 
increases of 52% and 94% at supersaturations of 0.17% and 1.0%, respectively. 
Recently Khemani (1985) obtained similar results in the vicinity of Bombay, 
India. Individual industrial complexes were alsó found to generate CCN: Hobbs 
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et al. (1970) reported that large paper mills in Washington State (USA) emitted 
CCN with a source strength of 1017-1019 nuclei per second active at Sc= 1%. 
Further, Pueschel and Van Valin (1978) estimated a production rate of 1016 
per second fór a coal-fired power plánt (New Mexico, USA) with a totál output 
of 2175 MW. It is believed that these nuclei mostly form by gas-to-particle 
conversion from sulfur dioxide, as discussed by Whitby et al. (1978). In agree- 
ment with this finding Hobbs et al. (1980) found that the concentration of CCN 
in plumes from coal-fired electric power plants was about 2 to 5 times higher 
than outside the plumes.

The burning of sugár cane was alsó shown to release CCN intő the atmo
sphere. On the basis of observations made in Queensland (Australia) Warner 
and Twomey (1967) calculated that the buming of 1 g of sugár cane produces 
8x 1012 CCN active at 0.5%. This value was alsó confirmed by laboratory 
experiments carried out by the same authors.

Another CCN source discussed in the literature is the release by natural 
vegetation. Such a release may be due to either vegetation burning or biological 
processes. Accordingly, Désalmand et al. (1982) determined two major CCN 
sources in Ivory Coast, Africa under intertropical conditions. The first source 
is active during dry season, the second operates during rainy saison. During dry 
season CCN are produced by bush fires. Fór rainy periods, Désalmand and her 
co-workers postulated that two phenomena are responsible fór nucleus genera- 
tion. They believe that high humidity is favorable fór the bacterial decom- 
position of plants and consequently fór the release of sulfur gases and formation 
of sulfur-containing particles. On the other hand, under humid conditions 
plants emit droplets which are rich in soluble substances. It was found that these 
sources are so intense that during the rainy season the CCN concentration 
increases in spite of partiele scavenging by precipitation.

3.4 Size and natúré of CCN

3.4.1 Estimation of the size and natúré of CCN on the basis of the 
measurements of aerosol characteristics

Theoretical considerations on water vapor condensation outlined in Section 3.2 
show that there is a well-determined relationship between the physical and 
Chemical properties of the particles and their activity in condensation processes. 
Larger and more hygroscopic nuclei have lower critical supersaturations than 
smaller and less water-soluble particles. Thus, by measuring the characteristics 
of the particles their role in cloud and fog droplet formation can be estimated. 
I he size distribution of aerosol particles can be converted intő a supersaturation 
spectrum if the Chemical composition is known fór particles of different sizes. 
The aim of this subsection is to discuss these problems in more detail.
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The first issue to be mentioned is whether the number of large and giant 
hygroscopic particles is sufficient to explain condensation in atmospheric 
clouds. This question is interesting mostly because of historical reasons; it was 
believed in the pást that large sea salt particles (see Chapter 2) play an essential 
role in cloud formation even above the continents (e.g. Köhler, 1936). This 
hypothesis was questioned on the basis of the low production rate of sea salt 
particles relatíve to the figure necessary to explain the removal of nuclei from 
the atmosphere by precipitation (see Mason, 1957). Further, the results of direct 
observations of chloride (sea salt) particles in the atmosphere showed, mainly 
under Continental conditions, that their number is generally much lower than 
the concentration of cloud droplets (Rau, 1955; Mészáros, 1964). Finally, 
results of direct observations on CCN have demonstrated that their concentra
tion is much higher under Continental conditions than over oceanic areas (see 
Subsection 3.3.2). This does nőt exclude the possibility, however, that sea salt 
particles constitute an important eláss of CCN under oceanic conditions if the 
supersaturation is low. Thus, by re-calculating the sea salt size distributions 
measured by A. Mészáros and Vissy (1974) intő supersaturation spectra, Mé
száros et al. (1975) showed that at small supersaturations (S<0.03%) chloride 
particles have a dominant role in droplet formation over oceanic areas. These 
authors alsó reported that with increasing supersaturation the importance of sea 
salt nuclei decreases. Fór example in the air over the Atlantic Óceán between 
latitudes of 40°-60° S only about 16% of the cloud nuclei active at a supersatura
tion of 0.3% are composed of sodium chloride.

Another possibility is that large and giant particles (r > 0.1 pm) constitute the 
majority of CCN, independently of their Chemical composition. This hypothesis 
was proposed by Junge (1963) on the basis of his aerosol observations. A 
necessary (bút nőt sufficient) condition fór the correctness of this hypothesis is 
that the number of large and giant particles exceed the concentration of cloud 
droplets. However, results of simultaneous aircraft observations made over 
Hungary (A. Mészáros, 1969) and the USA (Hidy et al. 1970) indicate that the 
concentration of large and giant particles is rather low compared to that of 
cloud droplets. In Table 3.4 the results obtained by A. Mészáros (1969) are 
tabulated. The first line gives the number of large and giant aerosol particles 
under the base of freshly formed summer cumuli, while the second line contains 
the droplet concentration measured above the cloud base. These observations 
indicate that in the highest case (cloud number 2) one-third of the droplets could

Table 3.4
Concentration of large and giant aerosol particles (A) and cloud 

droplets (n) in five different cases (A. Mészáros, 1969). (By courtesy 
of Academia - Prague)

1 2 3 4 5

N [cm-’] 
n [cm “3] 
N/n [%[

330
2300

14

350
1080

32

300
1660

18

220
1100

20

500
2300

22
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have formed on large and giant aerosol particles. The average of the five sets 
of observations is around 20%. On the basis of these data we can conclude that 
somé fraction of Aitken particles (r<0.1 pm) alsó contribute to cloud nuclei 
under atmospheric conditions. It follows from thermodynamic calculations (see 
Fig. 3.4) that these particles must consist of water-soluble materials.

Measurements of the Chemical composition of the water-soluble fraction of 
Aitken-sized aerosols (in dry State) show that these particles are mainly com- 
posed of sulfur species, like ammonium sulfate and sulfuric acid, as discussed 
in more detail in Chapter 2. This means that small sulfate particles play an 
important role in the condensation of atmospheric water vapor. It should be 
mentioned in this respect that according to the calculations of Mészáros et al.

at a supersaturation of 0.3% the number of CCN, calculated on the basis 
of the size distribution of sulfate particles with a radius larger than 0.03 pm, is 
comparable to the concentration of cloud droplets, both measured under ocean- 
ic conditions. In a more recent study Clark et al. (1987) alsó found that sulfate 
particles in the fine size rangé constitute the eláss of CCN in oceanic air.

However, the problem is more complicated if water-soluble materials (e.g. 
sulfur species) are mixed with insoluble substances. This can be the case mostly 
above Continental locations. The question was studied by Junge and McLaren 
(1971) who converted measured aerosol size distributions intő supersaturation 
spectra fór assumed mass fractions of soluble materials in the particles of 
between 0.1 and 1.0. They found that while the shape of the CCN speetrum is 
independent of the mass fraction, the Chemical composition strongly influences 
the CCN concentration at a given supersaturation. Similar results were obtained 
by Mazin (1980) and Fitzgerald (1973). Fitzgerald compared the observed 
and calculated CCN spectra. These latter spectra were determined on the basis 
of aerosol size distribution measurements carried out in Fort Collins, Colo. 
(USA). Fitzgerald found good agreement between observed and calculated 
spectra by using (NH4)2SO4 mass fractions between 15 and 35% fór the natural 
aerosol samples consisting of Aitken-sized particles. This finding is supported 
by the results of direct aerosol observations of Mészáros (1968) made under 
Continental conditions near Budapest, Hungary, indicating that the ammonium 
sulfate mass fraction of particles with radii smaller than 0.14 pm is 20%.

3.4.2 Combination of diffusion chamber observations with other experiments

Observations carried out in the atmosphere by means of diffusion chambers 
make it possible to determine the number and the supersaturation spectra of 
CCN. As it was mentioned previously this information is ofcrucial importance 
fór the study of cloud formation. However, the results obtained in this way do 
nőt give any direct experimental evidence on the size and natúré of active nuclei. 
Fór this reason the combination of diffusion chamber observations with other 
measurements, to estimáié the characteristics of the nuclei, is alsó of interest. 
In the following the results of such combined experiments are summarized.
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The first step in this direction was made by Twomey (1965). He sampled air 
either directly intő a diffusion chamber or the samples were first passed through 
a tűbe array in which a fraction of the particles was removed from the air due 
to diffusion to the tűbe walls. Since the diffusion coefficient is a function of 
partiele size (see Chapter 2) Twomey was able to estimate the mean size of CCN 
on the basis of the difference between concentrations in the “normál” air and 
in the “decayed” air. In air sampled on the western shore of Chesapeake Bay 
(USA) he found that the average radius of CCN at a supersaturation of 0.35% 
was most probably 0.03—0.04 pm. He concluded that the results mean that 
these nuclei must be soluble, or partially soluble, since even water droplets of 
this size have critical supersaturations considerably higher than 0.35%”. Practic- 
ally the same results were obtained by Twomey (1972) using Nuclepore filters 
of different poré sizes in front of the diffusion chamber to remove aerosol 
particles of different radii from air.

The Chemical natúré of CCN was alsó studied by Twomey (1968, 1971). 
During these experiments air samples were passed through a tűbe1 heated to 
several hundred degrees Celsius by an electric heater prior to introduction intő 
the thermal diffusion chamber. Depending on their volatility, somé particles 
evaporated in the tűbe leading to reduced concentrations of CCN. Since the 
temperature of volatility is a function of Chemical composition, this experiment 
made it possible to estimate the natúré of CCN by varying the degree of heating. 
Experiments carried out with ambient air samples were compared to those with 
artificial nuclei of known composition. These studies, made in northeastern 
United States, suggest that ammonium sulfate may be the main constituent of 
cloud condensation nuclei. Very few nuclei were found to behave similarly to 
artificial sodium chloride particles which are practically non-volatile. Sometimes 
this type of nucleus was found to be entirely absent. This is little surprising if 
we take intő account that the average radius of CCN is 0.03-0.04 pm at a 
supersaturation of 0.35%, while the majority of sea salt particles can be found 
in the coarse size rangé as discussed in Chapter 2.

1 It should be noted that in this experiment the length of the tűbe was much less while the 
diameter of the tűbe was much larger than in the previous case.

Similar experiments were conducted by Dinger et al. (1970) by means of 
aircraft flying over the North Atlantic and over the east coast of Barbados (West 
Indies). Figure 3.9 shows the results obtained by these workers. The curve labelled 
“unheated” represents the concentration of CCN activated at 0.75% super
saturation. The other curve gives the vertical profile of the same paraméter in 
air samples collected at the same altitudes, bút heated to about 320 °C. It can 
be seen that the concentration of non-volatile CCN, reasonably assumed to be 
sea salt, decreases rapidly with increasing altitude. The relatíve proportion of 
volatile nuclei (presumably consisting of ammonium sulfate) to the sea salt 
fraction increases with increasing height. Above a stable air layer (about 3 km) 
all CCN were found to be volatile. The form of the vertical profile of CCN in 
untreated air samples indicates that active nuclei cannot be of surface origin.
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Fig. 3.9
Vertical profile of cloud condensation nuclei in the air (“unheated”) at a supersaturation of 
0.75%. The curve labelled “heated” represents the same paraméter in air samples heated to 
about 320 °C (Dinger et al.. 1970). (Copyright by the American Meteorological Society)

The results of Dinger et al. (1970) are consistent with the findings of A. 
Mészáros and Vissy (1974) demonstrating that even near the óceán surface the 
number concentration of ammonium sulfate particles formed from gaseous 
precursors exceeds that of sea salt components (see Chapter 2).

A more direct determination of the natúré of CCN was carried out recently 
by Ono and Ohtani (1980) in Japan. These authors compared atmospheric 
particles which passed through a diffusion chamber without taking part in the 
condensation with those sampled directly from the original air. The particles 
were collected in both cases by an electrostatic sampler on a thin film containing 
bárium chloride to identify sulfate particles. Between the diffusion chamber and 
the aerosol sampler an impactor removed from the air water droplets formed 
in the chamber. Their results are represented in Fig. 3.10. This figure shows that 
while many sulfate particles were found in the original air, in the air which 
passed through the diffusion chamber maintained at supersaturations between 
0.4 and 1 % sulfate particles were nearly entirely absent. This is obviously caused 
by the fact that sulfate particles were activated in the chamber as CCN. Ono 
and Ohtani were alsó able to determine that at supersaturations less than 1 %, 
particles having masses larger than 10"17 g took part in the condensation. By 
assuming that sulfate particles consisted of ammonium sulfate this gives a dry 
radiusequal toO.Ol 1 pm, in rough agreement with findings discussed previously.

Finally, we note that according to Shaw (1986) cloud condensation nuclei 
Associated with Arctic haze (see Chapter 2) are soluble salts. The supersatura
tion speetra measured in Arctic haze are very close to that calculated from
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Fig. 3.10
Sulfate partiele concentration in original air satnples (left columns) and in the air passed 

through a cloud chamber maintained at supersaturations of 0.4-1% (right columns) according to 
Ono and Ohtani (1980). (By courtesy of J. Recherches Atmosphériques)

aerosol size measurements by assuming that particles consist of ammonium 
sulfate. Shaw assumes that soluble nuclei with a radius larger than 
3-4 x 10" 2 pm are activated in Arctic stratiform clouds.

3.4.3 Conclusion

All the experimental evidence presented in this section point in the direction that 
a major part of CCN consists of sulfur species, mostly of ammonium sulfate.

As we have seen in Chapter 2, under clean conditions sulfate particles form 
from dimethyl suliidé of biogenic origin. This involves the possibility that the 
biosphere regulates the number of CCN and consequently the structure of 
clouds, through the emission of DMS from the óceán (Charlson et al., 1987). 
We have alsó mentioned in Chapter 2 that the oceanic emission of DMS exceeds 
the magnitude of the Continental release. Thus, one has to assume that, in somé 
disagreement with our discussion in Subsection 3.3.4, higher CCN concentra
tions above the continents are due entirely to the anthropogenic production of 
sulfur dioxide. Unfortunately, the interesting hypothesis of Charlson and his 

• co-workers can be neither proved, nor disproved on the basis of our present 
knowledge. Further research is needed in this field.

We must alsó note the sulfate particles serving as CCN can be mixed with 
other materials mainly under Continental (more polluted) conditions. Direct 
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electron microscopic investigation of individual sulfate particles demonstrates 
(A. Mészáros, 1984) that elemental carbon may be an important component 
in this respect. The other possibility is that sulfate is associated with organic 
materials giving about 25% of the mass of particles in the Aitken size rangé 
under tropospheric background conditions (Jaenicke, 1978).

Finally, one can conclude that, except at low supersaturations in oceanic 
areas, sea salt particles give only a minor fraction of CCN. However, giant 
chloride particles can play a certain role in the formation of larger cloud 
droplets as it will be discussed in the next section in relation to precipitation 
formation.

3.5 CCN and cloud and precipitation formation

3.5.1 Theoretical considerations on droplet growth by condensation

As it was discussed in Section 3.1, the characteristics of the droplets in a cloud 
depend, among other parameters, on the number and size of CCN. Since the 
precipitation-forming ability of a given cloud is strongly dependent on its 
microstructure, the above statement means that precipitation formation is 
related to the CCN population. The aim of this section is to clarify these points; 
however, before going intő details somé theoretical considerations on the con- 
densational growth of cloud droplets seem to be appropriate.

If we want to examine how a given soluble (or mixed) nucleus grows in and 
updraft we must first recognize that the thermodynamic equations (see Eqs 
3.1-3.3) giving the relationship between supersaturation and nucleus properties 
do nőt explicitly involve a time variable. In other words, in formulating the 
equations we implicitly assumed that there is enough time fór the nuclei to attain 
their equilibrium sizes. However, in an updraft this is nőt generally the ease. 
Actually the growth rates of nuclei and of droplets are determined by the 
difference between the supersaturation in the cooling air (S) and the equilib
rium supersaturation (S') fór the nuclei or droplets. The equation relating the 
growth rate and supersaturation difference is as follows1 (fór further details see 
Appendix II, as well as Fletcher, 1962; Mason, 1971):

dr
r-=G(S-S') (3.7)

where t is the time, while G is a coefficient given in Appendix II. In the above 
equation

Pl<n Plm

1 This equation represents the growth of one droplet. The concentration of cloud drops formed 
on nuclei with radius r is given by the number of such nuclei.
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„ 1 Pl™S = In---- «-----------
P2x P2<x>

where pr is the actual vapor pressure in the air, while p\ is the equilibrium vapor 
pressure fór a solution droplet of radius r calculated by Eq. (3.3). This implies 
that the size of the solution droplets increases with time if pr > p\, while it 
evaporates in the opposite case. An important consequence of Eq. (3.7) is that 
the growth rate of the droplet is inversely proportional to its size. That is: the 
larger the droplet the lower its growth rate by condensation.

The second point to be considered is that the supersaturation varies in a cloud 
updraft as

dS ~ dw ,,
<3'8)

where v is the updraft speed1, w is the liquid water content, and Qx and Q2 are 
physical parameters which can be found in Appendix II. It follows from the 
definition of the liquid water content (the mass of liquid water in unit volume 
of the cloudy air) that dw/dt is given by

1 In the case of fog formation it can be replaced by the cooling rate (sec e.g. Low, 1975). Thus, 
the first term on the right-hand side of Eq. (3.8) will be: Q’(dT/dt).

(3-9)

In this formula Ar is the concentration of droplets with radius r, while q' is the 
density of water. Equation (3.8) physically means that the cooling rate, charac- 
terized by the updraft speed, tends to increase the saturation. On the other hand, 
supersaturation is reduced by the mass of the water vapor condensed in the air 
parcel.

By using the above concept and the results of his observations, Twomey 
(1959b) was able to dérivé a relationship between maximum supersaturation 

on the one hand and updraft speed (in cm s-1) and CCN characteristics 
on the other hand. He reported that this relationship can be given in the 
following form

c (3.10)
m“ L CkS(3/2, k/2)

where C and k are the constants in the supersaturation spectrum (see Eq. 3.6), 
while B is the complete Beta-function. Substituting SmaK from (3.10) intő (3.6) 
yields the number of cloud droplets which form in given updraft speed fór a 
given supersaturation spectrum.

Equations (3.7-3.9) make the conversion of the size distribution/supersatura- 
tion spectrum of CCN intő cloud droplet characteristics possible. This is of 
considerable importance if we want to study the cloud microstructure as a 
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function of the size and natúré of CCN. The results of such calculations will be 
presented in the next subsection. It is to be noted in advance, however, that by 
using the above model we assume that the rising air cools adiabatically. This 
problem can be avoided by using a so-called entrainment model, first proposed 
by Mason and Chien (1962), in which mixing with the environment is taken intő 
account.

3.5.2 Relationship between CCN and droplet characteristics

The first calculations of the formation of a droplet population on a prescribed 
distribution of CCN were carried out by Howell (1949). He assumed that the 
cooling rate was uniform and the temperature and pressure were practically 
constant during cloud formation. He alsó assumed, which was accepted at that 
time, that nuclei consisted of sea salt particles1. The variables in his calculations 
were: the relatíve humidity (supersaturation), the masses of the nuclei, the 
droplet radius, and the time (fór a known updraft speed, time is equivalent to 
the height of rise of the parcel).

1 The calculations carried out by using ammonium sulfate nuclei give similar results (Bónis et 
al., 1977) if we take intő account diflerences in size distribution and solubility.

Somé of Howell’s results are illustrated in Fig. 3.11. Firstly, the droplets 
(nuclei) grow slowly in parallel with the increase of supersaturation. In this 
phase the size of droplets, except somé large nuclei in the case of high cooling 
rates, is near the equilibrium value. After reaching the maximum supersatura
tion, the growth becomes very rapid. However, due to the consumption of vapor 
by the condensing drops, the growth rate slows down and finally it is charac- 
terized again by nearly steady growth rate. Howell’s calculations alsó indicate 
that sizes of activated droplets converge toward a common value with time, that 
is the droplet spectrum narrows. As it follows from Fig. 3.11 the droplets formed 
on inactive nuclei (with mass of 10-18 mole and 10"19 mole) begin to evaporate 
when the maximum supersaturation is surpassed. Fór high cooling rates larger 
maximum supersaturations are created and consequently more smaller nuclei 
are activated.

Similar calculations were made later by Mordy (1959) as well as by Neibur- 
ger and Chien (1960) by using large electronic computers. Their results are 
generally in good agreement with those obtained by Howell (1949) by tedious 
hand calculations (Mordy repeated two of Howell’s computations). Mordy 
used four updraft speeds of 5, 15, 50 and 100 cm s-1 and nucleus spectra of 
maritime type containing somé giant hygroscopic nuclei. He found that the 
concentrations of fog and cloud droplets calculated were very similar to the data 
observed. The dividing line between active and inactive nuclei was calculated 
to be between 0.05-0.5 pm as a function of the conditions used. Fór a given 
updraft speed, higher numbers of nuclei resulted in higher cloud droplet con
centrations.
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Fig. 3.11
The growth of sodium chloride nuclei of different masses (expressed in moles: v) with an ascent 
of 60 cms'1 according to Howell (1949). (Copyright by the American Meteorological Society)

The latter result involves that in Continental air, where the number of CCN 
at a certain supersaturation is higher than over the oceans (see Section 3.3), 
cloud droplet concentrations exceed those formed under oceanic conditions. 
Consequently, the average size of cloud droplets over the oceans is larger than 
in Continental clouds. This conclusion is supported by the observations of 
Squires (1958a,b) and of many other workers (e.g. Battan and Reitan, 1957) 
demonstrating that the microstructure of maritime clouds is different from the 
microstructure of Continental clouds (see Fig. 3.12). Since this result is very 
important from the point of view of precipitation formation, it will be discussed 
in more detail in the next subsection.

An important test of the relation between CCN and cloud droplet characteris- 
tics was carried out by Squires and Twomey (1960) in 1958 over Australia (near 
Sydney). They simultaneously measured the cloud nucleus spectra below cum
ulus clouds and the cloud droplet concentrations above the cloud base. The 
number of cloud droplets was calculated on the basis the CCN measurements 
by using the method outlined in Subsection 3.5.1. The calculated and measured 
cloud droplet concentrations are compared in Fig. 3.13 by assuming a reason- 
able updraft speed of 1 ms'1. One can see that the agreement between cal-
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Fig. 3.12
Size distribution of cloud droplets under different conditions (Squires, 1958a). (By courtesy of 

Tellus)

culated and measured figures is excellent. In a more recent paper Leaitch et al. 
(1986) found that the concentration of cloud droplets was directly proportional 
to the number of aerosol particles (with a diameter larger than 0.18 pm) 
measured at the cloud base. However, they observed this relationship only 
under adiabatic conditions when the partiele concentration was < 750 cm-3. 
Fór partiele concentrations greater than 750 cm3, the cloud droplet number did 
nőt increase as fást as the partiele concentration.

As we said already, in closed parcel models we assume that there is no mixing 
between the rising air and its environment. However, this assumption is nőt 
supported by observation in clouds indicating ihat the liquid water content in 
clouds without precipitation is generally much lower than the adiabatic value. 
Mason and Chien (1962) assume, which seems to be reasonable, that this is due 
to the fact that rising air exchanges heat, momentum and water vapor with the 
environment. In addition, owing to mixing, a part of the droplets leaves the 
cloud and evaporates in the surroundings, why in dry air fresh condensation 
nuclei enter the cloud. This means in part that the liquid water content de- 
creases, and, alsó that the lifetime of the droplets in the cloud can be rather
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Comparison of the calculated and measured cloud droplet concentrations at an updraft speed of 
1 m s-1 (points). The dashed line represents the exact agreement between observed and 

computed values (Squires and Twomey, 1960)

different. The difference in lifetime and supersaturation histories results in the 
broadening of the droplet spectrum. This concept was further developed by 
Manton (1979) and Baker et al. (1980) showing theoretically and by model 
calculations that turbulent mixing plays an important role in the formation of 
raindrop embryos.

Another possibility fór broadening the droplet spectrum was proposed by 
Kornfeld (1970) who assumes that cloud droplet spectra are broader if nucleus 
population contains hygroscopic and insoluble substances together. In his 
numerical study Kornfeld assumed that the nucleus population consists of 
three components: chloride nuelei, wettable bút insoluble nuelei of disc form 
and a mixture of these two types of particles. Contrary to these results, Frrz- 
gerald (1974) concluded that in the case of mixed nuelei containing 1, 5, 10, 
and 50% of soluble matéria! the droplet size distributions are nőt broader than 
fór particles of homogeneous composition.

There is no intention here to discuss in further detail the differences between 
the results obtained by adiabatic and entrainment models (interested readers are 
referred e.g. to Warner, 1973a and Lee and Pruppacher, 1977). However, it 
seems appropriate to summarize the conclusion of a numerical study in which 
an entrainment model was used to investigate the effects of different aerosols
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on the evolution of cloud droplet spectra. The authors of this study (Lee et al., 
1980) did nőt make any assumption on the Chemical composition of aerosol 
particles. They used data obtained by measuring the amount of water deposited 
on particles under different equilibrium conditions1. On the other hand, they 
used partiele size distributions actually observed in different environments (e.g. 
maritime, urban and Continental background aerosols). The results of this set 
of numerical calculations (see Table 3.5) show that the maximum supersatura
tion reached in maritime clouds considerably exceeds the values determined fór 
urban aerosols (the background case is somewhere in-between). This results 
from the fact that urban aerosol particles contain a large amount of hygroscopic 
matéria!. In clouds formed in polluted air the drop size spectrum is the most 
narrow, while it is the broadest in maritime clouds. Alsó in agreement with our 
previous discussion the modal radius of cloud droplets is larger and the droplet 
concentration is lower in maritime clouds than in Continental cases.

1 Accordingly, they modified the thermodynamic equations claborated fór a given substance.

The calculations of Lee et al. (1980) alsó indicate that the spectrum of cloud 
droplets has a double mode, as is observed in a large number of clouds (see e.g. 
Eldridge, 1957). The concentration of large droplets with r > 20 pm at a level 
of 3000 m above the cloud base is higher than 1 1"1 in maritime clouds and in 
clouds formed under polluted conditions during wintertime. This is a very 
important result from the point of view of precipitation formation as discussed 
in the next subsection.

3.5.3 CCN and precipitation formation

The observations carried out in different clouds at different altitudes indicate 
that the typical concentration of water droplets varies around from 100 to 
1000 cm-3, while their radius lies generally between 5 and 20 pm. On the other 
hand, the number of raindrops with sizes exceeding. 0.1 mm is lower by several 
orders of magnitude than the above value. The falling velocity of the larger 
drops is sufficient to reach the ground level even if the updraft is important. It 
is believed at present (fór further details see textbooks on cloud physics: 
Fletcher, 1962; Mason, 1971; Pruppacher and Klett, 1980) that two mi- 
crophysical mechanisms are responsible fór this phenomenon: the ice crystal 
mechanism (discussed in Chapter 4) and the coalescence of cloud elements of 
different sizes.

In the case of coalescence, cloud droplets of different falling velocities collide 
to form larger drops. During their fali larger drops “overtake” smaller ones and 
even though air flows around the falling drop, the smaller droplets are impacted 
against the drops due to their inertia.

Let us suppose that a cloud consists of large drops with radius R and small 
drops with radius r. If r is much smaller than R. the large drop will grow 
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according to the following equation (see Appendix II, Part B):

dR _ E(V-v) 
dí 4^2 (3.11)

where t is the time, V and v are the falling velocity of the large and small drops, 
respectively, is the density of water, w is the liquid water content of the cloud, 
while E is the collection efficiency defined in Appendix II.

It follows from Eq. (3.11) that the growth of large drops is fást if the difference 
between the falling velocities of the two drops is large, the liquid water content 
in the cloud is high and the value of the collection efficiency is significant.

The collection efficiency as a function of R and r was first determined by 
Langmuir (1948) and consequently by Hocking (1959). These calculations 
show that the value of Eis zero if R is less than about 20 pm. More recent studies 
(see Mason, 1971) gave non-zero values fór the size rangé of R < 20 pm. 
However, they alsó indicated very low figures. This means that even now it is 
believed that the formation of droplets larger than about 20 pm in radius is a 
necessary condition fór the initiation of coalescence, and consequently fór the 
release of precipitation in water clouds1. Thus, the study of the formation of 
such large droplets is of crucial importance and since the formation process is 
related to the characteristics of CCN, this subsection is devoted to a brief 
discussion of this problem.

1 Water clouds arc frcquently termed “warm clouds”. This means that all paris of the clouds are
wanner than 0 *C. In other words: there are no ice crystals in them and their microphysical processes 
are determined by condensation and coalescence. This does nőt mean. however, that coalescence 
cannot be important in clouds containing ice phasc as well.

Woodcock (1952) was probably the first who proposed that large cloud 
droplets form on giant sea salt nuclei. He observed the concentration and size 
distribution ofgiant hygroscopic particles (m > 10“ 12g) ofmaritime origin over 
Miami, Florida (USA). By alsó measuring the chloride content of rain as a 
function of precipitation intensity, Woodcock calculated the water quantity 
necessary fór the nuclei to become drops with the same chloride concentration 
as the value observed. Since in this way he obtained drop size distributions 
similar to the raindrop spectra observed by Marshall and Palmer (1948), he 
concluded that each sea salt nucleus grows to raindrop size through coalescence 
with smaller, more numerous droplets formed on non-saline particles. This 
theory was forwarded by Woodcock and Blanchard (1955) who determined 
over Hawaii that the mass of giant chloride particles in unit volume of air is 
equal to the chloride content of raindrops found in the same volume. The 
numerical calculations of Mason and Ghosh (1957) alsó seemed to support the 
Wtx)DCOCK hypothesis. According to the results of their calculations the 
presence of droplets (100 droplets per liter) with radii exceeding 30 pm in small 
cumulus clouds in maritime environment can be explained by giant hygroscopic 
nuclei (m > 10“11 g) provided that the clouds last at least one hour.

117



Another explanation fór the formation of large cloud droplets was published 
by Squires (1952). By studying the condensation phase of the droplet growth 
he concluded that the size of CCN is nőt a determining factor in the process. 
CCN size determines only whether at a given maximum supersaturation a 
nucleus becomes a cloud droplet or remains a stable solution droplet. The 
Squires’ theory is very attractive since it explains the difference in precipitation- 
forming ability of oceanic and Continental clouds without the necessity of the 
presence of special giant nuclei. To explain this issue in further detail, typical 
parameters of maritime and Continental clouds are given in Table 3.6.

It can be seen that the updraft speeds and the liquid water contents are equal 
in the two types of clouds. However, droplet concentrations and average droplet 
sizes are rather different due to the differences in the number of CCN. Droplets 
with a radius of 30 pm, the concentration of which is 11 \ grow by coalescence 
intő drops of 0.55 mm during 40 minutes before falling out from a maritime 
cloud of 1000 m depth. The corresponding time fór a Continental cloud is three 
times longer; during which time the cloud reaches 3800 m depth, while droplets 
with a radius of 19 pm, having a concentration of 1 l-1, grow to a size of 0.9 
mm (the larger size is explained by the longer time fór coalescence). Under 
maritime conditions, a droplet of 40 pm becomes a raindrop of 0.45 mm during 
30 minutes by rising 600 m in the cloud. In contrast, in a Continental cloud a 
droplet of 40 pm reaches a size of 0.40 mm during a time period of 65 minutes. 
Moreover, a much deeper cloud is necessary fór this growth. Thus, we can 
conclude that the probability of precipitation formation in Continental and 
maritime clouds is rather different.

It should alsó be noted that Woodcock’s theory was alsó criticized by

Formation of precipitation (see the text) in typical maritime and Continental clouds (Fletcher, 
1962). (By courtesy of Cambridge University Press and the author)

Table 3.6

Maritime Continental

Updraft speed
Liquid water content
Supersaturation
Drop concentration
Mean drop radius
Radius of drops with a concentration of 1/1 

f Final radius
l/liter< Time

(^Height

( Final radius
30 pm< Time

(Height

ÍFinal radius
40 pmxTime

(Height

100 cm s-1
1 g m'3 
0.2%

50 cm "3
17 pm
30 pm 
0.55 mm

40 min
1000 m

0.55 mm 
40 min

1000 m

0.45 mm
30 min

600 m

100 cm s-1 
1 g m'3 
0.2%

200 cm ~3
11 pm
19 pm 
0.9 mm

120 min
3800 m

0.55 mm 
85 min 

2400 m

0.40 mm 
65 min

1400 m
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Woodcock himself. In a more recent study Woodcock and his associates 
(Woodcock et al., 1971) determined the ratio of iodine to chlorine both in sea 
salt particles and in raindrops of different sizes in marine air of Hawaii. They 
found that in sea salt particles the I/C1 ratio varies as a function of partiele size, 
whereas in raindrops the ratio is constant and independent of drop size. This 
constant ratio is equal to 2* 10“3 which corresponds to smaller (10-12<w< 
< 10”8 g) salt nuclei. On the hasis of these data they rejected the idea according 
to which each raindrop forms on a giant sea salt nucleus under maritime 
conditions.

The possible role of giant salt nuclei in rain formation was alsó studied by 
numerical modeling. Thus, Takahashi (1976) reports that giant salt nuclei are 
important only fór the Chemical balance during cloud formation. This con- 
clusion is based on his result indicating that the salt content of rainwater 
determined by calculating the removal of sea salt nuclei in the air is in good 
agreement with observations. At the same time these giant nuclei are unimpor- 
tant fór rain initiation in warm clouds. Takahashi (1976) alsó concluded that 
cloud droplet concentration, determined by the number of CCN, is the critical 
factor in initiating rain because of the inverse relationship between the number 
of CCN and cloud droplet size. Practically similar results were obtained by 
Hindman et al. (1977c) who measured the parameters of CCN beneath non- 
raining water clouds in Washington State (USA) and on the basis of these data 
they calculated theoretically the cloud droplet size distributions by applying the 
theory outlined above. Their size distributions calculated were found to be in 
a good agreement with the droplet speetra observed in clouds. Hindman and 
his co-workers found that high concentrations of large (0.1 <r< 1.0 pm) and 
giant (r^l pm) nuclei result in droplet size distributions containing large 
droplets only if the concentration of small, Aitken-sized nuclei 
(0.03<r^0.1 pm) is low (e.g. under maritime conditions). If the concentration 
of small CCN is high, the cloud droplet size distribution does nőt contain large 
droplets even if the number of giant nuclei is significant.

Finally, we note that over the continents the concentration of giant sea salt 
nuclei is generally much lower then over the oceans (see e.g. Mészáros, 1963). 
However, under Continental conditions giant particles as large as 100 pm can 
be found in relatively high concentrations (see e.g. Jaenicke and Junge, 1967). 
As we discussed in Chapter 2, these giant insoluble particles are of soil origin. 
On the basis of this information, Johnson (1982) assumes that particles larger 
than about 20 pm can initiate coalescence growth independently of their solubi 1- 
ity and surface properties. He carried out a series of numerical calculations 
showing that these particles can produce a tail of large drops in droplet size 
distributions which is an important factor from the point of view of precipita
tion formation by coalescence. Johnson alsó States that ‘‘high droplet con
centrations do nőt preclude precipitation development”. Since this statement is 
in a disagreemenl with our previous discussion we can conclude thal further 
research is nccded to elucidate the relationship between CCN and precipitation 
formation.
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3.5.4 Modification of clouds by artificial CCN

It follows from the above discussion that mán can modify the evolution of 
clouds and precipitation by releasing intő the atmosphere either giant hygros
copic nuclei or aerosol particles in generál. These modifications can be divided 
intő two categories:

1) Deliberate weather modification experiments carried out by the introduc- 
tion of giant nuclei intő clouds to provoke the release of more precipitation from 
warm clouds ;1

2) Inadvertent cloud modification due to emission of different air pollutants.

1 Similar experiments can be made by using water drops. f lowever, the discussion of this type 
of cloud seeding is nőt in the frame of this book. We alsó do nőt deal with the experiments made 
in warm fogs to improve the visibility.

The aim of this subsection is to summarize our present knowledge on these 
two kinds of modification processes. Here we will deal only with warm clouds. 
The principles of the artificial stimulation of precipitation from supercooled 
clouds are given in the next chapter. The possible climatic effects of particulate 
pollution are discussed in Chapter 5.

The experiments to modify warm clouds by means of giant hygroscopic nuclei 
was begun in the fifties by using ground-based partiele generators (e.g. Four- 
nier d’Albe et al., 1955). This technique became wide-spread in India to 
increase rainfall during the monsoon months (Roy et al., 1961). The results 
gained during 18 experiment-seasons were published by Biswas et al. (1967). 
These experiments were carried out by releasing particles of common salt with 
dry radius of 7-10 pm intő the air. Water was added to the salt to produce 
solution droplets wich are in equilibrium with the vapor phase at a relatíve 
humidity of 95%. The production rate was equal to 109 particles per second. In 
a generátor of other type, common salt was mixed with soapstone in a ratio of 
9 : 1 to emit dry particles of radius 5 pm at a rate of 2500 g/min. The experiments 
were made in a randomized way near Delhi, Ágra and Jaipur. The precipitation 
quantity over the experimental territories was compared to that observed in 
upwind control areas which are climatologically similar to experimental ones. 
Statistical analysis of the data showed that the rainfall amount increased by 
41.6%, 58.5% and 18.6% over Delhi, Ágra and Jaipur, respectively.

These excellent results were criticized on both physical and statistical bases. 
Warner (1973b) noted that, among other things, the natural concentrations of 
giant hygroscopic particles were similar to those produced artificially even if 
each salt partiele generated at the ground level would have entered the clouds, 
which seems to be very unprobable. On the other hand, Simpson and Dennis 
(1972) believe that the positive results were probably obtained because of the 
fluctuation of precipitation amount over the control areas. In spite of this 
criticism, work in this direction has continued in India. Ramachandra Murty 
(priváté communication) reported that under suitable conditions 1000-1500 kg 
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of salt in dispersed by aircraft in the form of particles with a size of 10 pm over 
an area -of 40 x 40 km2. A similar area serves as control area. Several cloud- 
physical and Chemical parameters are measured. The distribution of precipita
tion is alsó carefully observed. It is found that cloud droplet distribution, electric 
field intensity in the clouds and cloud chemistry are modified by the seeding. 
According to the results of different evaluation procedures it is estimated that 
the rainfall is increased by 17-32%. A detailed analysis of Indián data by an 
independent scientific group would appear to be very useful in order to evaluate 
these results.

Similar experiments were carried out in South Dakota (USA) by Biswas and 
Dennis (1971). A line of stratocumulus cloud formed in a polar air mass was 
seeded, in contrast to the experiments in India where tropical clouds were 
modified. The preliminary numerical calculations of Biswas and Dennis de
monstrated that cloud seeding by giant hygroscopic nuclei can be efficient only 
if the updraft speed is strong enough to make the Langmuir (1948) chain 
reaction1 possible.

The operation of South Dakota was carried out on 23 July 1970 under 
stratocumulus clouds whose growth was limited by an inversion layer. The 
updraft speed was found to be about 3 m s-1. 150 kg of salt of different sizes 
(r > 5 pm) was released. During the operation (13 minutes after seeding started) 
radar echos appeared demonstrating that drops of raindrop size were created2. 
Taking intő account the results of their numerical calculations Biswas and 
Dennis (1971) stated on the basis of this result that the Langmuir chain reaction 
can be initiated by artificial hygroscopic nuclei of proper sizes. The paper of 
Biswas and Dennis (1971) was criticized by several authors. Blanchard (1972) 
remarked that it is very improbable that the artificial salt nuclei grew intő 
raindrop size in a cloud of 3 km depth. To solve at least partially this problem 
subsequent numerical simulations were performed. The calculations of Farley 
and Chen (1975) show that, in agreement with Biswas and Dennis (1971), 
without the LANGMUiR-type chain reaction salt seeding essentially does nőt 
influence the precipitation formation. Their study alsó indicates that the dynam- 
ics of clouds is very important in this respect. Thus, updraft speeds greater than 
10 m s~1 are needed fór the efficiency of drop breakup. This conclusion makes 
the results of Biswas and Dennis very questionable.

It should alsó be mentioned that cloud seeding by giant hygroscopic particles 
can alsó modify atmospheric dynamic processes due to the latent heat released 
by vapor condensation on nuclei. This idea was first proposed by Woodcock

1 Dúc to the coalescence proccss large drops (r > 5 mm) form in the cloud e.g. on giant nuclei 
present. Becsüse of hydrodynamic instability they break up to creatc more raindrop embryos.

1 The ccho intensity on the radar sereen is proportional to the following expression

1 v -

where A is the wavclength used (A»4), d is the diameter of drops, while N is their concentration. 
By using wavelengths with a magnitude of cm only the raindrops can be detected. 
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et al. (1963) and later confirmed by the same author and his associate (Wood
cock and Spencer, 1967). In this later study salt particles of 0.25-10 pm dry 
radius were dispersed by aircraft generators at a level of 400-500 m above the 
sea surface (Hawaii). The concentration of the salt was 40 mg kg in the air. 
According to the results of 41 experiments, in the salt-laden air the temperature 
was found to be higher by 0.35 °C than in the environment. On the basis of this 
result Woodcock and Spencer assumed that in this way artificial clouds can 
be created under somé circumstances. However. this assumption has never been 
proved experimentally. Moreover, Ramachandra Murty et al. (1975) observ
ed in warm cumulus clouds subjected to cloud seeding over India that the 
temperature rise was 1—2 °C and the liquid water content increased by 20 % 
relatíve to unseeded clouds. They alsó found that the top of seeded clouds was 
higher by 60% than that of unseeded clouds.

On the basis of this discussion1 we can conclude that, the possibihty of the 
modification of warm clouds to produce rain has nőt been scientifically proved. 
However, as a report of the World Meteorological Organization States (W MO, 
1984) . .this subject has nőt had the benefit of large-scale research programmes 
and very few warm cloud modification projects have been conducted using 
modern methods including in-cloud measurement capability and radar tech- 
niques. Accordingly, it is unwise to abandon this subject. Rather a wiser course 
would be to encourage scientifically designed, executed and evaluated studies 
(both theoretical and field) in order to base judgements on a much firmer 
foundation”.

1 Fór further details the interested reader is referred to the review of CoTTON (1982) and its 
references.

2 Clouds can alsó be altercd by humán activities by releasing ice-forming nuelei intő the air (see 
the next chaptcr).

As we noted at the beginning of this discussion mán can inadvertently modify 
cloud formation by emitting intő the air aerosol particles and gaseous com- 
ponents which may be converted in the air intő particulates. In this respects two 
types of particulate pollutants are of interest. First, large hygroscopic nuelei can 
result in an increase of precipitation amount. Second, fine water-soluble par
ticles in high concentrations may increase the stability of clouds and result in 
decrease of precipitation2.

Concerning the possible inadvertent effects of humán activities on the forma
tion of precipitation we begin our discussion by mentioning the famous paper 
published by Changnon (1968). In this paper he reported that during the time 
period between 1951 and 1965 in downwind of La Porté (near Chicago), a large 
industrial compiex (mainly steelworks), the precipitation amount was higher by 
31% than at stations which were nőt influenced by humán activities. The 
publication of this result, called the La Porté anomaly, initialed a lively scientific 
debate including the natúré of the particles (ice nuelei or CCN, see Ogden, 1969) 
which might cause the anomaly. To gain further insight intő the problem, a 
climatological study of precipitation records was made at different places. rhis 
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research revealed (see Changnon et al., 1976) that in the six largest cities in 
USA the precipitation amount increased by 10-30% during the time period 
between 1901 and 1970 in and downwind of urban locales. Following this study 
a program entitled Metropolitan Meteorological Experiment (METROMEX) 
was organized in the St. Louis area with sophisticated instrumentation fór 
obtaining information on the physical causes of the phenomenon.

The results of METROMEX show that fór 1971-1974 the summertime 
downwind rainfall was significantly higher than that observed in upwind areas. 
In their paper discussing the METROMEX results Changnon el al. (1976) 
mention three causes fór this precipitation increase. The first cause is thermal 
(heat release), while the second is mechanical in natúré, so that confluence zones 
are created where cloud formation is enhanced. The third reason, the most 
important fór the scope of this book, is the enhancement of the coalescence 
process owing to giant hygroscopic nuclei emitted by urban sources. The auth- 
ors assumed that the observed lower altitudes of first radar echos in clouds are 
caused by raindrops formed on artificial giant nuclei. However, the model 
calculations of Ochs and Semonin (1979) do nőt support this conclusion. 
According to these calculations the appearance of the first radar echos in 
downwind clouds over St. Louis could nőt be created by giant nuclei or by 
variations in their Chemical composition. Further, in agreement with observa
tions (Fitzgerald and Spyers-Duran, 1973; Braham, 1974), calculations 
indicate higher droplet concentration over St. Louis urban-industrial complex 
than in upwind clouds which tend to stabilize cloud systems. On the basis of 
their results Ochs and Semonin (1979) conclude that differences in cloud pa- 
rameters between upwind and downwind clouds over St. Louis are explained 
first of all by dynamic processes caused by heat release.

Hobbs et al. (1970) alsó published a description of a case of precipitation 
increase which was attributed to artificial nuclei. They compared precipitation 
data gained in Washington State (USA) during 1929-1946 with those obtained 
between 1947 and 1966. In the second time period the precipitation amount was 
found to be higher by 30% than fór the first interval. Taking intő account the 
circulation patterns, Hobbs and his associates assumed that this increase is due 
to the emission of giant hygroscopic particles by paper mills. The emission of 
such particles are proved by observations. Thus, airborne measurements of 
Hindman et al. (1977a) showed that the concentration of large and giant CCN 
(see alsó Subsection 3.3.4) was higher in the plume of a paper mii! than in the 
background air, while the number of Aitken-sized cloud condensation nuclei 
was similar to that in uninfluenced air. Accordingly, the concentration of the 
droplets with radii larger than 15 pm was alsó higher in clouds formed in the 
plume. However, again, calculations based on warm cumulus and stratus cloud 
models did nőt support the concept that changes in rainfall were caused by large 
and giant CCN alone (Hindman et al., 1977b). Thus, Hindman and his co- 
workers concluded that "the heat and moisture emitted by the mill, in combina- 
tion with the CCN, may have been responsible fór the increased rainfall”.

A reduction of precipitation associated with the increase of the concentration 
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of CCN was reported by Warner (1968b). By using precipitation data obtained 
in eastern Australia he demonstrated that rainfall amounts decreased during 
years when sugár cane production increased (see alsó Subsection 3.3.4). This 
reduction, revealed by rainfall measurements carried out in the harvesting 
season, was nőt detected over a control area. Warner’s concept was checked 
independently by Woodcock and Jones (1970) by analyzing precipitation 
records from Hawaii in a similar manner. No significant difference was detected 
between influenced and control areas which makes Warner s conclusions 
doubtful.

Very few studies have been performed to examine the possible effects of 
artificial CCN on precipitation formation over a larger area. Mészáros and 
Várhelyi (1982) estimated the mass ratio of sulfate particles of natural origin 
to the mass of sulfate particles due to humán activities. On the basis of their 
European sulfur budget calculations they found that only 20% of the sulfate 
particles, giving a major part of CCN (see Section 3.4), is of natural origin1. This 
result implies that the number of CCN over Europe is practically five times more 
at present than before the industrial revolution. Taking intő account an analysis 
of long-term European precipitation records (Koflanovits, 1974) Mészáros 
and Várhelyi assume that the variation in the amount of precipitation tor a 
period between 1871 and 1970 can be neglected as compared to the change of 
the mass (number) of CCN from sulfate. It should be noted, however, that this 
conclusion needs further support because of the difficulties involved in sulfur 
budget calculations.

1 Note that this result is nőt consistent with that of Squires (1966) discussed in Subsection 3.3.4. 
The reason fór this discrepancy remains an open question.

We can conclude that while inadvertent anthropogenic effects on cloud 
microstructure have been revealed by somé studies, the modification ot pre
cipitation amount by particulate pollutants has never been demonstrated in a 
rigorous manner. This conclusion is true in particular if we speak about the 
precipitation régimé over a large area like a continent. We do nőt want to 
exclude the possibility, however, that artificial nuclei have influenced the rainfall 
on a local scale in interaction with other effects of humán activities (e.g. heat 
and moisture release). Taking intő account that the pollution level of the 
atmosphere including aerosol particles will probably increase in the future over 
certain parts of the world, this question has to be answered by the scientific 
community on a more solid basis.

Finally, we note that aerosol particles of anthropogenic origin can alsó 
modify the radiation properties of a cloud, as discussed in Chapter 5. Here we 
only mention that this effect is probably more important from the point of view 
of weather and climate modifications than the changes in precipitation.
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4. Nucleation of ice

4.1 Introduction

The existence of ice—the solid phase of water—is of unmeasurable importance 
fór the world as we know it. The rangé of conditions under which ice is the stable 
phase of water (as determined by the properties of the substance) coincides with 
conditions found over large portions of the Earth’s surface and in its atmo
sphere.

All three phases of water are in stable equilibrium at 0.000 °C and 101.32 kPa. 
The liquid-ice equilibrium condition changes very slowly with pressure, so 
slowly that it requires a pressure of 104 kPa to lower the melting point by 1 ’C. 
In the atmosphere, the variation of the melting point is <0.01 °C, so it is 
neglected in practically all calculations. At temperatures below the melting 
point, the stable phases of water are the vapor and the solid, the equilibrium 
condition being defined by the vapor pressure of the solid. That vapor pressure 
decreases with decreasing temperatures in an exponential fashion: from 
610.7 Pa at 0 °C, to 259.7 Pa at - 10 °C, to 103.2 Pa at - 20 °C, and so on (vapor 
pressure tables can be consulted fór the full set of values). Hence, ice can stably 
exist (without evaporating) at any temperature at or below 0 °C, if the vapor 
pressure has the values indicated above. Of course, at higher vapor pressures 
the ice will be growing, and at lower ones it will be evaporating.

What makes the formation of ice an interesting and complex phenomenon 
is that both the vapor and the liquid phases can exist, metastably, at tem
peratures lower than 0 °C, and at vapor pressures equalling or exceeding the 
limits described in the preceding paragraph. The metastable phases—super
cooled water and supersaturated vapor—are transformed intő the stable phase, 
ice, following the nucleation of that stable phase. One therefore deals with the 
nucleation of freezing and the nucleation of deposition depending on whether 
the parent phase is the liquid or the vapor. This chapter will discuss the theory 
describing these phenomena, and the empirical evidence related to them, with 
emphasis on the role of atmospheric aerosol as freezing nuclei and as deposition 
nuclei (the term ice nuclei will alsó be used as a collective name fór the two types 
of nuclei),

The role that ice nuclei play in the atmosphere is, potentially, very great, 
because of the importance of ice particles which might form on them. Perhaps 
most importantly, ice particles forming in supercooled clouds can rapidly 
develop intő precipitation (snow, hail or, after melting, rain). Less directly 
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noticable, bút of great significance fór climate are the impacts ice clouds have 
on the radiation balance of the Earth-atmosphere system. Alsó, the develop
ment of ice in clouds influences the removal of trace substances from the 
atmosphere, thereby impacting the global cycles of those substances, including 
the fate of pollutants. In turn, changes in atmospheric aerosol numbers, or in 
composition, might influence ice formation in clouds. Many of these connec- 
tions are nőt yet sufficiently well known. Ice processes in clouds are quite 
complex, so their study is nőt easily accomplished, and there are very large 
variabilities among different atmospheric situations. Furthermore, since ice 
formation in clouds can occur either from ice nuclei (primary mechanism), or 
from interactions between hydrometeors (secondary mechanism), the question 
of what role ice nuclei play in the atmosphere is only a subset of the questions 
associated with the role of ice particles in generál.

One important way to examine the role of nucleation in the formation of ice 
particles is to compare the concentration of ice crystals in clouds with the 
concentration of ice nuclei. This is a difficult comparison to make; as far as 
present data allows a conclusion to be drawn, it appears that secondary pro
cesses are indeed involved in many clouds, bút that there are numerous cloud types 
where the primary mechanism is nőt followed by a secondary one (cf. Section 
4.5). Fór those cases, the impacts of ice particles on precipitation, radiation, 
chemistry, cloud electrification, etc., can be directly referred back to ice nuclei. 
In other cases, where secondary processes become important, the role of nuclei 
is less clear: the secondary ice generation might completely overwhelm whatever 
effects nuclei might have. Alternatively, it might be that the role of nuclei 
become amplified by the secondary process. Current thinking leans toward the 
former possibility, bút this is more a guess at this point than scientific fact. It 
is clear, that a great deal of research is still required to elucidate the situation.

Mention should alsó be made of the use of artificial ice nuclei fór the initiation 
of ice formation in clouds. “Cloud seeding” has been extensively studied and 
is widely practiced. There is little doubt that artificial nuclei can fönn ice 
particles in clouds. It is more difficult to ascertain what the evolution and impact 
of those ice particles will be within the overall cloud system. Artificial ice nuclei 
will be discussed in Section 4.6; the broader question of cloud modification is 
left to specialized texts on that subject.

4.2 Basic description of ice nucleation

bundamentally, the nucleation of ice is similar to the nucleation of other phase 
transitions: embryos of the new phase form by the aggregation of molecules 
(intő an ice lattice in this case), with the búik energy of the embryo per unit 
volume being lower than fór the parent phase, bút with the creation of new 
interfaces requiring additional energy. The balance of these two energies favors 
the dissipation of the embryo when the embryo is small. Increased supercooling 
or supersaturation increases the average size of the embryo, and when random 
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fluctuations bring about the formation of a critical size embryo, the probability 
of growth becomes equal to the probability of dissipation. Beyond that size, 
growth becomes the more likely event, and growth becomes energetically favor- 
able so that it will proceed at a very high rate, limited only by factors related 
to the transport of molecules to the growing interface and by the micro-scale 
heat balance at that interface.

The generál pattern described above applies both to the homogeneous and 
to the heterogeneous nucleation of ice, and can be pút intő an analytical 
framework along the same lines as was done in Chapter 3 fór condensation, and 
as is elaborated in Appendix I. However, there are somé additional factors 
which have to be dealt with. Ice has two principal axes of symmetry, and 
therefore the surface energy and the búik energy of the embryo depend on the 
specific shape of the embryo, and the embryos are often so small that the 
molecular interactions between it and the substrate have to be considered 
explicitly instead of using búik properties. Further difficulties relate to the 
paucity of meaningful data on interface energies, especially fór specific surface 
sites on substrates and fór the very small embryo sizes involved.

The result of the added complexities is that theoretical formulations designed 
to deal with them often reach a stage of practical intractability. Observational 
difficulties are equally formidable, since the scale of the phenomenon is beyond 
the reach of available observational methods (techniques requiring high vacuum 
cannot be used). Consequently, agreement between theory and observation has 
been quite elusive in the field of ice nucleation, and neither theory, nor empirical 
data are sufFiciently reliable fór predicting ice nucleation behavior. This situa- 
tion necessitates that a large amount of matéria! be presented in the subsequent 
sections, providing the reader with a broad enough rangé of evidence fór 
properly judging the relative importances of various facets of the available 
knowledge.

4.3 Homogeneous nucleation of ice

An examination of the homogeneous nucleation of ice can serve nőt only to 
study that phenomenon, which in itself is of substantial importance in the 
atmosphere, bút alsó to illustrate how the difficulties mentioned in the preceding 
section can be dealt with. In the following, we will present a number of alter- 
native treatments of the problem, then discuss the empirical evidence fór the 
homogeneous freezing of water, and conclude with a brief discussion of the 
atmospheric contribution of the process.

The main characteristic of homogeneous nucleation is that the critical embryo 
of ice forms by spontaneous, random fluctuations in molecular arrangements. 
The phenomenon is thus intrinsically probabilistic, with the probability of 
occurrence depending on external variables like temperature and vapor pres- 
sure, and the size of the sample. It is alsó dependent, of course, on the natúré 
of the molecular interactions in the parent phase and in the embryos. Since 
water is a substance with many surprising characteristics, especially at tem- 
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peratures below 0 °C (Angell, 1982), and since its structure in the condensed 
phases (liquid and solid) is nőt fully known, studies of the homogeneous 
nucleation of ice are often a combination of attempting to learn about the phase 
transition and about the characteristics of the matéria! itself.

In principle it is possible, at temperatures below 0 °C, fór ice to be nucleated 
homogeneously from either supersaturated vapor or from supercooled liquid. 
The fact that at a given vapor pressure the supersaturation with respect to ice 
is higher than that with respect to water might suggest that homogeneous 
deposition would have a higher rate (or probability) than homogeneous freez
ing. However, there are both theoretical arguments and empirical evidence fór 
homogeneous freezing being the only process actually realized.

The most generál indication fór freezing to predominate over deposition is 
the Ostwald phase rule, which States that from any metastable State the phase 
of next closest level of ordering will form. In the case of supersaturated vapor, 
this rule predicts that the formation of the liquid phase precedes the formation 
of the solid phase.

The same result is obtained in the framework of classical nucleation theory 
by comparing the probability of formation of an ice embryo from the vapor with 
the probability that a liquid embryo will form. Since the interfacial energy crsv 
between ice and the vapor is much larger than between liquid and vapor <7lv, the 
rate of nucleation fór ice from the vapor is lower by factors of 1010 or more than 
the rate fór liquid drop formation.

The molecular theory of nucleation, in which the energy of molecular clusters 
is calculated directly from the interaction energy between molecules and specific 
cluster geometries are taken intő account, further corroborates that the forma
tion of small ice-like structures have a higher free-energy barrier to overcome 
than clathrate structures of equivalent size (Plummer, 1973).

The nucleation of liquid prior to the nucleation of ice (fór homogeneous 
nucleation only) means that ice will form from supersaturated vapor only when 
the supersaturation is high enough to nucleate drops (see Section 3.2.1) and if, 
simultaneously, the temperature is low enough fór freezing to be initiated. Thus, 
the homogeneous nucleation of ice from the vapor is a two-stage process, bút 
the processes follow in such rapid progression that the stages may nőt be 
distinguishable in practical situations (like a rapid expansion in a chamber at 
cold temperatures). If liquid drops are already in existence, the requirement fór 
the homogeneous nucleation of ice is in terms of temperature only. This is the 
only case of importance fór the atmosphere and fór that reason the following 
discussion treats only homogeneous freezing.

To formulate estimates of the free energy of formation of ice embryos using 
a thermodynamic (classical) approach it is necessary to assume that the ice- 
water interface is a sharp one. In reality, the change from the water structure 
to the ice structure is gradual, extending over several molecular distances. Fór 
small clusters (tens of molecules) it can be imagined that nőne of the interior 
is free from surface influences. The thermodynamic theory cannot takc such 
complexities intő account, so that the assumption of an ideál surface defining 

134



a discontinuity in structure is a necessary one. With that model, as detailed in 
Appendix I, and assuming spherical embryo shape, the critical free energy and 
critical embryo radius are

lóna2. „ -2crsl _
AF* =--------t and r* = - r, (4.1)

3(JFV)2 AFy

where AFy is the búik free energy change of solidification per unit volume, and 
asI is the solid-liquid interfacial energy. In order to make practical use of these 
equations it is necessary to make appropriate choices fór the quantities involved. 
The procedure suggested by Fletcher (1970) is to make use of the entropy 
relation = -(<9F/&T)p to yield

AFV= -A^ydT = - <A^V>6 (4.2a)

and gives the average entropy of fusion (Ai//^ fór the temperature rangé To to 
T, with the supercooling (T- To) designated by the symbol1 9 as

1 Since fór pure water To”® ’C» the numerical value of 0 is equal to the Celsius temperature. 
This will nőt be the ease when considering Solutions, or other substances whose melting point is nőt 
at 0 ’C. In somé ways it would be convenient to use a positive number to deseribe supercooling, 
bút retaining the equivalence to Celsius temperature makes it easier to visualize the discussion 
relating to ice,

(Ay/y) = (1.13 - 0.0040) Jm-’V1. (4.2b)

The combination of Eqs (4.1) and (4.2) provides a basis fór the calculation 
of homogeneous freezing rates. The value of crsj is usually left as an adjustable 
paraméter to fit the experimental results (the value is roughly around 0.02 
Jm-2). A similar expression was derived by McDonald (1964):

JF, - (4.3)

with Lm being the mean value of the latent heat of solidification between To and 
T. Both (4.2) and (4.3) show the proportionality of AFS to supercooling, 
0 = T- To, as would be expected, since the two phases are in equilibrium at 
T=T0.

If the approximation of a spherical embryo is replaced by more realistic 
assumptions of crystalline shapes, then the free energy expression can be modi- 
fied by inclusion of “shape factors” fór volume and area of the embryo. Yet 
further refinements can be included by using different values of cr,, fór the 
different crystal faces of the embryo. In generál, such modifications amount to 
little more than formai exercises, since the numerical values fór the parameters 
are nőt known and the experimental data cannot yield values fór more than one 
adjustable paraméter.

The calculation of the rate of homogeneous freezing nucleation follows the 
generál procedure described in Appendix I, taking the torm
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-AF*
(4.4a) K1

where AF* is the energy of formation of a critical size embryo and the pre- 
exponential factor, K, fór the case of ice formation includes the rate of addition 
of molecules to the (sub-critical size) embryo. This rate reflects the transfer of 
water molecules across the water-ice boundary and may be estimated either 
from the activation energy of viscous flow of water (Fletcher, 1970; Wood and 
Walton, 1970) or from the self-diffusion coefficient of water (Pruppacher and 
Klett, 1978). In either case the data are derived from measurements of the 
transport properties of water at subzero temperatures (Angell, 1982); since 
those measurements do nőt extend to the temperature of homogeneous nuclea
tion, the data are extrapolated. The numerical value of the pre-exponential 
factor is found to be in the rangé 1032 to 1038 m-3s-1 depending on the form 
and numerical inputs to the calculations. The uncertainty in this factor is of less 
concern, since the major interest lies in the dependence of the nucleation rate 
on temperature. That dependence is with 0~2, as seen when (4.2a) is substituted 
intő (4.2b) to yield

J = Kexp(-B't'), r'^TO2)-1 (4.4b)

where B' is a constant. Taking intő account the temperature dependence of the 
entropy of fusion changes the expression to

J = Kexp (- Bt), t = (T3ö2)-1 (4.4c)

as was given by Wood and Walton (1970). The temperature dependences 
predicted by (4.4b) and (4.4c) are nearly identical since T~2 changes only 
slightly over the few degrees in T over which J is observable in practice.

A 1 °C change in 0 corresponds (at typical values of the other variables) to 
a one and a half order of magnitude change in J. the rapid increase in J with 
slight changes in 0 is typical of many nucleation phenomena and lends credence 
to the frequent use of “threshold” values to describe the point where J becomes 
appreciable.

Experimental studies of homogeneous freezing nucleation developed along 
two lines: the use of cloud chambers and the observations of small droplets 
which are either freely falling, are supported on solid surfaces or are dispersed 
as emulsions. In any experiment, the volume of the samples (droplets) are made 
small, so as to reduce the chance of having contaminants present and introduc- 
ing heterogeneous nucleation intő the observations.1

In the cloud chamber experiments, a rapid expansion is used to create the 
cloud; by suitably large expansions the temperature can be lowered sufficiently 
to have ice crystals develop. These experiments followed from the classical

L°le forc'gn matter >n initiuting the crystallization of supercooled liquids bccame 
established by the 1920’s. The first observation of homogeneous freezing of water might be that of 

eyer and Pfaff (1935), after filtration of the water through colloidon membráné. 
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studies of C. T. R. Wilson during the early years of this century. Cwilong 
(1947) undertook a systematic study of expansions to low temperatures, pursu- 
ing Wilson’s observation that liquid drops and nőt ice formed even when 
condensation took piacé at temperatures around - 15 °C. Cwilong found that 
when the lowest temperature in an expansion reached - 41.2 °C a shower of ice 
crystals appeared, which he detected by either letting them fali intő supercooled 
water at the bottom of his apparátus or by observing the scintillation from the 
crystals.

The most recent in the long series of experiments of this type is that reported 
by Anderson et al. (1980). Their photographic records could be evaluated to 
yield quantitative results on the proportion of water droplets and ice crystals 
shortly after expansion. An example of their results is shown in Fig. 4.1; the 
diagram illustrates the rapid increase in the number of ice crystals at tem
peratures below -43 ’C. The indicated temperature refers to the calculated 
minimum value which is reached fór a very short time (~ 0.01 s) immediately 
after the sudden expansion in the chamber. The nucleation rate in these experi
ments became high enough to produce observable concentrations of ice crystals 
at temperatures between -41 and -42 °C. In this experiment, the fact that ice 
formed by the freezing of liquid droplets was demonstrated by the lack of any 
discontinuity in the totál number (liquid or ice) of particles formed as the final

Fig. 4.1
Expansion chamber results from Anderson et al. (1980). The frozcn fraction of droplets 

increases sharply as the final temperatures of expansion reach 230’ K and 228.5’ K, fór initial 
conditions of — 9’ C in He, and — 12* C in Ar, respectively
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temperature was gradually decreased in a series of expansions pást the onset of 
ice formation. By evaluating the experimental data as a sequence of homoge
neous condensation, droplet growth and homogeneous freezing of the droplets, 
Hagen et al. (1981) déri ved the nucleation rate as a function of temperature. 
This result is shown in Fig. 4.2 exhibiting the very rapid rise in J with decreasing 
temperatures.

Cloud chamber experiments produce droplets of only a few micrometer 
diameter bút in very large numbers. Other techniques have been developed fór 
studies with larger droplets; the main advantage of larger droplet sizes is that 
the volumes of the droplets can be directly measured, as opposed to the use of 
calculated values in the cloud chamber studies. Often, these techniques allow 
droplets to be individually observed and, alsó, to be subjected to repeated cycles 
of freezing and melting. The droplets are allowed to freely fali in air (Kuhns 
and Mason, 1968), are enclosed in glass capillaries (Mossop, 1955), are suspend- 
ed in one (Butorin and Skripov, 1972), or at the interface of two immiscible 
liquids (Bigg, 1953; Langham and Mason, 1958), or are dispersed as an 
emulsion within a carrier oil (Rasmussen and Mackenzie, 1972; Michelmore 
and Franks, 1982; Clausse et al. 1983; Taborek, 1985). With supported 
droplets the rate of change of temperature can be controlled, avoiding the 
rapidly changing conditions of expansion chambers or of free-fall droplets. 
These methods alsó allow the temperature to be controlled with greater ac- 
curacy and observations of the droplets are easier. On the other hand, the 
possibility of contamination at the droplet surface in contact with the support- 
ing médium is greater and the preparation of the samples requires great care.

Fig. 4.2
Observed rates of ice nucleation, from Hagen et al. (1981). The nucleation rate (error bars, and 

solid line) increascs exponentially with decreasing temperatures
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Fór all methods, water of the greatest possible purity is used, bút even so, the 
main factor that allows homogeneous nucleation to be studied in droplets is the 
partition of the sample in many small droplets. The limited number of impurities 
in the water are thereby sequestered intő an equally limited number of droplets, 
so that the larger the number of droplets is intő which the sample is divided, 
the smaller is the fraction of droplets influenced by the impurities. This measure 
works as long as there is no interference by the supporting médium even though 
fór smaller drops the surface to volume ratio becomes higher.

It is necessary at this point to digress a little and deal with the methods 
applicable to the evaluation of droplet freezing experiments. What the freezing 
of a given droplet evidences is the formation of at least one critical size embryo 
within the volume of that droplet over the time of observation. Once an embryo 
reaches critical size and goes through the rapid next step of adding one more 
molecule to become stably growing, the rest of the droplet freezes within a short 
enough interval of time that other embryos are likely to form within the same 
droplet. The observed freezing events are linked to the nucleation rate, J, by the 
external variables volume, time and temperature. Fór a population with a large 
number of droplets there will be a distribution of freezing temperatures due to 
the chance occurrence of nucleation in each, even if all are of identical volume 
and are at identical conditions.

The simplest case to consider is that of a set of droplets held at a constant 
temperature, neglecting the transient period necessary fór bringing the sample 
to that temperature. The nucleation of a drop of volume V at time t' is 
equivalent to saying that

JVf = 1 (4.5)
fór that droplet, consistent with the definition of J as the rate of nucleation per 
unit time. In generál, the product JVt is the average probability of a drop 
freezing within time t, and the distribution of freezing events is describable by 
the Poisson probability distribution. Therefore, the fraction of drops frozen 
after time / is given by

~ = 1 -exp(-JFí) (4.6)
^0

where N(t) is the number of drops frozen at t and No is the totál number of 
droplets in the sample, all assumed at this point to have identical sizes. This 
equation permits the numerical value of J to be calculated, fór the temperature 
of the experiment, usually by taking several observations at different times and 
fitting Eq. (4.6) to the data (a plot of In (1 - N/No) vs. / should yield a straight 
üne whose slope is proportional to J).

Equation (4.6) may be differentiated with respect to time to express the 
numbers of freezing events, dN, which are expected within an interval of time 
dt:

dN - No [exp (- JVt)] [JV d/] (4.7) 
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where the terms have been grouped to show that the probability of freezing of 
a droplet within dí is given as the probability of it nőt yet being frozen at time 
t, times the probability that it will freeze within dz. This equation is the starting 
point fór describing experiments in which the temperature is nőt constant with 
time. A steady lowering of the temperature (constant cooling rate) is the most 
convenient experimental procedure and it has the potential of yielding values 
of J over a rangé of temperatures, nőt just at a single point. Fór a cooling rate 
dT/dt = a, Eq. (4.7) can be integrated, after substituting fór the exponential 
factor from Eq. (4.6), to give

—dA = -J(T)dr (4.8)
No- N a

where the left-hand side is equal to In (1 — N/No). To render this equation usable 
somé simplifying assumption is needed, usually based on the fact that J (T) 
increases very rapidly with decreasing temperature.

Experiments with constant cooling rate yield frequency distributions of freez
ing events with temperature which are strongly skewed toward lower tem
peratures. Since J increases exponentially and so the number of drops freezing 
increases at an accelerating rate, this is expected to be otfset and eventually 
dominated by the decrease in the number of drops remaining unfrozen. By 
matching the frequency distribution to the approximate solution of Eq. (4.8), 
values of J(T) can be derived fór the temperature rangé covered by the distribu
tion (e.g. Bigg, 1953; Butorin and Skripov, 1972). The rangé of temperatures 
over which the freezing events take piacé can be changed, within limits, by 
varying either V, or a: lower temperatures of freezing result from small V and 
from large a-values. Experiments agree with Eq. (4.8) in producing frequency 
distributions which do nőt change in shape bút are shifted in temperature in 
response to changes in V or in a. The shape of the distribution is governed by 
the temperature-dependence of J. While the precise form of that temperature 
dependence, as predicted by Eqs (4.1) to (4.4), is more complex, the empirical 
data can be well represented by linear plots of In J vs. T (as will be shown in 
the following paragraphs). Fór such an exponential increase in J with decreasing 
T, the mean freezing temperature of a set of droplets, Tm, corresponding to 
A= Ao/2, varies with - In V and with In a (Langham and Mason, 1958). These 
dependences are supported by the empirical data and can be effectively used to 
distinguish between homogeneous and heterogeneous nucleation.

Returning now to the discussion of homogeneous nucleation experiments, a 
few recent data sets will be presented. Summaries of the large body of earlier 
studies can be found, fór example, in Mason (1958) or Fletcher (1970).

The method of allowing droplets to fali in a gas through a gradient in 
temperature, and detecting the point of nucleation by the accompanying change 
in opacity was used by Kuhns and Mason (1968). After correcting the observed 
freezing temperatures fór the lag due to thermal inertia, the nucleation tem
peratures of 10 pm diameter drops was near - 38 ’C and those of 40 pm droplets 
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near —36 °C. By assuming that at the rate at which droplets were cooling 
(several degrees C per minute) the freezing events can be taken to indicate 
nucleation within 1 second, the observations could be converted to nucleation 
rates; these results are included in Fig. 4.4.

The freezing of single drops suspended in oil, and detecting freezing events 
by the temperature rise accompanying the release of latent heat, was utilized by 
Butorin and Skripov (1972) in experiments both at constant temperatures and 
at constant rates of cooling. Typical results fór the two kinds of tests are shown 
in Fig. 4.3, both clearly exhibiting the expected trends described in the foregoing 

Fig. 4.3
Examplcs of the results of experiments fór two sets of conditions. Uppcr diagram: constant 

temperature of -36 *C (96 droplets of 115 pm diameter). Lower diagram: continuous cooling 
°fO.15"C s 1 (150 droplets of 150pm diameter). The histograms show the numbers of droplets 

frozen within given time intervals. The smooth curves are based on equations similar to Eqs 
(4.7) and (4.9). (After Butorin and Skripov, 1972)
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discussion fór droplet freezing experiments. The derived nucleation rates are 
shown in Fig. 4.4.

Emulsions of water in oil offer the possibility of observing very large numbers 
of droplets although present a fairly broad rangé of droplet sizes as a result of 
the mechanical dispersion process. Wood and Walton (1970), Michelmore 
and Franks (1982) and Taborek (1985), among others, made effective use of 
emulsions to study homogeneous freezing nucleation. The droplets were photo- 
graphed through a microscope to determine droplet sizes and to detect freezing 
in the experiments of Wood and Walton. Michelmore and Franks utilized 
a differential scanning calorimeter, and Taborek used a specially designed 
sensitive thermal detector to observe the release of latent heat, which is in 
proportion to the mass of water freezing at any given instant. The results of 
these studies are in fair agreement with one another and with those of Butorin 
and Skripov, as shown in Fig. 4.4; the spread in nucleation temperatures from 
the different experiments, fór a given value of J, is less than 2 °C and the slopes 
of the lines are quite similar.

Figure 4.4 is a summary of the homogeneous nucleation rate data discussed

Fig. 4.4
Homogeneous nucleation rate, J (m's1), as a function of temperature, as detcrmined by: A 
Kuhns and Mason (1968); B Wood and Walton (1970); C - Ravdely and Kozt.ov (1970);

D - Butorin and Skripov (1972); E - Michelmore and Franks (1982); F Hagen et al. 
(1981); and G - Taborek (1985). The heavy long line is an indication of the average trend.

which can be described by the equation J ■ 6.8 x 10"’° exp (- 3.9Ö)
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in this section. The cloud chamber results of Hagen et al. (1981) fali at the high 
values of J(1021 to 1026 nuclei per m3 per second), whereas the data obtained 
with larger drops are at a lower rangé of values. The relatively good fit of all 
of the data to a single line is quite reassuring although there are somé clear 
systematic differences among the data sets; somé of those differences result from 
experimental errors, somé from the methods of interpretation of the observa
tions. The trend toward a linear increase of In J with decreasing temperature 
is supported by the data displayed in Fig. 4.4, bút it must be remembered that 
this is only an empirical trend and nőt a rigorous analytical dependence. Alsó, 
while the emulsion experiments have been very productive, there is evidence that 
the emulsifiers used in the experiments produce heterogeneous nucleation, at 
least after somé period of time (Clausse et al., 1983; Mathias et al., 1985).

Reconciliation of the empirical data with the theoretical formulations was 
attempted in each of the references cited; with the relatively narrow ranges of 
temperatures over which any of the data sets extend, reasonably good fits with 
the equations have been obtained. Numerical values'fór the interfacial energy 
crsj or fór the activation energy can alsó be extracted from the data depending 
on which one is assigned a value based on other types of observations. Best fits 
to the data have been obtained by allowing the interfacial energy to vary with 
temperature (decreasing with decreasing temperature) and one of the checks on 
the validity of the data is that extrapolation of the values of <7S1 to 0 °C should 
show reasonable agreement with the values determined at that temperature. 
There are differences in the values obtained from the different studies and a 
discussion of those differences will nőt be taken up here. It is useful to note 
nonetheless, that through such evaluations the homogeneous nucleation experi
ments contribute to the developing of understanding of the structure of water 
and of its properties at supercooled temperatures. So far, only the ther- 
modynamic theory has been applied to the data, bút hopefully somé com- 
parisons with molecular theories will alsó be forthcoming.

Observations of homogeneous nucleation in water have been extended to 
pressures of 300 MPa by Kanno et al. (1975). The point of rapid heat release 
was observed in emulsified samples of water, similarly to the experiments 
discussed earlier, and the temperature at which the nucleation rate became 
appreciable was used to characterize each experiment. The results revealed that 
the amount of supercooling possible before the onset of homogeneous nuclea
tion increased with increasing pressures, i.e. nucleation temperatures decreased 
even more rapidly than the equilibrium liquidus line (melting temperatures). 
Below 200 MPa, where the stable ice phase is cubic ice (Ice III), and the liquidus 
line changes slope, the homogeneous nucleation temperatures followed the same 
trend. The degree of supercooling possible before homogeneous nucleation was 
found to increase to nearly 70 °C fór pressures of 300 MPa; nearly double the 
value fór atmospheric pressure. There are interesting, and nőt fully understood, 
implications of these findings regarding the structure of supercooled water. 
Knight (1976) compared the results of Kanno et al. with the predictions of the 
thermodynamic theory by accounting fór the pressure dependences of density, 
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melting temperature and the entropy of fusion, and by assuming that the 
interfacial energy between ice and water, the heat capacities of ice and of water, 
and the pre-exponential term in Eq. (4.4) are independent of pressure. The 
agreement was found to be quite good fór the Ice I region (the comparison was 
nőt extended to the Ice III region). While this result does give further confidence 
in the theory, it does nőt constitute a very severe test. The fundamental objec- 
tions to the thermodynamic approach which were mentioned earlier certainly 
remain valid.

In summary, experimental results from several different kinds of tests show 
reasonable agreement in indicating that the homogeneous nucleation of ice 
takes piacé from the liquid at supercoolings of roughly 40 °C at normál atmo
spheric pressure. The rate of nucleation, as shown in Fig. 4.4 rises very rapidly 
when those temperatures are reached, so that the dependence of the nucleation 
temperatures on the rate of cooling and on the volume of a given sample 
(droplet), although well quantifiable based on the empirical data, is only a 
second-order effect, causing small differences from the -40 °C point. The 
thermodynamic theory of homogeneous nucleation has been shown to be 
capable of explaining the main features of the empirical data and to yield 
numerical values fór the interfacial energy which are comparable with values 
derived by other methods. Thus, there is no reason to be overly sceptical of the 
validity of the theory, in spite of its fundamental limitations.

The atmospheric role of homogeneous ice nucleation is quite tangible, in 
contrast with homogeneous condensation, as the abundance of heterogeneous 
ice nuelei is restricted in comparison to the numbers of cloud droplets (see 
following section). Many cloud droplets can reach temperatures near - 40 °C 
in the liquid State and have ice form in them via homogeneous nucleation. This 
process is most evident in deep convective clouds. The most readily perceived 
example of homogeneous ice formation is the rapid glaciation of the tops of 
cumulonimbi and the formation of anvil clouds. While somé ice elements form 
in these clouds via heterogeneous nucleation at temperatures between 0 °C and 
-40 °C as the cloud rises through the corresponding levels, an appreciable 
fraction (perhaps a few to a few tens of percent) of the cloud droplets arrives 
at the - 40 °C level unfrozen. The small temperature rangé in which homoge
neous freezing is initiated and the presence of the tropopause near those tem
peratures combine to produce the characteristic appearence of anvil clouds.

The majority of cirrus clouds alsó forms at temperatures where homogeneous 
ice nucleation becomes probable, bút the concentration of cloud elements in 
cirrus is much lower than in convective clouds and so the contribution from 
heterogeneous nucleation may be more important. There are as yet no good 
measurements which would allow a quantitative deseription of the initiation of 
ice particles in cirrus. The same may be said of deep nimbostratus clouds which 
can extend to the temperatures of homogeneous nucleation, bút where cloud 
formation and the growth of particles are slow and difUcult to observe in 
sufificient detail to characterize the nucleation process involved.

Whatever is the type of cloud considered, there is an additional factor to 
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account fór when discussing the homogeneous nucleation of ice in the atmo
sphere. As cloud droplets form on soluble (or partially soluble) nuclei and 
existing droplets collect gases and aerosols from the air at fairly rapid rates, 
cloud droplets cannot be considered to consist of pure water until they grow to 
large sizes by condensation. The influence of dissolved substances on the ho
mogeneous nucleation of ice has been examined both theoretically (e.g. Bónis, 
1971) and experimentally (e.g. Wood and Walton, 1969; Rasmussen and 
Mackenzie, 1972). The simple effect of melting-point depression gets supplant- 
ed by additional effects due to changes in interfacial energies, non-idealities of 
Solutions, etc. In clouds, the effects become especially large when the droplet size 
is small and the concentration of solute high. The résül ting changes in nuclea
tion temperatures can rangé from several degrees to perhaps in excess of ten 
degrees. The most extreme influence on ice nucleation can be expected in haze 
particles (soluble aerosol at humidities above that of deliquescence)—unfrozen 
haze particles probably account fór the sketchy bút noteworthy observations 
of “liquid water” at temperatures as cold as - 65 °C in the atmosphere. There 
is considerable scope fór extending nucleation research to such conditions.

4.4 Heterogeneous nucleation

4.4.1 General comments

The role of foreign materials in initiating the nucleation of ice at temperatures 
warmer than that required fór homogeneous nucleation is very well demon- 
strated. Somé materials can initiate ice formation at just a few tenth of degrees 
below the melting point, which is a remarkable fact, in comparison with the 
nearly 40 °C supercooling required fór homogeneous nucleation. In addition, 
on somé foreign materials ice can be nucleated directly from the vapor phase. 
The rangé of materials which are effective ice nucleators is alsó quite surprising, 
going from substances like silver iodide (Agl) to organic macromolecules in the 
cell membranes of somé bacteria. As a result, there is a truly fascinating variety 
of phenomena in which heterogeneous ice nucleation is a key element. The 
formation of ice in lakes, rivers, puddles, and so on, is usually started at barely 
noticeable supercoolings by somé matéria! with which the water is in contact 
at its boundaries. In clouds, on the other hand, water droplets readily supercool, 
bút ice is nucleated in somé fraction of the droplets over the broad temperature 
rangé from about - 5 to - 40 °C. Certain plants and insects would nőt have ice 
form in or on them until quite low temperatures, except that somé accompany- 
ing bacteria might nucleate ice on them, or in them, at just a few degrees 
supercooling. Somé organism have special strategies fór preventing ice nuclea
tion. Thus, the reasons to study and understand heterogeneous ice nucleation 
are indeed manyfold.
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Accordingly, the subject of ice nucleation received the attention of many 
scientists, with systematic studies carried out at least since the middle of the last 
century1. Especially since about the 1930’s experimental investigations of ice 
nucleation have been pursued with many different methods and with many 
different combi na tions of conditions. Tests have been conducted with a wide 
diversity of substances, bút understandable focus feli on materials of greater 
effectiveness. Theoretical developments dérivé mainly from the thermodynamic 
treatment of homogeneous nucleation, with attempts to incorporate models of 
the factors important to heterogeneous nucleation. These theories are nőt 
specific to water substance, bút have generál validity to other substances as well. 
At the molecular level, the interaction and ordering of water molecules on 
surfaces has been modelled, with the prospect of extending the calculations to 
the formation of critical embryos.

1 Interestingly, the first clear demonstration of the phenomcnon of supercooling was with water, 
in 1724, by Fahrenheit. Subsequent studies of metastablc systems and the triggering of phase 
transitions focussed on supersaturated Solutions, and the crystallization of various organic crystals. 
Experiments with supercooled water were thcn reported well over a century after Fahrenheit's 
discovery (Mousson, 1858; Dufour, 1861). However, the fact that fogs consist of water droplets 
even at temperatures much below 0 ’C appears to have been common knowledgc in 1858. Studies 
of ice nucleation took on a new impetus in the 1930’s, by which time many of the important basic 
concepts of nucleation have been established from studies with substances other than water.

In spite of the intense efforts to understand heterogeneous ice nucleation, the 
accomplishments can still only be viewed as initial developments. Theory and 
observation have nőt yet been matched with any generality. The main complica- 
tion arises from the fact that specific variations of details of the processes appear 
to be important enough to make formulations that ignore them of little utility; 
in most cases, observations are capable of yielding phenomenological descrip- 
tions only, nőt quantitative analyses of the processes involved.

4.4.2 Basic theory

The fundamental effect in heterogeneous nucleation is that the embryo of the 
new phase forms on the foreign substrate, so that the embryo shape is approxi- 
mated by a portion of a sphere attached to the substrate (as shown in detail in 
Appendix I). The result is that the critical embryo radius is reached at smaller 
values of the free-energy difference which is associated with the formation of 
the embryo. Hence, critical size embryos can be realized at smaller supercoolings 
or supersaturations. The paraméter describing the interaction of the substrate 
with the embryo is reduced, in the macroscopic description of the process, to 
the contact angle paraméter, m. The predictions of this formulation are shown 
in Fig. 4.5 fór ice nucleation from the vapor (deposition), and in Fig. 4.6 fór 
nucleation from the liquid (freezing), both as functions of the paraméter m and 
of the radius of curvature of the substrate. The latter factor is considered, 
because, especially in atmospheric applications, the nuclei are usually in the
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Calculated dependence of the critical supersaturation on partiele radius, fór deposition 
nucleation at a rate of J= 106 m-3s-1. The paraméter m characterizes the interfacial energies of 

the system, as defined in Eq. (1.6) of Appendix I (After Fletcher, 1958)

form of small particles whose size may be comparable to the critical embryo 
radius. Somewhat simpler equations apply to nucleation on fiat surfaces (cf. 
Appendix I). Equivalent relationships are given fór cylindrical substrate forms 
by Knight and Weinheimer (1987), and fór liquid substrates by Cooper and 
Knight (1975). There is considerable similarity in the trends given by the 
different assumptions about the geometric shape of the substrate.

As can be seen by comparing Figs 4.5 and 4.6 (using the right-hand ordinate 
in 4.5) fór given values of m and rp, deposition nucleation reaches the J = 10-6 
m~3s-1 rate, fór example, at considerably lower temperatures than freezing 
nucleation. In reality, this comparison is nőt as meaningful as it appears because 
m will have different values fór deposition and fór freezing fór a given substrate 
matéria!.

Agreement between these theoretical predictions and observations is nőt 
easily tested, as will be discussed later, bút there is at least partial experimental 
support fór the trend, shown in Fig. 4.6, that materials which have small 
interfacial energies with ice (i.e. are more “ice-like” in their structure), giving 
m-values near unity, can indeed be quite effective ice nuclei. This factor will be 
examined in more detail in a following section. The dependence on rp shown in 
Figs 4.5 and 4.6 has nőt been verified by experiments, except in the generál sense 
that larger particles are indeed more likely to be effective nuclei. That fact, 
however, has other explanations alsó; namely, that the probability of finding 
an active site on a partiele increases with the size of that partiele (see Section 
4.4.4).
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Fig. 4.6
Same as Fig. 4.5, bút fór freezing nucleation (after Pruppacher and Klett, 1978)

4.4.3 Characteristics of ice nuclei

Before discussing the specific factors which are important in ice nucleation, it 
is worth clarifying what is meant by “effective”, or “active”, ice nuclei. These 
terms have been used with varieties of connotations, and therefore have largely 
lost the chance fór rigorous definitions. It is perhaps preferable that way, and 
in this text too the phrases will be used in different contexts. In all cases, the 
intention is to indicate that ice nucleation is facilitated by the hetero-nucleus to 
a substantial degree. Most simply, this means that ice is formed at somé 
relatively small supercooling or supersaturation. In another sense, effectiveness 
might mean a higher number concentration of nuclei at given conditions. 
Quantitative differences will always be expressed in terms of better-defined 
properties, such as mean temperature, sites per unit area, etc.

ke nucleating materials

There are many substances known to be capable of initiating heterogeneous ice 
nucleation, as shown, fór example, in the compilations of Mossop (1963) and 
of Pruppacher and Klett (1978). Ice nucleating materials rangé from minerals 
to alkati halides to metál oxides and to varieties of organic compounds. Fór 
simplicity, each substance is usually characterized in terms of the “threshold 
temperature of nucleation. Threshold temperatures can be viewed most simply 
as relatíve measures which emerged from specific series of experiments; they 
roughly correspond to a fixed, bút only poorly known, value of J. Since ice 
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formation at the threshold temperatures is observed on only a small fraction of 
the substrate surface, or on a small fraction of the particles used in the tests, 
the threshold temperatures do nőt represent a truly generál property of the 
matéria!. Thus, in comparisons of the results of different investigations, differ- 
ences of even several degrees should nőt be considered significant. Threshold 
temperatures can only provide somé rough measure of the nucleating abilities 
of substances, and must always be interpreted with reference to the specific 
conditions under which they were obtained.

Perhaps the most generál pattem characterizing the ice nucleating abilities of 
materials is that shown in Fig. 4.7. At temperatures between T\ and T2 ice 
nucleation takes piacé right near the line representing saturation with respect 
to water. The implication of this observation is that the mode of ice formation 
is freezing, i.e. that liquid water forms on the substrate, at least in small clusters, 
and that the nucleation of ice takes piacé from the liquid. The temperature I\ 
is then the threshold fór freezing nucleation. At temperatures below T2, ice can 
form if the saturation with respect to ice exceeds S2. Since S2 lies below the 
water saturation curve, the implication is that the mode of nucleation is deposi
tion. The thresholds fór deposition are defined by T2 and S2, although the two 
are nőt independent, since S2=f{T2). This type of observation was first 
reported by Bryant et al. (1959) fór silver iodide and cadmium iodide. Later 
studies showed these characteristics to be quite generál. There will be further 
discussion of this pattem in the section on ice nucleation modes. The main point

Fig. 4.7
Schematic dcpiction of the temperature and supersaturation conditions which are observed to 

lead to deposition and freezing nucleation on common substrates
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is that the theoretical prediction that freezing nucleation is possible at tem- 
peratures higher than those assigned to deposition nucleation is born out by the 
observations. The dependence of ice nucleation, fór T<T2, on both tem
perature and vapor pressure is alsó evident.

Values of I\ and S2 are listed in Table 4.1 fór selected materials, to show the 
approximate rangé of values observed. The first three materials in the list are 
among the most effective ice nucleators known; kaolinite is important because 
of its abundance.

Table 4.1
Examples of freezing and deposition thresholds (after Schaller and 

Fukuta, 1979)

Matéria! Freezing 
T^C

Deposition 
S2%

Silver iodide -4.5 9.5
1,5-dihydroxynaphthalene -5.0 12.0
Phloroglucinol -4.8 10.0
Kaolinite -9.9 20.3

All the materials mentioned above are purified or synthetized substances. Fór 
ice nucleation in the atmosphere, there is, of course, considerable interest in the 
activities of naturally-occurring substances, and there are many published sets 
of measurements on the nuclei found in natural water samples, in different soils, 
in volcanic emissions, and so on. Mason and Maybank (1958), fór example, 
report freezing thresholds fór 28 minerals; the most active specimen in that set 
was covellite (CuS) with a threshold of - 5 °C. As mentioned before, there are 
numerous reports of comparative evaluations of different potential ice nucleat
ors. Considering the varieties of testing methods employed, it is perhaps surpris- 
ing, and somewhat reassuring, that the threshold values are generally repeatable 
within about a few degrees. Apart from their direct utility, such comparisons 
of the nucleating activities of substances are helpful in the search fór what 
factors determine ice nucleating ability, and in considering the origins of atmo
spheric ice nuclei. However, to go beyond the comparative observations, other 
measurements than threshold values are needed.

More precise quantitative descriptions of the activities of nucleating materials 
are given by “ice nucleus spectra”, which, in analogy with the CCN spectra 
discussed in Chapter 3, present the number concentration of freezing nuclei as 
a function of temperature, or the number of deposition nuclei as a function of 
supersaturation. There are many kinds of “spectra” used, however, so that care 
should be exercized in interpreting data reported in such forms. The differences 
are in the units on which the concentrations are based, and there are differential 
(per temperature interval) and cumulative spectra. The type of spectrum used 
is tied to the method of measurement from which the data are derived, and each 
type conveys different information.
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Fig. 4.8
Examples of ice initiation observed in cloud chambers fór aerosols of three different nucleating 
substances. Curves / = DN (1.5-dihydroxynaphthalene,) and 2=MA (metaldehyde) taken from 

Fukuta and Paik (1976); curve 3 = Agl (silver iodide,) from DeMott et al. (1983)

Figure 4.8 shows examples of the numbers of ice nuelei detected in cloud 
chambers fór different materials tested in the form of aerosols injected intő the 
chambers. Figure 4.9 shows the numbers of freezing nuelei per unit mass of 
matéria! fór somé naturally-occurring substances dispersed in distilled water. 
Even though these examples are taken from rather different systems, they 
illustrate somé common features of cumulative ice nuelei spectra, i.e. curves 
which fór a temperature T indicate the concentrations of nuelei active between 
0 °C and T. Such spectra rise monotonically, and usually quite sharply at the 
warmer temperatures.

At least fór measurements at substantial supercoolings, say below - 10 °C, 
exponential functions of the form

N-aexp(-bT) (4.9)

with a and b as constants and with T in °C, often give a good fit to the empirical 
data. Better fits, covering a wider temperature rangé and alsó including the 
sharp initial rise of the spectra, can be obtained with power-law equations of 
the form

N = c (-T)á (4.10a)
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Freezing nucleus concentrations fór soil samples in 0.05% (by volume) suspensions. There are 
large differences among the samples: surface soils, and those with high organic content, show 

the warmest temperature of nucleation. (Vali, 1968)

where c and d are fitted constants, and T is in °C. Equation (4.10a) is nőt 
dimensionally consistent, so a more rigorous form is

N = c (T/Tl)á (4.10b)

where T\ is a reference temperature (nőt 0 °C) conveniently chosen somewhere 
in the middle region of the spectrum (Vali, 1975). These functions have no a 
priori foundations, bút provide simple descriptions fór data which are smoothed 
by long-term averaging or by poor instrumental resolution. At times spectra of 
much greater complexity are observed.

Huffman (1973) showed that the supersaturation spectra of ice nuclei (fór 
deposition) can alsó be best represented by power-law relationships of the form

(4.11) 
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where the supersaturation with respect to ice, SS, is expressed in percent, SS1! 
is again a reference value, and £ and fi are constants. There is special significance 
in this finding in that the number of nuclei activated from the vapor do nőt 
directly depend on temperature or on saturation with respect to water (relatíve 
humidity), only indirectly through the saturation with respect to ice.

The large numerical values of the exponents d and fi, ranging from 4 to 12, 
indicate the rapidity with which the concentrations of nuclei in a sample typi- 
cally rise as the temperature decreases or as supersaturation increases. This 
characteristic is shared by samples prepared from a specific substance, and by 
mixtures of many types of nuclei obtained in samples of atmospheric air (cf. 
Section 4.5).

Influences of substrate surface

The question what determines the ability of a given substance to be an effective 
ice nucleus obviously follows from the discussion of the preceding section. While 
there is no simple and universal answer to that question, somé factors have been 
shown to be important.

One fairly evident factor is that the substrate should be water-insoluble in 
order to have the capacity to nucleate ice. Whether fór nucleation from the 
vapor or from liquid water, it is clear that if the substrate is dissolved in water 
it will nőt be able to serve as an ice nucleus. In the case of nucleation from the 
vapor,. especially at subsaturations with respect to water, there is a possibility 
that a nonhygroscopic bút soluble substance might nucleate ice. Fór any reál 
aerosol, which is never of one pure substance, even this possibility is remote. 
In any case, it has been found that most ice-nucleators have low solubilities in 
water. This is certainly true fór the chemically identified nucleating substances; 
one assumes that the same holds fór naturaliy occurring ice nuclei whose 
composition is nőt known. Fór somé water-soluble substances it is possible to 
get ice nuclei when the solution becomes supersaturated upon cooling and solid 
particles precipitate (Montefinale and Papee, 1978). In a generál sense, one 
might argue that the question can be reduced to the relatíve magnitudes of the 
rate of dissolution of the substrate and the rate of formation of ice embryos. 
There is no totally water-insoluble substance and somé slight etching of the 
surface might even facilitate nucleation. The indications are that ice embryo 
formation is nőt so fást as to allow moderately soluble substances to be good 
nucleators.

Perhaps the most clearly demonstrated factor in ice nucleation is the role of 
crystal structure of the substrate, i.e. the degree of similarity of crystal structure 
between ice and the substrate. Growth of a crystal on another crystal, with a 
close relationship between the two crystal structures is called epitaxial growth. 
The effect is intuitively readily acceptable: if the crystal structure of the substrate 
resembles closely that of ice, the water molecules in the embryo will be more 
readily arranged intő the ice structure. The prime example fór this effect is silver 
iodide, which has a hexagonal crystal structure difTering from that of ice by only 
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a few percent in the spacing of the atoms. Vonnegut (1947) selected AgI fór 
experimentation as an ice nucleant to be used in weather modification based on 
this fact.

A quite evident illustration of epitaxial growth is in the observation that when 
ice crystals grow on a substrate of similar crystal structure the orientation of 
the ice crystals coincides with that of the substrate (Bryant et al., 1959; 
Kobayashi, 1965, and many others). Another proof fór the importance of 
lattice fit was provided by the experiments of Evans (1965): by examining the 
supercooling required fór nucleation of ice on silver iodide as a function of 
pressure, they found that even at pressures exceeding 2* 105 kPa where the 
stable ice form is cubic, nőt hexagonal as at lower pressures, there was no 
discontinuity in the nucleation threshold with respect to the extrapolation of the 
melting point of hexagonal ice. The implication is that hexagonal ice was 
nucleated, because of the crystal fit to the hexagonal AgI lattice.

The influence of lattice fit was further shown by Vonnegut and Chessin 
(1971), and Passarelli et al. (1973, 1974a, 1974b). By preparing solid Solutions 
of Br and Cu in AgI, they obtained materials whose match of crystal parameters

Mole of AgC(

Fig. 4.10
The freezing temperature fór various composition AgI AgCI nuclei is elesést to 0’ C when the 

lattice misfit with respcct to ice is nearesl to zero. (Palanasamy el al., 1936) 
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to ice could be varied by adjustments of the composition. A direct relationship 
between the closeness of fit of lattice parameters to ice and ice nucleating ability 
was found. Similar experiments were reported fór AgI-AgCl Solutions by 
Palanasamy et al. (1986) with the same conclusions. Their results are re- 
produced in Fig. 4.10. The upper diagram shows the variadon of the percent 
difference between the ice lattice and the AgI-AgCl lattice paraméter, which was 
measured by X-ray diffraction. The lower diagram shows the corresponding 
nucleation thresholds fór 1:1000 suspensions of the sample in water. The highest 
freezing temperatures were observed fór the closest match between ice and the 
substrate.

A special case of epitaxial growth is observed on somé organic crystals, which 
have lattice dimensions quite different from that of ice, yet ice crystals grow with 
uniform orientations, and the nucleation thresholds are just few degrees below 
0 ’C. Fukuta and Mason (1963) suggested that the arrangements of the 
hydrogen-bonding groups determine the nucleating abilities of such crystals.

A theoretical argument can be made fór the influence of the substrate in terms 
of the influence it has on the entropy of the water molecules in the embryo. 
Hydrogen atoms are continually changing positions from near one to near the 
other oxygen atom along any O—H — O bond, so that ice has a certain inherent 
residual entropy, or disorder. If interaction with a substrate tends to restrict the 
hydrogen atoms then the entropy of the embryo is decreased and the búik free 
energy of the ice away from the surface is increased. That, in turn, means a 
reduced possibility fór ice nucleation. Calculations of the ordering effect of the 
substrate have been given by Fletcher (1959) and by Fukuta and Paik (1973) 
showing that the entropy effect may altér the effectiveness of crystal surfaces, 
giving, fór example, better nucleation on the prism faces of AgI and Pbl2 then 
on their basal faces. Clearly, this is an important factor in substrate-embryo 
interactions, bút very difficult to quantify, and even more difficult to isolate 
from the other factors which come intő play. Consequently, no direct experi- 
mental proofs of the effect have emerged.

At least fór somé effective ice nucleators, there is evidence that the formation 
of ice embryos should nőt be viewed as taking piacé in a three-dimensional 
spherical cap shape, bút rather to be proceeding via the formation of two- 
dimensional ice. The presence of a layer ofice, one or two molecules deep, was 
invoked by Evans (1967) and Edwards et al. (1970) to interpret the observa
tions that once water drops containing certain nucleants were exposed to 
temperatures below Tw while maintained in the liquid State by high pressures, 
and nőt heated to above 7’M, they subsequently froze right at the melting point 
(without supercooling). The values of Tw were, fór example, -15 ’C and 
-20 ’C fór phloroglucinol-dihydrate and mercuric iodide, respectively, while 
Tm was 0 ’C fór both. The insensitivity of (TM- Tw) to pressure, fór any given 
substance, and the apparent presence of ice on the substrate surface within the 
búik liquid sample led to the suggestion that a two-dimensional layer of ice is 
involved. Lowering the temperature below the melting point allows the two- 
dimensional ice layer to nucleate the rest of the volume without supercooling.
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The implications of these observations, in terms of modifications of nucleation 
theory by the inclusion of line tension, are presented by Knight (1973) and 
Evans and Lane (1973). To what extent would the tendency toward the forma
tion of two-dimensional ice patches play a role in the nucleation of ice without 
the preconditioning used in Evans' experiments, is a matter of conjecture at this 
time. In fact there are a number of other observations of memory effects, i.e. 
where the previous temperature or humidity history of the sample influences its 
nucleating ability. Somé of these phenomena are probably due to modifications 
of the substrate surface itself, while others are probably related to something 
akin to the two-dimensional ice.

Influences of surface irregularities

In the foregoing discussion, surfaces were treated as if they were totally uniform, 
so that ice nucleation would have an equal chance of starting at any point on 
the surface. This is a simplification, since even in the epitaxial nucleation 
observations mentioned above it was noted that the growth of ice crystals on 
the substrate surfaces starts, and repeatably takes piacé, at certain specific 
locations, such as steps in the crystal face, dislocations, pits, etc. In fact, only 
the epitaxial growth experiments from the vapor, which can be carried out under 
a microscope, allow direct visual identification of the areas where nucleation has 
taken piacé. Even in these experiments considerable growth has to take piacé 
after nucleation fór the crystals to become visible. The nucleation event itself 
is of the scale of only tens or hundreds of molecules, and there are no methods 
available to observe those events. Hence, the specific locations of nucleation 
events cannot be subjected to examination. In the following, we discuss the 
evidence which demonstrates the role of surface sites in nucleation, the empirical 
evidence regarding the properties of the sites, and the theoretical analyses 
attempting to provide a generál description of this mode of nucleation.

That steps and other crystal irregularities can be the sites of ice nucleation 
on silver iodide and other crystalline substrates was already noted by Bryant 
et al. (1959), and subsequently confirmed by numerous authors. In matéria! 
Science the phenomenon was well established even before that (e.g. Turnbull, 
1950). Fletcher (1960) incorporated the geometries of steps and corners intő 
the calculation of the free energy of embryo formation. Anderson and Hallett 
(1976) showed that, fór CuS and AgI, nucleation sites fór ice formation from 
the vapor occurred at the same locations on the surface in many repeated tests.

Another interesting way that sites can arise was discovered by observing 
changes in the ability of silver iodide to nucleate ice when silver iodide is 
irradiated with ultraviolet light. Metál halides in generál, and silver iodide in 
specific, are light sensitive; the effect being a dissociation of the molecules 
followed by oxidation or other Chemical reactions, depending on impurities 
present in the matéria!, or on other species in contact with the surface. The 
experiments of Rowland et al. (1964) showed the photolytic effect very clearly.
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Silver iodide crystals prepared and maintained in dark, or under red light only, 
were ineffective as ice nucleants, bút when exposed to ultraviolet light, nucleat
ing ability rose rapidly. The effect reversed after about five or ten minutes of 
irradiation - an observation which was reported previously by many authors. 
The loss of activity due to sunlight was of particular concern in the use of AgI 
as a cloud nucleating agent. Garvey (1973) reported that, fór AgI particles in 
water drops, the activation effect of UV radiation was reversible; within minutes 
of irradiation the activity rose, and within minutes of near-darkness the activity 
decayed. Anderson and Hallett (1976) observed that the numbers of sites fór 
ice nucleation from the vapor increased with illumination, bút the specific 
locations of the sites were nőt always the same in repeated tests. The evidence 
points toward the formation of clusters of silver or silver oxide molecules which 
are better nucleation sites than the pure surface. Many aspects of this 
phenomenon are still nőt clarified, bút the conclusion is clear that crys- 
tallographic fit is nőt a sufficient criterion fór ice nucleation activity.

Substrate surfaces exposed to water vapor will have somé adsorbed water 
molecules on the substrate. There appears to be an improved chance fór ice 
nucleation when the adsorbed water is in small clusters, due to the presence of 
hydrophilic patches on a generally hidrophobic surface (Zettlemoyer et al., 
1961). The hydrophilic (water-attracting) sites were thought to be steps, or oxide 
sites. By treatments silica surfaces could alsó be made to have hydrophilic sites 
over about half of the totál surface, with a corresponding increase in ice 
nucleating effectiveness (Bassett et al., 1970). On the other hand, the formation 
of more complete adsorbed layers have the opposite effect, probably due to 
lesser likelihood of ice embryo formation in a more strongly held water layer 
than in the small patches which are surrounded by areas where the water 
molecules internet only weakly with the substrate (Morachevsky et al., 1972; 
Levkov and Konstantinov, 1975).

From the experiments of Federer (1968) and of Pruppacher and Pflaum 
(1975) it alsó became evident that the electrical properties of the surfaces alsó 
influence their ice-nucleating ability. Federer showed that the doping of semi- 
conductor materials, which change its electric conductivity, altered the adsorp- 
tion of water and the density of sites fór nucleation of ice from the vapor. 
Working with a ferroelectric substance, Pruppacher and Pflaum found that 
the most active nucleation sites were located at the boundaries of positive and 
negative charge regions, and related this finding to the surface diffusion of water 
molecules toward these regions.

It should be recognized that the concept of nucleation sites does nőt imply 
just one type of specific configuration with a corresponding well-defined tem
perature of nucleation. Anderson and Hallett (1976), fór example, observed 
that each site on the substrate surface tended to nucleate ice at a given super- 
saturation, with good repeatability of those values over several nucleation and 
evaporation cycles. Dorsey (1948), Vali (1968), Genadiev (1971), and many 
others have noted that water droplets taken from the same sample might freeze 
al different temperatures, and there is a strong tendency fór each drop to retain 
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its freezing temperature in many repeated tests. It seems clear that even on 
apparently uniform surfaces, or in populations of apparently uniform particles, 
there is always a diversity of different nucleation sites present. The activity of 
each site might be defined by a “characteristic temperature” which corresponds 
to an arbitrarily chosen value of the nucleation rate on that site (Vali and 
Stansbury, 1966). There is clear connection between the relatíve numbers of 
sites at different characteristic temperatures in a sample and the activity spectra 
defined by Eqs (4.9), (4.10) and (4.11). The connection is then established by 
considering the probability distributions of sites on particles of various sizes 
which are present in the particular sample. There is alsó a certain degree of time 
dependence in the connection between site characteristics and the activity 
spectra; this will be discussed in more detail later.

The influence of sites was included in the thermodynamic theory of ice 
nucleation by Fletcher (1969). He modelled sites as circular paths with m= 1 
(i.e. ice-like), the sizes of the sites having a statistical distribution leading to a 
corresponding distribution of nucleation temperatures. By assuming a fixed 
form of that distribution, and with the portion of partiele surface covered by 
sites as an adjustable paraméter, the fraction of aerosol particles becoming ice 
nuelei at given temperatures could be calculated. These predictions have nőt 
been subjected to empirical verification, due to the lack of information about 
the parameters used in the calculations, bút the treatment effectively illustrates 
the concept of nucleation by sites.

In totál, the evidence is strong that the nucleation of ice takes piacé on specific 
surface sites. There are many different kinds of sites, somé major types having 
been identified, so that the activities of materials have to be considered in terms 
of the distributions of characteristic temperatures. The threshold temperatures 
discussed earlier can be viewed as indicators of the temperature at which the 
number of active sites increases, usually quite rapidly, pást the detection thresh
old of the experiment.

Other influences

The fact, that relatively minor surface features on a substrate can form nuclea
tion sites, demonstrates that embryo formation can be significantly influenced 
by subtle interactions on the scale of small numbers of molecules. In that light, 
it is nőt surprising that nucleation can alsó be influenced in several other ways, 
principally by alterations in the time variations of temperature and supersatura- 
tion, and by changes in the Chemical environment of the nucleating site. Where 
they occur, these effects can be substantial, so that they deserve mention, bút 
of their many different manifestations only a few can be discussed here.

The so-called memory effect has been best examined fór minerals (Roberts 
and Hallett, 1968). The effect is similar to that discussed earlier fór two-dimen- 
sional ice formation, except that in this case the formation of búik ice appears 
to be required. Observations show, that once ice has formed on a sample from 
the vapor, evaporation of that ice appears to leave small patches of ice in 
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cavities, or other features, so that ice nucleation can take piacé at smaller 
supersaturations on subsequent occassions. Whereas the values of T2 and S2 
(referring to Fig. 4.5) were in the vicinity of -20 °C and 20% fór most of the 
minerals fór the formation of ice the first time, those values changed to around 
- 12 °C and 14% after all visible ice was evaporated bút the sample nőt exposed 
to relative humidities less than about 30-40%. The duration of exposure to low 
humidities alsó had an influence; longer times were more likely to destroy the 
memory effect. Similar observations of a memory effect fór ice formation from 
the liquid were reported, fór example, by Reischel (1987). One interpretation 
fór the memory effect, originally given by Turnbull (1950), is that small 
volumes of solids can remain in thermodynamic equilibrium above the búik 
melting or vaporization points if they are held in cavities, so that the curvature 
of the surface toward the liquid or vapor is negative (concave). Adsorbed layers 
are alsó known to have lower vapor pressures than the búik matériái. While 
these alternative explanations are both plausible, without the ability to study 
nucleation sites in detail, the precise mechanism of the memory effect cannot 
be established either. The effects here discussed are nőt unique to ice; similar 
phenomena have been observed with the phase changes of other materials.

The nucleation of ice can be significantly influenced by the presence of a third 
component in addition to the substrate and water. This might be anticipated, 
since the presence of the other substance can lead to modifications of the 
substrate surface, fór example by partial dissolution, or there may be com- 
petition between the substance and water molecules fór adsorption (nucleation) 
sites. Studies of such three-component systems show somé strong influences on 
nucleating activity. Fór freezing nucleation, Reischel and Vali (1975) showed 
that the influence of dissolved substances depends on the composition and 
concentration of the dissolved species, and on the type of nucleating substrate 
involved. Fór example, organic soil nuclei used in their tests were practically 
insensitive to twenty or so species of dissolved salts. Silver iodide, on the other 
hand, could be influenced very strongly: at the extremes, NH4I at 0.1 molal 
concentration increased the freezing temperatures of the suspension by over 
4 °C, while CsI at the same concentration decreased freezing temperatures by 
nearly 12 °C. The soil nuclei and the Agl suspension by themselves had very 
similar nucleus spectra in these tests. Somé even stronger effects were reported 
by Reischel (1987). Parungo and Lodge (1967), and Reischel (1984) showed 
that somé dissolved gases can alsó change nucleating temperatures, by as much 
as 3 ’C. There is no clear evidence yet fór similar effects with deposition 
nucleation, bút the addition of gases to cloud chambers (where nucleation may 
take piacé by either by freezing or by deposition) has been found to altér 
nucleation, bút the addition of gases to cloud chambers (where nucleation 
may take piacé either by freezing or by deposition) has been found to altér 
lead to strong changes in the nucleating ability of the substrate. Explanations 
fór these effects probably lie in the adsorption or formation of reaction products 
at specific locations on the substrate; the result might be the creation of ice 
nucleating sites of superior effectiveness, or the covering of sites in the substrate 
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so as to reduce their ability to nucleate ice. The importance of three-component 
systems in the atmosphere can be expected to be considerable, in view of the 
fact that most atmospheric aerosols contain both soluble and insoluble com- 
ponents. There is alsó the potential fór pollutants to influence ice nucleation, 
by activation or deactivation of natural ice nuclei. Information on these matters 
from atmospheric observations is very scant at this time, because of the difficul- 
ties of isolating these effects from the many others influencing ice nucleation. 
This remains an important area to study in the future, as the chemistry of clouds 
becomes better known.

Early literature on the supercooling of water and the nucleation of ice 
frequently discussed the common observation that sudden mechanical distur- 
bance of supercooled water can lead to solidification. A definitive study of this 
dynamic nucleation phenomenon has never emerged, since it is practically 
impossible to seperate the effect of the mechanical disturbance from modifica- 
tions of the surfaces in contact with the water (the Container and the suspended 
particles). The most likely explanation fór the observations is, in fact, that 
nucleation is initiated at the moving interface between the water and somé 
foreign surface. Whether there are practical manifestations of such phenomena 
outside the laboratory is nőt known, even though it is nőt difficult to imagine 
situations where that could be the ease.

4.4.4 Somé macroscopic factors

The preceding section focussed on the factors determining the formation of ice 
embryos on the scale of the embryos themselves, i.e. the molecular scale. In 
practical terms. ice nucleation is controlled, in addition to the molecular-scale 
phenomena, by the sizes of the nucleating particles, by the volume of the sample 
and other macroscopic factors.

The size-dependence of ice nucleation is of special concern in experiments or 
practical situations where the nucleating matéria! is in the form of small par
ticles—aerosols or colloids. The question is how does nucleation activity depend 
on the size of the particles. Intuition would suggest that smaller particles are less 
likely to be effective, bút there could be various manifestations, and various 
underlying reasons, of that trend. Theoretical basis exists to expect that the 
curvature of the surface plays a role, as was shown in Figs 4.5 and 4.6; this effect 
derives from the change in embryo volume depending on the shape of the 
contact surface with the substrate. As the figures show, the radius-dependence 
is nőt simple. Another expectation, most widely held, is that the surface area 
of a partiele is the prime factor, by determining the numbers of nucleating sites 
to be found on it. This follows directly from the earlier discussion in which the 
areal density of nucleating sites was considered. The manifestation of this 
dependence in terms of size vs. nucleation temperature is then determined by 
(i) the speetrum of site density as a function of temperature, and (ii) the 
probability distribution of finding sites of given characteristic temperatures on 
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particles of given sizes. The latter can be deduced from a Poisson distribution, 
if the surfaces of all particles are assumed to have the same average properties; 
the former needs to be determined empirically. The problem thus becomes quite 
complex, exacerbated by the fact that particles of different sizes derived from 
the same matéria! might in fact differ in surface structure, and that crystalline 
surfaces are nőt isotropic. Perhaps the best experimental evidence fór activity 
in proportion to surface area was provided by Edwards et al. (1962), fór 
monodisperse preparations of AgI particles. Fór natural samples, from the 
atmosphere or from precipitation, fór example, size dependence takes on the 
added complexity that particles of different sizes will have rather different 
Chemical compositions and physical structures. Empirical evidence fór such 
systems will be presented in Section 4.5.

A more readily answered question is how does nucleation depend on the 
volume of the sample being examined. There is a long history of speculations 
and observations on this point, bút, finally, the answer turns out to be quite 
simple. If the nucleation of a sample is caused by particles suspended in its 
interior, then the volume of the sample determines the probability of finding 
nuclei of given characteristic temperatures in it. Fór samples in contact with a 
surface of greater nucleating activity than the particles suspended in it, then the 
area of contact is the determining factor. Many of the confusing findings of early 
experiments came from nőt knowing which of the cases applied. The situation 
of greater importance is that of samples isolated from nucleating surfaces; 
certainly that is the case with cloud and rain drops, and that is what is attempted 
in laboratory experiments. Making the assumption that a population of sam
ples, let’s say drops, are all derived from the same búik sample, the probability 
that a given drop will contain nuclei with certain characteristic temperature can 
be calculated if one knows the average concentration of such nuclei per unit 
volume of the búik sample (Langham and Mason, 1958; Vali, 1971; Pitter 
and Pruppacher, 1973). The mean freezing temperatures of drops of different 
size groups will vary depending on the spectrum of nucleus concentration with 
temperature. Fór an exponential spectrum, the average freezing temperature 
varies with In V, where V is the volume fór the size rangé considered. Fór more 
complex spectra, the volume-dependence is alsó more complex.

Up to this point, emphasis was placed on the determination of nucleation 
temperatures, or supersaturations, by the distribution of characteristic tem
peratures of the nucleating sites, even though it was recognized at the onset that 
nucleation has to be considered in terms of the rate of critical embryo formation. 
That implies a time-dependence of the process, which is totally inherent to 
nucleation under all circumstances. The reason why this fundamental aspect is 
of lesser importance than site characteristics is that the rate of nucleation fór 
a given site is a very rapidly varying function of temperature, quite similar to 
that shown fór homogeneous nucleation in Section 4.3. To translate that time- 
dependence to the typical situation where the temperature is lowered at somé 
steady rate, the impact of the probabilistic natúré of embryo growth is about 
1 ’C change in average nucleation temperature fór a tenfold increase in the rate 
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of cooling (Vau and Stansbury, 1966). Faster cooling results in colder nuclea
tion temperatures. There is a more apparent impact of time-dependence in a 
sample held at constant temperature: whereas, if nucleation depended solely on 
temperature, there would be no nucleation taking piacé at a constant tem
perature, observations in fact show small numbers of nucleation events taking 
piacé over periods of tens of minutes, with the frequency of events diminishing 
as time goes on. Time-dependence of freezing nucleation is well demonstrated 
by the experiments of Vonnegut and Baldwin (1984) and Wang and Von- 
negut (1984): if a sample is held at somé temperature <0 °C until nucleation 
takes piacé, then melted, and this cycle is repeated many times, it is observed 
that the lapse of time until nucleation is initiated varies from a few seconds to 
tens of minutes in an apparently random fashion. The relationship between this 
type of time-dependence and the activity expressed in terms of temperature 
spectra has nőt yet been clearly formulated; it appears that time is an important 
factor if a sample is held at a temperature where there are many nuclei with 
slightly lower characteristic temperatures.

It is evident from an overview of this chapter that heterogeneous nucleation 
is a very complex phenomenon, easily influenced by numerous factors. Experi- 
mental studies of heterogeneous nucleation are faced with considerable difficul- 
ties in attempting to vary independently only one or two of the parameters of 
importance. Theoretical descriptions have developed considerable power of 
generalization, bút they need more concrete conceptual pictures of the physical 
configurations of nucleation sites. Careful experimentation and theoretical 
advances will hopefully lead to somé unification of apparently disparate nuclea
tion phenomena.

4.5 Ice nucleation in the atmosphere

4.5.1 Modes of atmospheric ice nucleation

The concepts of ice nucleation, the characteristics of ice nuclei, and the factors 
influencing ice nucleation—topics described in the preceding section apply in 
their full generality to the atmosphere. In fact, much of the study of ice 
nucleation was motivated by interest in the formation of ice in the atmosphere, 
and by the expectation that clouds and precipitation can be influenced by 
seeding with artificial ice nuclei. Yet, to maintain a greater degree of generality, 
the discussion of ice nucleation up to this point was nőt given with specific focus 
on atmospheric processes. This section takes that turn, and presents aspects of 
the problem which pertain specifically to the atmosphere.

The two fundamental modes of ice nucleation have already been introduced: 
freezing of supercooled liquid water, and deposition of supersaturated water 
vapor. The temperatures required fór homogeneous freezing are reached in the 
upper troposhere and in the stratosphere, so there is every reason to expect that 
somé ice in the atmosphere could be formed by that process. Less certain is 
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whether droplets free of hetero-nuclei can indeed exist or nőt. The relatíve 
scarcity of ice nucleating particles, in comparison with cloud condensation 
nuclei and other aerosols, would suggest that homogeneous nucleation in pure 
systems is unlikely, bút we do nőt have good information on which to base the 
comparison fór temperatures lower than about - 20 °C and those approaching 
the homogeneous threshold. Homogeneous nucleation in haze droplets (high- 
concentration solution droplets) is suggested by somé observations, bút, fór 
those situations alsó, the role of insoluble materials remains to be resolved.

The behavior of nucleating materials with respect to the freezing and deposi- 
tion was illustrated in Fig. 4.7. Actual data, fór specific substances, differ in 
details from the pattern shown in that figure (Schaller and Fukuta, 1979; 
Fukuta, 1985; Detwiler and Vonnegut, 1981; and many others), bút that 
scheme can serve as a good first approximation and generalization.

Examples of the two basic modes of ice nucleation are easy to find in the 
atmosphere. Cloud droplets or raindrops may freeze due to nucleation of ice 
on a partiele contained within them. A partiele exposed to supersaturation with 
respect to ice, bút subsaturation with respect to water, may have deposition 
nucleation take piacé on it, followed by continued growth of the ice from the 
vapor. On the other hand, looking at a snow crystal, or other form of ice 
partiele, one can nőt readily teli what mode of nucleation was involved in its 
formation. There are quite a large number of possibilities beyond the basic ones 
of freezing and deposition, and all the different modes of nucleation have to be 
dealt with distinctly, as shown by experience. The reason fór the added com- 
plexities lies with the sensitivities of nucleating materials to their history of 
interactions with water, either in liquid or vapor form. Somé of these relatively 
subtle processes have been deseribed in Section 4.4. Because the vast majority 
of atmospheric aerosol particles are of mixed composition (nőt single Chemical 
compounds), their interactions with water are even more varied, leaving yet 
more room fór variations in the way ice nucleation proceeds on them. Much 
is yet to be learnl about these processes; the deseription to be given here emerged 
from many decades of studies, bút even so, it is clearly nőt complete.

One of the extensions of the modes of ice nucleation is needed to allow fór 
the possibility that a partidé, at somé temperature below 0 °C, might serve as 
a condensation nucleus (CCN), and have ice nucleate on it immediately. By 
nucleating ice at an early stage of condensation, when both the Chemical and 
physical State of the water might be different from búik, pure water, or by 
avoiding parlial dissolution of the partiele following condensation, the ice- 
nucleating activity of the partiele might be greater than it would be with the 
same partiele immersed in búik liquid. These mechanisms are nőt yet proven; 
they are broad hypotheses, which correspond to likely sequences in cloud 
formation, and which warrant consideration of condensation-freezing nuclei as 
a separate eláss. Over the last few years, attempts have been made to isolate this 
mode of ice nucleation in measuring instruments (see Section 4.5.2), bút there 
is nőt enough information yet to gauge the significance of this mode. A possibil
ity of considerable significance was recognized by Rosinski et al. (1975), and 
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Gagin and Nozyce (1984): in the vicinity of growing hailstones, and near large 
drops at their moment of freezing, there is a region of high supersaturations, 
so that there is a potential fór condensation-freezing nucleation to take piacé 
on aerosol within that zone. Deposition nucleation can alsó take piacé there, 
bút the majority of aerosol particles are likely to act as condensation nuclei at 
the high supersaturations present in these situations.

Another mode, whose importance is more clearly established, is contact-freez- 
ing, which is nucleation of ice at the instant when a partiele makes contact with 
a supercooled water droplet. Clearly, the number of such contact-freezing events 
depends both on the concentration of nuclei in the air, and on the rate at which 
those nuclei collide with cloud droplets. The collisions may be brought about 
by diffusion, inertial capture, phoretic forces, etc.; processes which are depen- 
dent on partiele size, and on environmental conditions. Since the collision 
processes are relatively well known, experimental results which conform to the 
predicted rates of partiele collection can be interpreted as being due to contact 
freezing (e.g. DeMott et al., 1983). Experiments in which nucleating AgI 
aerosol was tagged with a flourescent tracer, and the tracer particles were 
detected in the ice crystals, were alsó interpreted as evidence fór contact-freezing 
(Katz and Pilie, 1974).

The mechanism of contact-freezing is nőt clearly established. One possibility 
is that nucleation might be favoured when the nucleating partiele is in the 
somewhat ordered surface layer of the droplet. Cooper (1974) recognized that 
while particles are in the air within a cloud (colder than 0 °C), they are exposed 
to supersaturations with respect to ice, and will have an equilibrium population 
of ice embryos. When such a partiele comes intő contact with a water droplet 
an embryo of subcritical size fór deposition might be large enough to nucleate 
ice in the water, since the critical size fór freezing is smaller than fór deposition. 
The predictions of this theory seem to be in fair agreement with the limited sets 
of observations with which it can be compared. Fukuta (1975) criticized 
Cooper’s suggestion and pút forth a theory based on the movement of the 
liquid-air interface at the moment of contact and the associated high transient 
free energy condition. The only specific test of this theory is the prediction that 
contact-freezing nucleation would be preferred on hydrophobic materials. Fór 
the organic materials in Fukuta’s tests this condition was fulfilled. Addition- 
ally, it may be surmised that the phenomenon of contact-freezing is related to 
the initiation of phase change by a dynamic disturbance (vibration, shock, etc.), 
although it is certain that contact-freezing is alsó a function of the specific 
property of the nucleating substance, nőt just of the mechanical action of the 
contact. Clarification of the alternative lines of explanation will require further 
experimental evidence.

To distinguish the simplest form of freezing nucleation from the others just 
deseribed, the case when freezing is initiated from a partiele suspended in the 
interior of the water (droplet or other búik volume) is called immersion-freezi ng. 
There is nőt much more to be added to the discussions of this process given in 
the previous chapter. Fór a full deseription of how immersion freezing would 
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be manifested in a cloud, one has to alsó consider how the particles originally 
enter the droplets. This is the same question as fór contact-freezing, bút here 
the two processes are independent except that collection has to precede freezing.

The nucleation modes described above are, it is easy to realize, limiting cases 
of a continuum of intermediate possibilities in which the precise duration of 
contact, immersion, etc., the amount of water involved, the position of the 
partiele within the drop, and other conditions, can vary. There is considerable 
uncertainty about how each of those factors affect nucleation probability. It was 
observed, fór example, that AgI particles impacted unto supercooled water 
drops produced freezing events over a period of several minutes following the 
contact yet continued immersion led to a loss of activity (Vali, 1976b). Were 
the AgI particles in these experiments changing with time due to the contact with 
water (like dissolution); or, were they penetrating the surface film of the drops 
only gradually; or, was it simply a matter of the time-dependence discussed in 
Section 4.4.4? Such phenomena are difficult to interpret, and will require careful 
experimentation to elucidate. In any case, the distinctions among nucleation 
modes are necessary and useful approximations fór deseribing the mechanisms 
of ice nucleation in the atmosphere. In modeling cloud and precipitation 
processes, each mode has to be considered separately and specifically, because 
of the differences in how they depend on environmental and cloud conditions. 
As the next section will show, there is yet a dearth of empirical data fór such 
detailed modeling, bút hopefully the situation will improve rapidly.

4.5.2 Measurements of atmospheric ice nuelei1

1 The matéria! in this section. and the following one, is drawn, in part, from the review of Vali 
(1985).

In view of having to consider different ice nucleation modes, measurements of 
atmospheric ice nuelei can follow one of two generál approaches: (1) to attempt 
to recreate particular atmospheric conditions in an apparátus and observe the 
numbers of ice crystals which develop, or (2) to perform separate measurements 
fór each mode of nucleation, with appropriate variations of the controlling 
conditions, and superpose the results fór given atmospheric conditions. The 
former is termed the simulation approach, and the latter the mechanistic ap
proach.

The simulation approach was at the heart of the earliesl ice nucleus measure
ments (Findeisen and Schulz, 1944) conducted in a cloud chamber. In such 
instruments a cloud is created inside a refrigerated enclosure (of about 0.1 to 
1 m3 volume) either by mixing of humid and cold air or by expansion and the 
numbers of ice crystals which form are counted by one of several methods. 
Depending on the method of cloud formation distinction is made between 
“mixing chambers”, rapid or slow “expansion chambers", and others. Tem
perature is the main adjustable variable in these instruments, with about - 6 to
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- 25 °C as the practicable rangé. In the use of many subsequent cloud chamber 
devices adequate simulation of atmospheric conditions was assumed to be 
assured simply by the presence of numerous cloud droplets. However, intercom- 
parisons of different cloud chambers and calculations showed that normally 
uncontrolled variables influence the results to significant degrees. The con
centrations and sizes of cloud droplets, the duration of the cloud, the super
saturation involved in forming the cloud, and other parameters, were found to 
altér the results by large factors (Bigg, 1971; Hallett, 1972; Knight, 1979; 
Fukuta, 1982; and others). Hence, the conclusion became inescapable that 
different atmospheric cloud conditions have to be reproduced very carefully in 
order to obtain valid measurements, bút there are major instrumental difficulties 
in controlling the numerous relevant parameters. Evén without adequate si
mulation of atmospheric clouds, the cloud chambers can yield relative measure
ments, and are in frequent use fór the assessment of artificial ice nuclei sources 
(Agl generators, etc.). Extrapolation of cloud chamber results to atmospheric 
clouds can alsó be attempted, bút requires quite detailed knowledge of con
ditions in the chamber and assumptions about the relative contributions of 
different nucleation modes to natural ice nuclei. The approach which appears 
to hold most promise toward realistic simulations is to use large chambers in 
which the air can be expanded at rates corresponding to realistic updraft 
velocities in clouds and to adjust the initial CCN concentration to well represent 
the natural situation. Such controlled-expansion measurements have a good 
possibility of reproducing ice initiation in convective updrafts. Slower updraft 
velocities and longer cloud lifetimes which correspond to other cloud types are 
more difficult to simulate. Fór the measurement of natural ice nuclei an impor
tant limitation arises from the fact that sampling is restricted to the location of 
the installation due to the large size and complexity of the chambers.

Cloud chambers are one of the main laboratory techniques fór investigations 
of the activities of materials. Careful evaluation of processes within the cham
bers have led to clearer interpretation of the results. DeMott et al. (1983), 
Gorbunov et al. (1987) and Pashenko and Gorbunov (1987), among others, 
show how the cloud chamber results can be refined by analyses of the time rates 
of development of ice crystals, and by accounting tor the competition of 
particles fór available vapor. These results are encouraging, and perhaps will 
lead to renewed application of cloud chambers to atmospheric measurements.

Of the individual ice nucleation modes, immersion-freezing can perhaps be 
studied most readily experimentally. As mentioned before, partition of a sample 
intő many small drops allows the observation of nuclei of different characteristic 
temperatures. More active nuclei cause freezing of the drops in which they 
happen to be located, while leaving other portions of the sample to be frozen 
at lower temperatures. Of course, with high concentrations of nuclei per unit 
volume, the probability that more than one nucleus is found in a drop has to 
be accounted fór. The method of determination of nucleus spectra (number of 
nuclei per unit volume as a function of temperature) has been prescnted by Vali 
(1971).
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Freezing experiments with rain and snow samples have a tradition of over a 
hundred years; they gave the first indication of the degree of supercooling which 
might be expected in clouds. Evén today, this method of atmospheric sampling 
—considering precipitation as both an active and a passive sampler—yields the 
best indication that the atmosphere has ice nuclei active at temperatures as high 
as - 5 °C. Clearly though, interpretation of the measured nucleus concentra
tions in precipitation in terms of nucleus concentrations in the air is far from 
simple and can never be really unambiguous. Precipitation elements may be 
initiated in clouds by ice nuclei, bút they may alsó collect from the air somé 
aerosol, and hence nuclei, during their growth. Plus, the nuclei may undergo 
changes in the water either before or after collection. Cloud droplets provide 
better samples because of their less complex history, bút the collection of cloud 
liquid water is nőt done with the same ease as the collection of precipitation. 
Cloud water collection as rime, on mountain peaks immersed in supercooled 
clouds, is a relatively easy procedure which could probably see more extensive 
use, bút collection of cloud water from aircraft, with good efficiency and 
without contamination, has proven to be quite a difficult task.

Deposition nucleation measurements have been most widely attempted by the 
so-called filter method originally introduced by Bigg et al. (1963). While often 
viewed as a generál method of activation of ice nuclei nőt restricted to deposi
tion, the best use of the method is fór the activation of nuclei from the vapor. 
Aerosols are sampled with high-efficiency membráné filters, and are placed intő 
a chamber in which temperature and humidity can be independently controlled. 
The filters rest on a lower cold-plate of the chamber, while the upper plate, in 
close vicinity to the filter, is coated with ice and is kept at a slightly warmer 
temperature than the lower plate. A supersaturation with respect to ice is 
created thereby at the filter surface; the magnitude of the supersaturation can 
be controlled by the difference in temperature between the two plates. Water 
saturation can alsó be reached, and perhaps slightly exceeded. The number of 
ice crystals which grow on the filter, after 10 to 20 minutes of development, 
divided by the volume of air which was sampled, yields the concentration of 
nuclei fór the given supersaturation. Because of the ease with which filter 
samples can be collected, and the possibility of processing the samples subse- 
quently, the method is well suited fór tieid work, and has been widely used, 
including a worldwide network fór a period of time.

As always, there are drawbacks to the filter method. Most serious are the 
problems which arise from the fact that aerosols, which were widely dispersed 
in space originally, become compressed on the filter surface. Since somé of the 
particles are hygroscopic, they are sinks of water vapor and (herefore diminish 
the supersaturation produced by the ice source in the chamber. This volume 
effect (so called since the degree of vapor depletion depends on the number of 
hygroscopic aerosol on the filter, and in turn, on the volume of air which was 
sampled) has been extensively investigated, and various correction schemes have 
been worked out to remove the interference (King, 1978; Zamurs et al., 1977; 
Berezinskii et al., 1980; Tanaka, 1982), Continuous, laminar airflow in the 
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chamber has alsó been used in order to reduce the depletion effect (e.g. Langer 
and Rodgers, 1975). The success of even that measure is limited though, since 
Chemical interactions between the dissolved aerosol and the ice nuclei introduce 
further complications. Overall, because of variabilities in the hygroscopic com- 
ponent and Chemical composition of natural aerosols, and because of suspected 
variabilities in the sensitivities of ice nuclei to the interactions on the filter, no 
scheme has been found adequate fór all applications. The development of haze 
particles, or of water drops, on the filter alsó calls intő question the specificity 
of the method fór deposition nucleation. Other modes may alsó contribute to 
the observed ice crystal count, and the unknown degree of contribution makes 
interpretation of the results difficult.

Impactors have been alsó employed as an alternative to filters fór collecting 
atmospheric aerosol samples. This technique allows the aerosol to be divided 
intő size categories (by using a multi-stage impactor of varying impaction 
velocities), so that the size-dependence of ice nucleation can be examined 
together with the temperature and supersaturation dependence (e.g. Berezinskii 
and Stepanov, 1986). However, the problems discussed above are nőt circum- 
vented in this method either, so that the results are nőt unambiguous.

Measurements of contact-freezing nuclei have been attempted by allowing 
particles to contact supercooled water drops in a cooled chamber, and observing 
the freezing of the drops either by noting the signal from the thermocouple on 
which the drops are supported, or by other methods. The mechanism relied on 
fór producing the collection of particles by the detector drops can be Brownian 
diffusion (Guenadiev, 1970; Deshler, 1982), or the aerosol can be forced intő 
contact with the drops by electrostatic forces (Vali, 1976b). These methods 
simulate the atmospheric process of contact between aerosol and droplets 
reasonably well, bút the calculation of collection efficiencies is somewhat uncer- 
tain. The Instruments have been used only in the laboratory up to this point; 
field application awaits further development of the method. The specificity of 
this approach is somewhat limited by the possibility that deposition nuclei alsó 
become activated in the vicinity of the sample drops prior to making contact 
with the drop. While this is a detraction as far as separation of nucleation modes 
is concerned, it is likely, that the same process takes piacé in the atmosphere 
alsó, although perhaps nőt with the same time scale. Another method is ex- 
plored with the two-section chamber of Gorbunov et al. (1986): a fog is formed 
and precooled in an upper chamber, forced to enter the lower chamber where 
the test aerosol was previously admitted. The resulting ice crystals are formed, 
most probably, via contact nucleation, bút the activation of deposition nuclei 
cannot be excluded, so the evaluation of nucleation modes is nőt completely 
clear here either.

In order to properly account fór contact nucleation in clouds, it will be 
necessary to determine activity as a function of partiele size, since the rates of 
collision between cloud droplets and particles is strongly dependent on the size 
of the aerosol. Fór small particles, diffusion is the main mechanism leading to 
collisions, whereas large particles make contact with cloud droplets as a result 
of inertial impaction. Near 0.1 pm diameter neither mechanism is very effective. 
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Condensation-freezing nuclei are perhaps the most difficult to measure, since 
a two-step process is postulated. Attempts at developing Instruments which are 
specific to this process have shown promise, bút have nőt yet reached the stage 
of tieid use. The basic idea used in these Instruments is to produce a flow of air 
between two plates, or cylinders which form a diffusion chamber, just as in CCN 
counters. The two boundary surfaces are covered with uniform ice layers and 
are maintained at slightly different temperatures to produce a supersaturated 
region near midway between the two plates. Ice crystals which develop in the 
air stream are counted at the exit from the chamber. Detection of the crystals 
is either by collection in a supercooled sugár solution layer (in which crystals 
grow slowly enough nőt merge, and can therefore be counted visually), or by 
optical scattering (relying on the fact that ice crystals grow faster in the chamber 
than cloud droplets). Tomlison (1980), Rogers (1982) and Al-Naimi and 
Saunders (1985) have described such continuous-flow diffusion chambers. By

Fig. 4.11
A comparison of the ice nucleus concentrations observed with different instruments which were 
sampling outdoor air simultaneously during the Second International Workshop on Condensation 
and lee Nuclei. Each linc represents the average speetrum fór a given dcvice. fór observations taken 
during the four days of intercomparisons. Dcscriptions of the instruments can be found in the 

original rcport. (Bigg, 1971)
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varying the temperature difference between the plates, these Instruments can be 
used fór activation of deposition nuelei at a rangé of subsaturations with respect 
to water, or just at water saturation. Observations with these instruments 
confirm the noteworthy finding made first with filter measurements that there 
is no discontinuity in the numbers of activated nuelei when water saturation is 
reached. This result must have a fundamental significance regarding the way ice 
nuelei become activated, bút, at the same time, raise a fundamental question 
about the validity of attempting to distinguish between different modes of 
activation. Once again, the problem will have to be investigated in much more 
detail than has been done so far.

It is clear from the foregoing, that the mechanistic approach as well as the 
simulation approach have many limitations, and that neither is yet capable of 
providing reliable Information on atmospheric ice nucleus concentrations. The 
magnitude of the problem of ice nucleus measurements can be illustrated by the 
results of intercomparisons of instruments carried out in two international 
workshops. Figure 4.11, from the 1970 workshop, shows nucleus speetra from 
several different devices, ranging from rapid expansion chambers to filters

Fig. 4.12
Comparison of the ice nucleus concentrations measured on filter samples which were processed 
in different chambers during the Third International Workshop on Ice Nucleus Measurements. 
The filter samples of outdoor air were taken over a 15-minute period, and were processed over 
the next few hours. Each letter code denotes a different instrument. See the original report fór 

deseriptions of the instruments, (Vau, 1976a)
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processed in diffusion chambers. Each line represents a variable number of 
measurements (20-50) over four days. The scatter of values, at any given 
temperature, is roughly a factor of 30; if the individual data points were 
included instead of the mean values fór each temperature, then the scatter would 
increase by an additional factor of 10. Figure 4.12 is from the 1975 workshop, 
and shows a comparison fór filter samples only; the scatter in this figure is 
considerably less, bút still very troublesome. While somé of the systematic 
differences among Instruments have been explained in the course of analyses of 
the intercomparisons, it is evident that it is difficult to piacé much confidence 
in the absolute values of the measurements from any of the devices. The data 
shown in these figures prompted careful examinations of the detailed workings 
of ice nucleus measuring instruments. Those analyses would perhaps ensure that 
an intercomparison carried out now would yield better results than those shown 
in Figs 4.11 and 4.12. It is becoming clear that the first problem is to better 
understand the activation mechanisms of ice nuclei in generál, and those of 
atmospheric ice nuclei (aerosol of mixed composition) in specific. That Informa
tion is basic fór designing and using instruments either to simulate the full rangé 
of mechanisms, or to focus on one or more specific modes. The results of the 
measurements will have to be applied, regardless of the approach taken, using 
detailed models of the clouds which account fór the specific conditions of 
interest. With somé optimism it may be said that efforts will perhaps increase 
toward the development of a viable measurement methodology. The solution 
has been eluding atmospheric physicists fór many decades, and the problem 
itself was pushed intő the background by the concentration of efforts to clarify 
secondary processes of ice generálion (by partiele interactions). Yet, the need 
to obtain meaningful ice nucleus measurements is certainly increasing, as 
models of cloud formation are achieving increasing sophistication.

4.5.3 Concentrations of atmospheric ice nuclei

The lack of reliable measurement melhods fór atmospheric ice nuclei, especially 
at the higher temperatures (say, > - 15 °C), make it very difficult to extract 
conclusions from the available data concerning the concentrations and sources 
of atmospheric ice nuclei. Data have to be viewed as tentative; absolute values 
may be in error by large factors. In addition, while most data are reported as 
a function of temperature only (since temperature is, undoubtedly, the most 
fundamental paraméter), it must be born in mind that the other factors influenc- 
ing ice nucleation alsó have to be taken intő account when using data obtained 
with a given device to make predictions of atmospheric ice nucleation. Fór the 
most part, this requirement cannot be fulfilled at present, so all data are used 
at face value as a first approximation.

One of the most comprehensive attempts to compile a global distribution of 
ice nuclei was ihat of BlGG and Stevenson (1970). A network of 44 slalions 
performed daily collections of filter samples. The samples were processed in one
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Fig. 4.13
Results of world-wide sampling of ice nuclei at 44 stations during January, February and March 

of 1969. Samples were taken on filters, and processed at the temperatures of - 10, — 15 and 
- 20° C. Ice nucleus concentrations are expressed per m3 of air sampled. (After Bigg and 

Stevenson, 1970)

Central laboratory; while this approach removed many of the usual instrumental 
variabilities, somé doubts remained about the stability of the samples between 
the time of collection and processing, and about the performance of the Process
ing system used. Evén with those reservation, the results provide an indication 
of the differences in concentrations among the sampling sites. The results are 
shown in Fig. 4.13. Perhaps the most striking Information is that the differences 
across six continents are quite small. One could deduce from the results that the 
médián concentrations are highest in Africa and lowest in Australia, bút the 
factor 3 difference between the two sets of data is small in comparison with the 
greater than tenfold variability fór any of the regions. Variability appears 
greatest at -10 °C, and least at - 20 °C. The increase in concentration with 
decreasing temperature is well shown in these data: about one order of mag
nitude increase fór each 5 °C lowering of temperature.

Another comparison is shown in Fig. 4.14, this one derived from measure
ments with different kinds of instruments. Each data set in this figure represents 
observations over a period of at least several weeks al fixed sites. The differences 
among the various data sets appear significant since they exceed the variabilities 
of the individual data sets (shown, where available, as geometric standard 
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deviations). Whether these differences are due to instrument performance, or 
are true differences, cannot be determined at this point. It is noteworthy that 
the slopes of the spectra are relatively uniform, again indicating factor 10 
concentration changes fór 5 to 6 °C temperature changes. The rangé of con
centrations shown in this graph may be giving as good an indication as is 
currently available of the tropospheric concentrations of ice nuclei.

The variability of ice nucleus concentrations with time is well documented in 
many data sets. Over longer periods of time—days to weeks—factors of 15 to 
100 in concentration encompass 90% of the data. More extreme variations are 
alsó noted occasionally. Over periods of hours, relatively steady values have 
been found in many observations, bút sudden changes, which might amount to 
hundredfold in a matter of minutes, have been alsó recorded, fór example at 
thunderstorm gustfronts. The reasons fór most changes in nucleus concentra
tions are nőt evident in correlations with meteorological conditions.

Overall, the concentrations of atmospheric ice nuclei are only sketchily 
known. There is a large body of data supporting the finding that concentrations

Fig. 4.14
Ice nucleus concentrations measured at different locations. The ranges of measured values arc 

alsó given in somé cascs, as vertical bars. There are apparcntly significant differences among the 
data sets. bút the contribution of differences in mcasurement techniques is unknown.

Instruments responding to different modes of nucleation are includcd in this comparison.
1 Admirat (1978); 2 - Ai.-Naimi and Saunders (1986); 3 VYCHUZHANINA el al. (1984);
4 Perez et ű/. (1985); 5 Bertrand eí a/. (1973); 6 Vali et al (1984); 7 Gágin (1975);
8 - Zamurs and Jiusto (1982); 9 Stein and Oeorgii (1985), fór Southern Germany;
10 - Bowdle et al. (1985); II Dye and Breed (1979)
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increase with decreasing temperatures, just as would be expected fór any nu
cleating matéria! or mixture of materials. The temperature-dependence of con
centrations is usually described using exponential or power-law functions (Eq. 
4.10) since concentrations increase very rapidly with decreasing temperatures: 
tenfold increases in concentrations fór each 4 to 10 °C lowering of temperature 
are typical. There is alsó a strong dependence of concentrations on supersatura- 
tion (Eq. 4.11): fór a doubling of the saturation ratio with respect to ice the 
numbers of atmospheric ice nuelei increase 10 to 100-fold. Since water satura
tion (or just a slight excess over that) is the most common condition within 
supercooled clouds, the concentrations of atmospheric ice nuelei are usually 
given fór that condition. Indicated concentrations at - 15 "C cluster around 102 
to 103 m-3. Measurements at temperatures higher than - 10 °C, and alsó at 
temperatures lower than — 20 °C, are few and indirect. These generál trends are 
depicted in Fig. 4.15. Typical values of the concentrations of CCN and totál 
aerosol are alsó shown, to emphasize the relatíve scarcity of ice nuelei: at the 
higher temperatures ice nuelei may be 1: 106 or fewer of the totál aerosol 
population. That is, of course, one of the reasons that their study is wrought 
with so many difficulties.

The sizes of atmospheric ice nuelei are quite difficult to determine by direct 
measurement since no method has been devised yet which could successfully

Fig. 4.15
The generál trend in ice nucleus observations in the lower troposphere is shown as a function of 

temperature. Fór comparison, concentration rangos fór CCN and fór totál aerosol arc alsó 
shown. Fór all three components of the atmospheric aerosol, there are large variabilitics in 

space and time, at limes falling considerably outside the indicated rangcs
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separate ice nuclei from other, much more numerous, aerosol particles. When 
ice nucleus measurements were made simultaneously with measurements of the 
concentrations of aerosols of > 0.1 pm and of > 0.005 pm radius, the correlation 
with the larger particles was found to be stronger. In contrast, in rainwater most 
ice nuclei were found to be < 0.01 pro in size. In snowflakes, the center particles, 
which are assumed to be the nuclei, are >0.1 pm when present, bút there are 
alsó many smaller particles near the same location. In a recent study (Berezin- 
skii and Stepanov, 1986), it was found that the fraction of aerosol particles 
which were ice nuclei decreased with decreasing particles sizes: the active 
fraction was near 0.1 fór 100 pm diameter particles and decreased to near 10-6 
fór 0.1 pm particles. However, since the concentration of 0.1 pm particles is 
generally a factor 109 greater than that of 100 pm particles, the smaller ice nuclei 
would still outnumber larger ones. Clearly, it is too early to make generál 
statements; there is a need fór more extensive observations.

4.5.4 Sources of atmospheric ice nuclei

Accepting measurements obtained with a given device over a limited rangé of 
atmospheric conditions as yielding, at least, relatíve magnitudes of nucleus 
concentrations, allows somé analyses of what might be the most important 
sources of atmospheric ice nuclei. The results that are summarized here must 
be viewed, nonetheless, as provisional, especially because most of the observa
tions refer to lower activation temperatures.

In spite of suggestions that meteoritic matériái may be contributing signifi- 
cantly to atmospheric ice nucleus populations, terrestrial sources of ice nuclei 
appear to be the most important. Concentrations of nuclei are observed to either 
be roughly constant, or to decrease with attitűdé above land (Vali et al., 1982; 
Bowdle et al., 1985; Berezinskii et al., 1986), as would be expected fór sources 
located at the surface. Alsó, observations at Coastal sites (Bertrand et al., 1973; 
BoRYsand Duce, 1979; Wisniewski and Langer, 1980) show higher concentra
tions of nuclei in air arriving at the station from an overland trajectory than in 
maritime air. Particles in the centers of snow crystals which might have been 
ice nuclei are mostly identified as minerals (e.g. Kikuchi et al., 1982), even at 
the South Pole (Kumai, 1976). These atmospheric observations are given further 
credence by the laboratory measurements of activities of various natural sub- 
stances as ice nuclei (cf. Section 4.4.3).

Oceanic sources are liltle explored. While indications are that oceans are weak 
sources in comparison to land areas, it seems little warranted to ignore the 
possibility that somé important sources might exist in specific areas. Just such 
indications are evident in the data of Bigg (1973), Schnell and Vali (1976) and 
of Rosinski et al. (1986).

Both fór terrestrial and oceanic sources, attention has been directed over the 
last decade to the contributions of organic. biogenic sources. Ice nucleation by 
organics has been the subject of investigation fór somé time. Several examples 
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are mentioned in the discussion of nucleating abilities of substances (Section 
4.4.3), and there were, in addition, experiments with leucine, proteins, steroids, 
amino acids, and so on. Moderate activity was found with many of these 
materials, bút nőne appeared of exceptional interest. The new direction of recent 
years was set by findings of very active ice nucleation in soils of high organic 
content, and by the identification of somé common epiphytic bacteria on natural 
vegetation and on agricultural crops which are capable of developing ice nu
cleating ability (Schnell and Vali, 1972, 1976; Maki et al., 1974; Vali et al., 
1976; Árny et al., 1976). The fact, that in natural soils ice nucleating activity 
appears to be related to the organic content of the soils, is roughly evident in 
Fig. 4.9 alsó. A quantitative correlation can alsó be demonstrated. Vegetation 
has been found to carry bacteria which nucleate ice at small supercoolings, and 
these bacteria are, in fact, responsible fór the initiation of frost on plants (Árny 
et al., 1976; Lindow et al., 1978). The possibility of reducing frost damage to 
plants, by removal, or reduction of the ice nucleating bacteria, has led to intense 
studies of these bacteria. The most common species, Pseudomonas syringae, is 
a common plánt pathogen, and is found on the majority of plants worldwide. 
The other species having high ice-nucleating activity is Erwinia herbicola. 
Beyond these two major species there are only minor variants of the same which 
are ice nucleating—a very surprising fact when considering the thousands of 
species normally associated with plants.

Ice nucleation at warm temperatures is usually associated with only a small 
fraction of the totál bacterial population, and sites occupy only a small fraction 
of the outer membráné of the bacterial cells. The precise composition of the sites 
is still unknown. A gene fragment responsible fór the formation of the ice 
nucleating site has been identified (Orser et al., 1985). Cloning that gene 
fragment intő common E. coli bacteria transferred the ability to form ice 
nucleating sites to those bacteria as well. The composition of the ice nucleating 
membráné component is narrowed down to be a lipoprotein of about 200,000 
molecular weight, whose structure can be postulated (Green and Warren, 
1985). Many other fascinating aspects of the bacterial ice nuclei have emerged 
in the studies. Dead bacterial cells are being used extensively as artificial ice 
nuclei fór improving the quality of man-made snow in ski resorts. Methods fór 
the reduction of frost damage have been developed, including the use of a 
non-nucleating clone of the native bacteria. The field use of these genetically 
modified bacteria has progressed to the stage of limited experimentation in 1988 
—more widespread use may be forthcoming. There are, of course, important 
related questions about the possibility of an atmospheric impact from the 
removal of natural ice-nucleating bacteria over large agricultural areas.

The question just raised, namely, whether ice-nucleating bacteria on plants 
are sources of atmospheric ice nuclei, is broader than the possible impact of frost 
prevention measures. Research is less advanced in this area than in investigating 
the population dynamics and nucleating characteristics of the bacteria. There 
are somé measurements of the fluxes of bacteria intő the air from crops (Linde- 
mann et al., 1982, 1985) and there are somé reports of bacteria sampled from 
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the air, bút the case is nőt convincing yet, and quantifying the sources is nőt 
yet possible. It can be hypothesized that the importance of bacterial ice nucleat- 
ors fór the atmosphere will manifest itself indirectly, rather than by direct 
dispersion of bacterial cells intő the atmosphere. The link is likely to be through 
the nuclei found in soils; these nuclei may turn out to be decay products of the 
ice-nucleating bacterial cells.

That is nőt the only possibility though, which can be envisaged fór the origin 
of nuclei in soils; other processes in which nucleating substances are formed as 
part of the overall scheme of cycling of organic matter in the soils might be 
found to be more important. In any case, it seems likely, that many of the 
mineral particles found in the atmosphere, and in snow crystals specifically, in 
fact carry a small organic component, and that ice nucleation on such particles 
initiates on the organic component. This is more likely to be true fór soil 
particles originating from mid-latitudes, than fór aerosol from tropical areas or 
from deserts.

Oceans alsó harbor ice nucleating bacteria (e.g. Fall and Schnell, 1985), 
a finding which reinforces the possibility that somé óceán areas—those of high 
productivity—may be sources of atmospheric ice nuclei. There is somé conver- 
gence between this possibility and the observations of nuclei in maríné environ- 
ments which were mentioned earlier.

Much of the story of biogenic ice nuclei in the atmosphere is still only known 
in vague outlines. However, the potential implications of the emerging finding 
are so important that there is every reason to hope fór significant clarifications 
in the nőt too distant future.

Turning from natural sources to anthropogenic ones, their contribution to 
atmospheric ice nucleus populations must alsó be recognized. Specific sources, 
such as copper smelters, sugar-cane üres and others have been documented. 
Automobiles were nőt proven to be producing ice nuclei, although lead iodide 
was suspected to form from leaded gasolines, and lead iodide is an active ice 
nucleator. The complex mixtures of pollutants from urban areas were found to 
altér ambient ice nucleus concentrations in either direction; in somé situations 
increases were reported (e.g. Hobbs and Locatelli, 1970; Kitagawa-Kitade 
and Maruyama, 1979), while decreases were observed in somé others (Braham 
and Spyers-Duran, 1974). Extensive burning of vegetation, as is practiced fór 
the conversion of tropical rain forests to agricultural lands, is another poten- 
tially large source of ice nuclei, bút this possibility has nőt yet been examined 
empirically. In totál, since there are so many uncertainties about the sources, 
concentrations and lifetimes of atmospheric ice nuclei, and since so little atten- 
tion has been paid to this problem, one cannot now make, even rough, estimates 
of the impacts of anthropogenic sources of ice nuclei. Due to the suspected role 
of the ice nuclei in clouds, one should probably be cautious in dismissing a 
significant impact; the potential is there fór unpleasant surprises when it will 
become possible to make the appropriate measurements.
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4.6 Artificial ice nuclei—cloud seeding

4.6.1 Historical note

Actempts to influence atmospheric processes have a longand vanedJ ^tory, 
fór the present discussion it is sufficient to look back a httle over half a century^ 
By about 1930, studies of clouds and of precipitation have progressed to a 
recognition that the ice phase has more prevalent roles tha” 
ceived ones of snow and hail formation. It became evident that many clouds 
contain supercooled water droplets, and that in such 
grow rapidly. These crystals have a high condensation (depos non) rate, since 
iee has a lower vapor pressure than water, and they can collect supercoo ed 
droplets by impaction (riming) once they have grown large enough to develop 
appreciable fafl velocities. These mechanisms can lead to faster, more efficient 
development of precipitation than is possible by the ^^cence= 
droplets alone. Based on these arguments, it was anticipated that most ramtal 
across the globe, specially in temperate chmates, ongmated as ice in the clouds 
and melted before reaching the ground.

Observations during the 1930’s and 1940’s continued to add support to the 
theory or rather, hypothesis outlmed above, bút quantitative examinations of 
the hypothesis were nőt then possible. The importance of ice in atmospheric 
precipitation processes naturaliy lead to the notion that the concentrations o 
ice nuclei exert a controlling role in the development of ram, and in the 
formation of snow and hail. Furthermore, since ice nucleus concentrations are 
quite low in comparison with condensation nuclei or totál aerosol concentra
tions (cf. Fig. 4.15), and, since supercooled clouds were in fact observed, it cou d 
readily be argued that the possibility exists to significantly modity clouds y 
adding artificial ice nuclei to them. _ .

Bv the mid-1940’s practical methods were discovered tor inducing ice crystals 
in supercooled clouds. The discoveries were rapidly transplanted írom t e 
laboratory to the atmosphere, and the possibility of converting portionsof a 
supercooled cloud layer to ice crystals was convincingly shown in 1946. Wide 
spread application of cloud seeding—coupled with intense efforts to 
the processes and to develop improved methods—followed rapidly and contin 

tONow it can be easily recognized that the expectations of forty years a go were 
overly simplistic, and overly optimistic. Addition oí artificial ice nuclei to clouc s 
which are substantial enough to have a reasonable chance to produce precipita- 
tion does nőt yield clear and unequivocal results. So, while somé important 
successes due to cloud seeding can be claimed, these cases represent ut a sma 
fraction of the numerous attempts made. Consequently, there is now, in generál, 
a much more cautious attitűdé toward cloud seeding; there is an emphasis on 
careful consideration of the scientific and social questions involved instead ot 
embarking on full-scale efforts on the basis of imprecise expectations. 1 he 
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reasons fór this situation can be placed in two groups: (1) Natural precipitation 
processes are more efficient than was anticipated, because of secondary ice 
generálion, and because of a greater contribution by coalescence; and, (2) The 
variabilities and complexities of clouds, and the possibilities of both positive and 
negative effects due to seeding, demand that cloud seeding be performed with 
considerable a priori knowledge of the cloud system to be seeded, and with 
appropriate design of the seeding procedures. These statements cannot be 
elaborated in any detail here, so the reader is referred to the reviews of Hess 
(1974), Kachurin (1978), Dennis (1980), Braham (1986), and others.

It should alsó be said that the quantitative foundations of cloud seeding are 
still under development; its ranges of applicability, methods of execution, and 
methods of testing are nőt clearly established. New concepts continue to emerge 
in response to new findings in cloud physics and in mesoscale meteorology. 
From the point of view of possibilities fór future progress, on the positive side 
there is a large body of empirical results to learn from, there are improved 
methods fór observing cloud behavior, and there are powerful numerical models 
fór synthesizing available knowledge about cloud processes. On the negative 
side, development of the kind of detailed knowledge which is necessary fór the 
purposeful modification of precipitation processes, with allowance fór the nat
ural variabilities of cloud systems, can only be gained with gradual progress.

In Section 4.5 we examined the current State of knowledge with respect to ice 
nucleation in the atmosphere; the uncertainties about natural ice nuclei con- 
stitute basic problems in cloud seeding alsó. The generálion, testing, and deliv- 
ery of artificial ice nuclei form another, closely related problem area; discussions 
of these topics are taken up in this section.

4.6.2 Cloud seeding with coolants

One approach to creating large numbers of ice crystals in a cloud, or in any zone 
(below 0 °C) where saturation with respect to ice is exceeded, is to cool small 
portions of the volume of air to temperatures of homogeneous ice nucleation. 
As originally discovered by Schaefer (1946)—thereby setting off the éra of 
practical cloud seeding efforts introducing dry ice intő a supercooled cloud in 
the laboratory produces spontaneous transformalion of the cloud to ice crystals.

Dispersing small pellets of solid CO2 (dry ice), or droplets of highly volatile 
liquids (N2, propáné, etc.) leads to the rapid sublimation of the pellets and 
evaporation of the droplets, so that their surface temperatures cool to, or well 
below, their temperatures of vaporizalion. The temperature of sublimation fór 
dry ice is -78 ’C; the boiling points of liquid nitrogén and liquid propáné are 
- 196 and -45 °C, respectively. Cooling due to evaporation can add up to 
another 40 °C cooling to these temperatures. So, the surfaces of the evaporating 
pellets or droplets are considerably colder than the roughly - 40 °C threshold 
fór homogeneous freezing. While the quoted temperatures are found only al the 
surfaces of the evaporating objects, there will still be a sizeable zone where the 
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temperature drops to below -40 ’C. In that zone, a very large number- of iice 
crystals form. Evidence points to the fact that many water droplets nucleate in 
the highly supersaturated vapor in the chilled zone, mostly by homogeneous 
condensation. and those droplets then freeze almost instantaneously Imtially 
there is severe competition fór available vapor among the ice crystals, so that 
nőt all of the crystals survive. Once diffusion and turbulence has spread the 
crvstals to a larger volume, the competition dimimshes and the remaining 
crystals can continue to grow. The overall efficiency of the process, the numbers 
of ice crystals produced per gram of dry ice or liquid spray, is found to be 
very sensitive to environmental temperature, cloud liquid water content and 
other variables. At temperatures lower than about - 3 °C, dry ice pellets mitiate 
on the order of1013 crystals per gram (Fukuta et et al- ’
Volatile sprays produce very similar results, 10 to 10 ' g (Hicks and Val , 
1973- Kumai 1982), with the higher values derived from field-scale testing 
where mixing’of the seeded plume with the cloud probably reduced the impact 

"’ffnordeTtrutilize coolants, the pellets or spray must be introduced directly 
intő a supercooled water cloud, or a supersaturated vapor zone. The ability ot 
the coolants to form ice in a supersaturated vapor leads to the potential fór 
creating ice clouds in previously cloud-free air. There are as yet no rehable 
aerosol nuclei which can match this capability. Fór seeding water clouds, 
introduction of the coolants directly intő the cloud poses considerable difiicul- 
ties since dispersion either from aircraft, or from balloons is necessary. On the 
other hand, by carrying the nucleant directly intő the cloud, its designated 
location and dosage rate are well established. .

Dry ice is dispersed by mechanical devices which assure that the teed rate is 
constant and that pellet sizes are maintained uniform. Seeding rates “sually 
employed are about 10-100 gram per second (0.1 to 1 gram per meter of flight 
path). Pellet sizes are typically about 1 cm; such pellets fali about 1.5 km before 
evaporating completely. With the continuous release of dry ice pehets, the 
passage of a seeding aircraft through a cloud produces a "curtain ot ice 

^Liquid coolants are dispersed by spraying. The vapor pressure of the liquid 
is usually sufficient to provide the pressure necessarry to force the liquid through 
the spray nozzle. The liquid is drawn from the boltom ot the tank If additional 
pressure is needed, inért nitrogén gas is used to pressunze the véssél, rhe Utetime 
(travel distance) of the spray droplets depends on the sizes of the droplets and 
on wind speed. In any case these distances are limited to a few melers. I his is 
a restriction on the applicability of the method; seeded volumes are even smaller 
than with dry ice. On the other hand, the method is well sülted fór ground-based 
applications, and is in use at several major airports fór dispersing supercooled 
fogs. ,

In generál, the fate of the initial ice plume depends on the vertical and 
horizontal winds within the cloud or fog. The growth of the ice crystals is in turn 
determined by those motions and by the conditions they encounter. The detailed 
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natúré of the effect of the seeding on the cloud is, as to be expected, highly 
dependent on the characteristics of the cloud. High ice concentrations caused 
by the localized release of coolants can be readily documented with aircraft 
sampling, and the formation of precipitation and of radar echo can alsó be 
clearly observed at times (e.g. English and Marwitz, 1981; Marwitz and 
Stewart, 1981). Fór example, in a stratiform cloud studied by Huggins and 
Rodi (1985), ice crystal concentrations of near 105 m-3 were observed over 
regions of about 1 km in extent 20 minutes after seeding, and precipitation feli 
from the seeded clouds about 24 minutes after seeding.

Such field studies provide excellent information on how cloud response varies 
with conditions, with seeding rates, etc. Numerical simulations of seeding effects 
(e.g. Kopp et al., 1983; Krasnovskaya et al., 1987) are alsó helpful in under- 
standing the interactions of the numerous variables involved.

Overall, the use of coolants offers a practical way of initiating ice crystals. The 
efficacy of the method at temperatures close to 0 °C is a particular advantage. 
Producing the ice crystals over large volumes of air is a problem, and the 
coolants have to be delivered directly intő the clouds. Application of the method 
is quite widespread. Research is alsó continuing, directed mostly toward under- 
standing of cloud responses, and toward optimization of the seeding procedure.

4.6.3 Cloud seeding aerosols

Heterogeneous ice nucleation by particles (aerosols) is the most common meth
od of seeding clouds. The discovery of this possibility followed soon after the 
observation of cloud glaciation by dry ice. Vonnegut (1947) reported that silver 
iodide and lead iodide particles were effective as ice nuelei in supercooled clouds 
in the laboratory, and in a fog at -4 °C. It is noteworthy, that, forty years later, 
the two most frequently used cloud seeding materials are still silver iodide and 
lead iodide.

The factors influencing the ice-nucleating ability of a partiele has already been 
explored in the preceding sections. Those are, of course, the main considerations 
relevant to the use of cloud seeding aerosols. In fact, a great deal of attention 
has been given already to silver iodide (AgI) as one of the most active ice 
nucleating substances known. While the results presented in Sections 4.4 and 
4.5 were derived mainly from laboratory and theoretical studies, here the focus 
will be on the tieid applications of these nucleating agents, i.e. generálion, 
testing, delivery and cloud effects.

The basic requirements fór cloud seeding application of an ice nucleant are 
that it producc large numbers of ice crystals at temperatures as close to 0 °C as 
possible, and that its dispersion intő clouds be relatively easy and inexpensive. 
Materials best mceting these requirements are those which have a high inherent 
efficiency (many possible sites per unit surface arca) and which can therefore 
be utilized as small aerosol particles, yielding many particles per unit mass. 
Addilional requirements are stability, i.e. no loss of activity due to irradiation 
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or Chemical interactions, and lack of undesirable (toxic) effects. Sí ver iodide 
(AgI), lead iodide (Pbl2), cupric sulfide (CuS), metaldehyde, 1,5-dihydroxynaph- 
thalene, and a few other substances have been developed and tested fór cloud 
seeding use. It should be added, that in most cases, the aerosol contains other 
components in addition to the basic substances mentioned, and the actual 
Chemical composition and physical State of the product strongly influences its 
nucleating ability. These characteristics are, in turn, determined by the method 
of generation of the aerosol.

To achieve small partiele sizes, nucleating aerosols are produced by recon- 
densation from vapors: the substance is vaporized at high temperature. and 
condensation takes piacé as the vapor cools due to mixing with environmental 
air. Vaporization is accomplished in the fiamé of a liquid or sohd fuel. The 
corresponding devices are referred to as “burners” or “generators if a gas or 
liquid fuel is used, and as “pyrotechnics” or “flares” if the seeding matéria! is 
mixed with a solid combustible matéria!. In a typical silver iodide generátor an 
acetone carrier liquid (in which AgI is solubilized by NaI, NH4I, or KI) is 
burned either by itself, or is fed intő a propáné or gasoline fiamé. The physical 
arrangements of such generators are extremely variable, depending on intended 
use, cost, and on the user’s design preferences. Generators have been built fór 
bot’h airborne and ground use. Output rates vary from a low of few grams per 
hour to kilograms per hour. In somé projects, up to hundreds of generators have 
been deployed, at times with the possibility of reniote control to turn the 
generators on and off. A great deal of effort has been dedicated to the optimiza- 
tion of such generators. The principal design variables are the composition of 
the mixture, the flow rates applied, the fiamé temperature obtained in the burner 
head, and the period of operation. An important environmental variable is wind 
(or ventilation) speed, determining the quenching rate of the emitted vapors, 
and the initial coagulation of the condensed particles. The output variables are 
the composition and the sizes of the particles, and, ultimate^, the activity of 
the particles as ice nuclei.

Pyrotechnic mixtures are formulated to be either slow burning or explosive. 
Steadily-burning “flares” are used attached to aircraft, or dropped from aircraft, 
or are fired through the clouds as rockets. Explosive mixtures are used in 
projectiles fired from cannons, and alsó in rockets. Ihe mixtures contain, in 
addition to the nucleant, fuel, oxidant and binder. The composition ot the mix 
is adjusted to produce a uniform controlled burn and a desired partiele size 
distribution fór the nucleant. Usually, pyrotechnics have lower output rates 
than solution burners, partially because of the larger partiele sizes ihat are 
produced, and partially because of the more complex Chemical composition of 
the particles.

Evaluations of generátor outputs is a demanding task in itselt. I he generators 
have to be operated in realistic and repeatable conditions, the aerosols have to 
be diluted to usable levels fór the tests, and the nucleation tests have to be 
performed in somé cloud chamber or other type of ice nucleus measuring device. 
Important major facilities have been constructed fór such tests, bút the results 
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still cannot be referred to any kind of standard. Intercomparisons of results 
from different test facilities are often disappointing; the problems of ice nucleus 
measurements discussed in Section 4.5 are clearly evident in these attempts. 
Discrepancies of several orders of magnitude might appear depending on the 
test conditions used, so that the application of chamber test results to the 
prediction of ice-forming potential in clouds can only be viewed as rough 
approximations.

The results of generátor tests are usually expressed in terms of the numbers 
of nuclei per gram of matéria!, often termed “effectiveness”, as a function of 
temperature. The results of a number of such measurements are shown in Fig. 
4.16 fór different generators and from different testing facilities. The generál 
character of the curves is evident in all results: a very sharp rise (several orders 
of magnitude within a degree or so of temperature), followed by a broad 
temperature region of nearly constant values. The initial rise tends to occur near 
-5 °C fór AgI, in reasonable agreement with the threshold values shown in 
Section 4.4. The maximum yields, at temperatures of - 15 °C, or below, may 
reach 1015 to 1016 nuclei per gram of silver, and values of 1013 to 1014 are nőt 
uncommon fór activity at - 10 °C. As shown by curve 6 in Fig. 4.16, even higher 
yields are possible, at least in the laboratory, by producing small patches of AgI 
on other particles. It is the high output that makes silver iodide such an 
attractive matéria! fór cloud seeding. If the test results were directly transferable 
to the atmosphere, 1 g of AgI could yield 104 m 3 nuclei at —10 °C (roughly 
ten times the average natural concentration) in nearly 10 km3 of cloud volume. 
In fact, practical results are far short of these numbers, as will be discussed later, 
and there is so much variability in the results that the planning of cloud seeding 
activities still faces numerous major uncertainties.

Aerosols as cloud seeding nuclei have the advantage that they can travel 
considerable distances in the atmosphere, thus allowing diffusion intő large 
volumes of air. If the entire volume in which clouds form, or the inflow air intő 
clouds is to be fiiled with artificial ice nuclei, this can only be accomplished with 
aerosols. Seeding generators at the ground, or airborne generators, can be 
operated upwind of the clouds to be inlluenced. However, the spreading of the 
aerosol plume in practical circumstances is nőt easily predicted, leading to 
considerable uncertainties in the targeting of the seeding matéria! and in the 
concentrations actually reached in the clouds. Direct introduction of the seeding 
matéria! intő the clouds, by using generators or flares mounted on aircraft, by 
dropping flares intő the cloud from above, or by firing projectiles intő the cloud 
reduces the targeting uncertainty, bút leads to relatively small volumes ol air 
being treated. In either case, loss of nucleating aerosol by cloud and precipita
tion scavenging alsó has to be considered. Much effort has been expended in 
the study of diffusion and transport of seeding plumes, since an understanding 
of these factors is indispensable to successful cloud seeding. In somé studies of 
plume trgnsport, tracer particles or gases were released together with the ice 
nuclei in order to make detection of the plume and analysis of the results easier. 
It has been found that specific tests are required fór each area and cloud type
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Fig. 4.16
Examples of the cumulative nucleus spectra (numbers of ice crystals per gram of Agl as a function 
of test temperature) observed in cloud chambers fór different Ági aerosols. 1 - Garvey (1975), fór 
the output of a bumer with a solution of Agl and NaI; 2 - Federer and Schneider (1981), fór a 
pyrotechnic mixture used in cloud seeding rockets; 3 - Volkovitsky et al. (1987), fór a full-scale 
test of a 2% Agl pyrotechnic mixture; 4 and 5 - DeMott (1988), fór a AgI-AgCl aerosol produced 
in a bumer, and fór a 2AgI. NaI complex which was tested in a chamber undergoing adiabatic 
expansion; 6 - Plaude and Sosnikova (1987), fór an aerosol generated by evaporation of a solution 

containing l:3x 10~s mass ratio of Agl to NH4I

to be dealt with. This is especially true fór generators located on the ground; 
local terrain conditions exert strong and often unpredictable influences.

In view of the many uncertainties in nucleating efficiency and in transport, 
it has been found very useful to study the activities ot cloud seeding materials 
directly in natural clouds. Such “seeding trials” involve the generálion and 
delivery of the seeding matéria! by whatever method is chosen, and the eflect 
of the seeding is monitored by an aircraft equipped with appropriate instru- 
mentation. A tracer matéria! may be alsó used to give independent confirmation 
that sampling by the aircraft is carried out in the seeding plume (e.g. Stith and 
Benner, 1987), The principal parameters of interest are the concentrations of 
ice crystals, their growth rates, and the rate of spread of the ice crystal plume. 
The growth of the ice crystals is, of course, accompanied by the liquid water 
content becoming depleted. Motions within the cloud, and the level of tur- 
bulence, define the larger-scale patterns. The evolution of precipitation, as 
graupel or as aggregates of crystals, is the stage to which the seeding effect is 
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to be followed, although it is often quite difficult to continue to identify the 
effects of seeding separately from the natural evolution of the cloud. Determina- 
tions of the silver content of precipitation have been utilized as aids to relating 
precipitation rate, and location, to seeding (e.g. Warburton et al., 1985). Radar 
observations can alsó be of considerable help in that regard. There is definite 
merít in performing the seeding trials in a randomized fashion, so that seeded 
clouds can be rigorously compared with non-seeded clouds. Perhaps the most 
complete series of such studies were performed over a five-year period with 
summertime convective clouds of módéra te dimensions (Cooper and Lawson, 
1984); the results clearly show the increased ice concentrations and the initial 
growth of the ice particles to the graupel stage. Other, similar studies were 
reported by Isaac et al. (1977), Blumenstein et al. (1987), Krauss et al. (1987), 
and many others.

The primary eflect of cloud seeding with ice nuclei is the creation of additional 
ice particles. The growth of those particles to precipitation sizes is the goal in 
what came to be called the “static” seeding method. The preceding discussion 
was oriented primarily toward the static seeding concept. Bút, there is another 
important aspect of seeding with ice nuclei nőt mentioned up to this point. In 
somé situations (usually with higher dosage rates of seeding matéria!) the release 
of latent heat accompanying the ice formation has a sizable eflect on the 
dynamics of the cloud. When this is the primary eflect sought, the seeding is 
referred to as “dynamic” seeding. Dynamic seeding, or the stimulation of cloud 
growth, is thought to bring about an increased flux of water vapor intő the cloud 
and an increase in the efficiency of precipitation formation. Considerable experi- 
mental and theoretical work has been dedicated to this concept, bút a fully 
cogent explanation of the process has nőt yet emerged, and the the tieid evidence 
is nőt certain either. Fór further details on this concept the reader may consult 
Woodley et al. (1982) and Orville (1986). Since the formation of additional 
ice particles and the release of latent heat are, in reality, inseparable, the 
distinction between static and dynamic seeding is only one of degree.

Numerical model simulations of seeding effects can provide many additional 
insights intő the parameters influencing the final outcome. Seeding rates, loca- 
tions and timing can be altered in systematic ways to explore the sensitivity of 
cloud evolution to these variables. Model calculations of this type rangé from 
simple ones, which treat the evolution of droplets and ice particles within a 
closed parcel, to complex ones, which contain descriptions of the three-dimen- 
sional distributions of diflerent hydrometeors and include the fiow fields in and 
around the cloud. Once again, discussion of these models exceeds the scope of 
this volume; somé examples to consult in the literature are: Kopp et al. (1983), 
Buikov and Dorman (1985), Cotton et at. (1986), Orville et al. (1987).

As mentioned before, cloud seeding is still a rapidly-developing Science. Evén 
though established, large-scale field-programs exist, and somé of those appear 
to be producing useful practical results, the scientific bases of many aspects of 
cloud seeding are poorly understood. Laboratory and tieid experimentation, as 
well as theoretical and numerical modeling studies are continuing. From that 
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perspective, the study of ice nucleation is part of a multi-faceted search fór 
knowledgeable modifications of clouds. Improved understanding of natural ice 
formation and of the many aspects of artificial ice nucleation are fundamental 
to progress in that important endeavour.
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5. Aerosols and climate

5.1 Statement of the problem

From a theoretical point of view, the atmosphere is a thermally driven geophysi- 
cal fluid system which acts as a kind of heat engine, continually converting heat 
from the Sun intő mechanical energy; that mechanical energy is in turn con- 
verted back to heat by frictional dissipation. These processes lend a transient 
behavior to the atmosphere, which is manifested in a continuous change of the 
complete atmospheric State with time, and is identified at a particular piacé with 
weather.

The introduction of the concept of climate is aimed at looking fór a charac- 
teristically more persistent behavior of the atmosphere than that exhibited by 
weather. Therefore, the climate at a given piacé is commonly defined as being 
the average weather there. A broader definition of the climate includes all the 
statistical properties of an ensemble of many different States of the atmosphere.

The problem of climate has received much attention in the last few years and 
it can be advanced by adopting two different points of view. The theory of 
external causation of climatic change follows a basically deterministic approach. 
Within this concept, the climate is defined in terms of averages over an ensemble 
of internál States which is in equilibrium with the slowly changing external 
influences (Leith, 1978). Climatic variations are therefore explained as being the 
necessary response of the internál system, say the atmosphere, to changes in 
external conditions, say the incoming solar radiation at the top of the atmo
sphere.

The theory of internál causation, by contrast, suggests that, even in the 
absence of any change in the external forcing, a unique climate may nőt exist. 
Climatic variations in this context might just be a natural (essentially stochastic) 
feature of the atmosphere-land-ocean-ice climate system due to the complex 
nonlinear interactions among the various internál components of the system 
(Hasselmann, 1976; Lorenz, 1979).

When tackling the role of aerosol particles in climate modification we adopt 
the deterministic point of view by specifying any change in the aerosol content 
of the atmosphere as an external influence on the climatic State. The simplest 
possible quantilative approach to the problem in this case is the identification 
of climate with the internál state in energy equilibrium. As is known, the 
system’s energy budget is dominated by the short-wave radiation Corning from 
the Sun, and the long-wave terrestrial radiation escaping back to space. The 
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approximate balance between the solar and terrestrial energy fluxes defines the 
mean temperature of the system, i.e., the variable perceived most widely as 
characterizing the climatic State.

The particulate matter suspended in the atmosphere is likely to play a signifi- 
cant role in the control of climate because it affects the system’s radiative 
balance directly and indirectly in several ways. The direct radiative effect is due 
to the fact that aerosol particles scatter and absorb the incoming solar radiation, 
the solar radiation reflected from the Earth’s surface and alsó the outgoing 
terrestrial radiation. This process results in a redistribution of energy from solar 
and terrestrial radiation in the atmosphere, and causes atmospheric heating or 
cooling depending on the relevant optical properties and spatial distribution of 
the aerosol particles.

The most important indirect influence of aerosol particles on the radiation 
balance is through their effect on clouds. The action of aerosol particles as 
condensation and ice nuclei, and as coalescence centers, strongly affect the 
formation, lifetime and optical properties of clouds, and thereby the radiative 
transfer in a cloudy atmosphere at both solar and terrestrial wavelengths. 
Aerosol particles can alsó be found within or between cloud hydrometeors, 
either in solution in the drops or in suspension between them, and can cause 
changes in cloud albedo. A further effect can be aerosol-induced modifications 
in hydrostatic stability of the air column which in turn can affect the rate of 
cloud formation (see Subsection 3.5.4).

Somé of the influences mentioned above lead to warming, while others 
represent cooling effects. Absorption by aerosol particles is always a warming 
influence, either it occurs at solar wavelengths or at terrestrial wavelengths. 
Backscattering to space of incoming solar radiation represents a cooling effect 
fór the system, bút backscattering of reflected short-wave or emitted long-wave 
radiation directs the beam back towards the surface and is a warming influence. 
The presence of clouds increases the reflectance of the Earth-atmosphere sys
tem, and in this respect it represents a cooling tendency. Bút in the infrared 
spectrum, the surface upon becoming covered by a cloud layer experiences a 
reduction in radiation loss to space, and so increasing cloud cover represents 
a warming tendency. The different warming and cooling effects do nőt take 
piacé independently, and the interrelationships between them constitute feed
back mechanisms, many details of which are as yet poorly understood.

Airborne particulates will alsó affect the dynamical processes of the atmo
sphere. The heat sources and heat sinks due to regions of radiative imbalance 
are known to be at the origin of the generál circulation of the atmosphere, which 
must be modified by the heating or cooling due to aerosol variations. However, 
nőt much is known about the details of this problem so far. Aerosol particles 
have only recently been introduced intő generál circulation models which couple 
the radiative effects of aerosols to atmospheric dynamics. Preliminary results 
indicate small bút significant global as well as zonal and regionul climatic 
modifications due to the presence of aerosol in the atmosphere.

The interpretation of external forcing influences on the climatic State is 
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especially complicated in the case of climate modification of anthropogenic 
origin. Fór example, there is now ample evidence fór the presence of large 
concentrations of combustion-generated graphitic carbon particles (see Chapter 
2) throughout the Arctic troposphere (Chylek et al., 1984; MacCracken et al., 
1986). This suggests that such black particles which are very effective absorbers 
of solar radiation could produce the Arctic warming which is alsó a symptom 
of the carbon dioxide increase. Recent estimates by Rosen et al. (1984) have 
shown that atmospheric heating due to Arctic aerosol is nearly the same as a 
doubling of the concentration of CO2. The individual effects of the various 
forcing influences on the climatic State can only be clarified by improved 
verification experiments and with better global data coverage. Our scientific 
knowledge and aerosol data are, however, sufficient at this time to justify and 
stimulate continued research interest on the impact of aerosols on climate 
(Deepak and Gerber, 1983).

5.2 Modifications of the radiation budget due to aerosol particles

The potential importance of atmospheric haze, dúst and smoke to the climatic 
State of our plánét has been recognized fór a long time. The pioneering studies 
of Charlson and Pilat (1969), Atwater (1970), Mitchell (1971), and Coak- 
ley and Chylek (1975) concluded that the aerosol particles can either decrease 
or increase the net radiant energy available fór the Earth-atmosphere system. 
leading to either global cooling or global warming, respectively. The cutoff 
between these two cases depends upon a series of parameters: the spatial 
localization and the optical characteristics of the aerosol particles at different 
wavelengths, the angle of the incidence of solar radiation and the reflectance of 
the ground surface. The details of the effects of aerosol particles on radiative 
transfer are discussed in Appendix III.

In a broad sense, atmospheric aerosol particles can be classified as either 
stratospheric (Subsection 5.2.1) or tropospheric (Subsection 5.2.2), and they 
may be either naturally occurring constituents of the atmosphere or of an
thropogenic origin. The response of the climate system to the radiative forcing 
due to the presence of an aerosol layer can be investigated by performing simple 
radiation balance calculations (discussed in the present section), or by introduc- 
ing aerosol particles intő climate models of different sophistication (Section 5.3).

5.2.1 Stratospheric aerosols

As it was discussed in Subsections 2.3.3 and 2.4.3, an aerosol layer can be 
detected in the stratosphere. The particles in this layer have a residence time on 
the order of several years. Volcanic activity constitutes a major source of 
particulate malter at these high altitudes, bút it has been suggested that high- 
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flying aircraft and industrial activity could alsó lead to an increasing strato- 
spheric aerosol concentration.

Simple radiative transfer calculations show that a stratospheric aerosol layer 
can modify the global radiative balance in one of two ways. Reflection of solar 
radiation may enhance the planetary albedo, reducing the global surface tem
perature, whereas the infrared extinction in the aerosol layer can augment the 
greenhouse effect in the atmosphere and thereby increase the surface tem
perature. Somé ten years ago, there was considerable debate as to which of these 
two competing mechanisms dominates. Nowadays, all investigators agree that 
on a global scale, the albedo modification is most important: with an increase 
in stratospheric aerosol loading the planetary albedo increases, producing a 
global cooling trend in the troposphere and at the surface. This fact is a 
consequence of the size distribution of the stratospheric aerosol: these particles 
have typical sizes which absorb and scatter the incident solar radiation more 
strongly than they affect the outgoing terrestrial radiation (Coakley and 
Grams, 1976).

The study carried out by Harshvardhan and Cess (1976) was among the first 
works which emphasized that the increase in reflected sunlight constitutes the 
dominant contribution by stratospheric aerosols. Their calculated global mean 
temperature change is shown in Fig. 5.1 as a function of the visible optical 
thickness rvis. Alsó illustrated in this figure is the change in surface temperature 
if the infrared opacity (greenhouse effect) of the stratospheric aerosol layer is 
neglected. The comparison clearly indicates that the aerosol infrared absorption 
plays a small role in compensating fór the reduction in surface temperature due 
to the aerosol solar reflectance. The normál stratospheric aerosol concentration

Fig. 5.1
Reduction in global mean surface temperature as a function of the visible optical thickness of 

stratospheric aerosol (after Harshvardhan and Cess, 1976). (By courtesy of Tellus)
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(rvis = 0.02) reduces the global mean surface temperature by 0.7 K; a doubling 
of aerosol concentration would produce a further decrease in surface tem
perature by the same amount.

Luther (1976) compared the solar and terrestrial radiative effects of a strato
spheric aerosol layer between 18 and 22 km fór a tropical atmosphere. The 
changes in the short-wave and long-wave fluxes above the aerosol layer were 
found to be comparable in magnitude. In the troposphere, the reduction in the 
incoming solar radiation (cooling) turnéd out to be several times greater than 
the increase in the downward terrestrial radiation (warming), the difference 
decreasing with increasing surface albedo.

Changes in the planetary albedo and the average equilibrium temperature of 
the air column due to perturbations in the solar radiative balance were inves- 
tigated by Hermán et al. (1976). The perturbations were induced by the in- 
troduction of varying amounts of aerosol particles intő the stratospheric layer 
between 15 and 25 km, and results were examined fór a wide rangé of aerosol 
absorption coefficients. They found that fór a mass loading of 0.8 pg m-3 and 
fór non-absorbing aerosols (with a single-scattering albedo co=1.0), the air 
column at all latitudes experiences a cooling during all seasons, with a peak 
decrease in the average air column temperature of 0.6 Kday-1 in the pole 
regions. With slightly absorbing (<u = 0.9) and moderately absorbing (w = 0.7) 
aerosols, warming of the air column takes piacé nearly everywhere; fór 
moderate absorption, a peak increase in temperature of 3.5 K day-1 occurs at 
high latitudes in summer.

The effect of stratospheric aerosol particles on the Earth’s monthly zonal 
radiation balance, including infrared radiative transfer, was investigated by 
Harshvardhan (1979). He used a thin stratospheric scattering layer; the aero
sols were assumed to be 75% H2SO4, non-absorbing droplets. His results alsó 
confirmed that the dominant influence of a thin stratospheric aerosol layer 
(rvi, = 0.1) is an increased reflection of solar energy all over the globe except fór 
the polar-winter region when there is no solar insolation. The reduction in the 
radiation balance turnéd out to be nearly uniform and small equatorward of 
50° latitude. The largest perturbations in the radiation balance occur at high 
latitudes in the spring and fali, whereas polar winters show a net gain in the 
radiation balance due to the increased greenhouse effect. It is interesting to note 
that the increased sensitivity of polar regions in these studies stems from purely 
radiative equilibrium considerations, and it appears even if only the visible 
portion of the wavelength spectrum is taken intő account. From both observa- 
tions and sophisticated modeling work, it is now a well-known fact that polar 
regions generally undergo larger temperature fluctuations during climatic 
change periods than do temperate or tropical latitudes.

More recently, Lenoble et al. (1982) dcveloped a simple three-layer model of 
the Earlh atmosphere system to compute the change in global radiation balance 
due to a stratospheric aerosol layer. According to their computations, the 
background stratospheric aerosol on the planetary scale leads to a loss of energy 
of 27 W m“2 fór an optical thickness of 0.03, including the small infrared 
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greenhouse effect, i.e., surface cooling occurs. The possibility of surface heating 
will appear only fór much more absorbing aerosols with a single-scattering 
albedo <0.9.

Supersonic transport and space shuttle operations have drawn additional 
attention to the question of the stratospheric aerosol influence. The effects of 
emissions of sulfur gases and of soot particles by high-flying aircraft were first 
considered during the Climatic Impact Assessment Program (CIAP) of the US 
Department of Transportation in the mid-1970’s; it was estimated that a fleet 
of advanced supersonic transports emitting 3 x 107 kg of SO2 per year between 
18 and 21 km might reduce the Earth’s surface temperature by roughly 0.05 K. 
However, the CIAP conclusions were based on a simple residence time model 
fór an aerosol of fixed-size dispersion and, accordingly, were somewhat uncer- 
tain.

Pollack et al. (1976b) alsó investigated the climatic impact of sulfuric acid 
particles released by supersonic transports and alumínium oxide particles emit- 
ted by space shuttle engines. To evaluate the effect of these additional aerosols 
on the global heat balance, they performed solar and terrestrial radiative 
transfer calculations. They found that the temperature change obtained by 
CIAP is an overestimation by about one order of magnitude, and that no 
significant climate change should result from the aerosols produced by space 
shuttles, supersonic transports, and other high-flying aircraft, operating at 
traffic levels projected fór the next several decades. Later, this study was further 
expanded by a more complete treatment of aerosol physics and the incorpora- 
tion of soot emissions (Turco et al., 1980). It was concluded that the release 
of large numbers of small soot or alumínium oxide particles intő the strato
sphere should nőt lead to a corresponding significant increase in the concentra- 
tion of large, optically active aerosols. On the contrary, the increase in large 
particles is severely limited by the totál mass of sulfate available to make large 
particles in situ, and by the rapid loss of small particles via coagulation. Turco 
et al. (1980) found that a fleet of 300 advanced supersonic aircraft operating 
daily at 20 km, or the launch of one space shuttle rockét per week, could produce 
roughly a 20% increase in the large-particle concentration of the stratosphere. 
Aerosol increases of this magnitude would reduce the global surface tem
perature by less than 0.01 K, a negligible change.

The studies summarized above were motivated mainly by the growing con- 
cern that pollutants produced by our technological civilization may disturb the 
natural balance of airborne particulates, and thereby may inadvertently change 
the Earth’s radiation budget and climate on a global scale. Recenl volcanic 
eruptions have given a new impulse to these studies.

The earliest well-documented effect on stratospheric temperatures causcd by 
an unusually high aerosol concentration due to a volcanic eruption1 was 
analyzed by Newell (1970) and McInturff et al. (1971). They found a warm- 
ing at heights above about 15 km in the tropical stratosphere which persisted 

1 Concerning the properties of aerosol particles of volcanic origin see Subsections 2.3.3 and 2.4.2.
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fór several years after the Mt. Agung eruption on 17 March 1963; the average 
temperature increase attributed to the eruption was, at most, 2 K everywhere 
except over Australia, where the volcanic dúst caused temperature increases as 
great as 5 K in the lower stratosphere. Other eruptions which followed that of 
Agung (including Awu in 1966, Fernandina in 1968, Fuego in 1974 and Mount 
St. Helens in 1980) were too weak to cause similar excursions of stratospheric 
temperatures until the event of the volcano El Chichón in Southern Mexico 
which erupted a number of times over the period 28 March through 4 April 
1982. Starting with June 1982, an unusual warming of the tropical stratosphere 
was observed by the Institute fór Meteorology, Free University of Berlin 
(Labitzke et al., 1983). It quickly spread to northern latitudes and reached a 
maximum of approximately 5 K during August to November 1982 at the 30 hPa 
level at 10° N, which is the same magnitude and nearly the same heating pattern 
as was observed after the Agung eruption. This warming and its northward 
spread could be correlated closely with direct observations from satellites and 
lidar of the spreading of dúst from the volcano El Chichón. Twenty-two years 
of statistics now clearly show that the warming induced by the Agung and the 
El Chichón aerosol is well above the standard deviation of the temperature 
record.

The generally accepted present view regarding the impact of volcanic erup
tions on the radiative balance is basically that which has been developed by 
Pollack et al. (1976a) and which can be summarized as follows. Silicate dúst 
and concentrated sulfuric acid are the major aerosol components introduced 
intő the stratosphere by a volcanic explosion. The former species is directly 
injected by the explosion and is the dominant component fór the first several 
months. The latter species results largely from a set of slow photochemical 
reactions that convert the sulfur-containing gases of the volcanic emission intő 
small particles of sulfuric acid. These particles can be assumed to be 75% 
aqueous Solutions. Radiative transfer calculations at visible and infrared 
wavelengths have revealed that increases in both silicate and sulfuric acid 
aerosols due to a volcanic eruption lead to an increase in the global albedo. 
However, this cooling is oífset by the enhanced greenhouse warming due to the 
aerosol opacity at infrared wavelengths. During the first few months following 
a volcanic explosion, when the aerosols are mostly dúst particles of fairly large 
diameter. the two effects either cancel out or a small net warming of the surface 
occurs, accompanied by an increase in stratospheric temperatures. The calcula
tions of Pollack et al. (1976a) indicate that the observed heating of the 
stratosphere following the eruption of Mt. Agung was due chiefly to the absorp
tion of upwelling terrestrial radiation by the added particles. At later times, and 
during most of the post-eruption period, smaller-sized dúst and sulfuric acid 
aerosol particles cause a net surface cooling. The inlcgratcd effect over all stages 
following a volcanic eruption is a net cooling of the surface.

Since volcanic aerosols have two competing effects on the Earth’s radiation 
budget the albedo effect and the greenhouse effect , it is important to have 
a correct picture concerning the influence of volcanically induced stratospheric 
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aerosols upon the planetary albedo of the Earth. Unfortunately, however, 
considerable differences exist in this respect. Fór example, Harshvardhan and 
Cess (1976) suggest that the change of the planetary albedo ap with the aerosol 
optical depth tví, at the wavelength of 0.55 pm is

da_
—S 0.2 
d?™

while Pollack et al. (1976a) produce the substantially lower result
daD

= 0.082. 
d^vis

The primary goal of the study of Cess et al. (1981) was to explain this large 
difference by illustrating the importance of performing full-flux calculations, 
together with incorporating the angular dependence of scattering within the 
Earth-atmosphere system, when modeling the influence of volcanically induced 
stratospheric aerosols upon the system albedo. With denoting the cosine of 
the solar zenith angle and ac the cloud reflectance, Cess et al. (1981) have found 
fór clear skies

da
—L = 0.151, 
d^vis

fór cloudy skies and dac/d/z0 — —0.55

daD
—L = 0.033, 
d^vis

and fór cloudy skies and dac/d/z0 = 0

da
-2- = 0.058. 
drvi.

Assuming, as did Pollack et al. (1976a), 50% cloud cover, one finds that on 
a global average dap/dTvis= 0.092. These values illustrate that volcanic aerosols 
in the stratosphere produce an effect upon clear-sky regions that is five limes 
that produced upon cloudy-sky regions. This result may have important régiónál 
consequences.

5.2.2 Tropospheric aerosols

1 ropospheric aerosol particles are generally concentrated in the lowest atmo
spheric layers, and their residence time is usually on the order of days to weeks. 
Like stratospheric aerosols, the tropospheric aerosol particles modify the Earth’s 
radiation budget through interaction with solar and terrestrial radiation, bút 
their interaction with the long-wave radiation is generally less important, since 
they are at temperature only slightly lower than that of the ground. They can 
either increase or reduce the reflection of solar radiation, leading either to a 
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cooling or a warming of the surface-troposphere system. Results of the calcula- 
tions carned out by Hermán and Browning (1975), fór example, show that, 
fór small values of ground albedo a, the reflected solar flux may either increase 
or decrease with increasing aerosol loadings, depending upon the imaginary 
part zij of the refraction index of the particles. Fór high ground albedos (a > 0.4), 
an increase in aerosol levels always results in a decrease of reflected flux, i e ’ 
a warming of the system. An extensive review of published observations of 
aerosol optical properties has been carried out recently by Kellogg, and his 
conclusion is that aerosol absorption-to-backscatter ratio is generally so large 
that when in cloud-free layers over land with an albedo of 0.15 or greater they 
cause a warming of both the surface and the lower atmosphere (Kellogg, 
1981). Regarding the vertical distribution of the heating rate due to absorption 
of the solar radiation by aerosols, Yamamoto et al. (1974) showed that the 
heating rate is greater in the lower troposphere, especially at low latitudes, and 
that it increases appreciably with increasing turbidity. The heating rate is very 
sensitive to the value of n^, the heating rate fór n- = 0.03 is two or more times 
that fór Hj = 0.01.

According to the comprehensive evaluation of tropospheric aerosol influence 
on solar radiation by Liou and Sasamori (1975), the solar heating rates may 
be as much as 5 and 9 K per day near surfaces whose albedos are 0.1 and 0.8, 
respectively. Their local-albedo calculations fór the entire solar spectrum reveal 
that a surface albedo of about 0.3 to 0.4 is crucial to whether a globally averaged 
albedo increases or decreases as the result of an additional load of aerosol 
particles in the atmospheric boundary layer. An increase of aerosol concentra
tion always leads to an increase of the totál absorption within the atmosphere. 
Hence, there should be a warming eflect. Bút an increase of aerosol loading 
reduces the solar flux available to the surface fór absorption. Consequently, the 
surface should experience a cooling eflect. Thus cooling occurs near the surface 
with warming aloft. The net heating eflect fór the Earth-atmosphere system, 
however, depends strongly upon the surface characteristics.

Blanchet and Leighton (1981) studied the influence of both refractive index 
and size distribution of aerosol particles on atmospheric heating rates due to 
solar radiation absorbed by the particles. They found that, fór climate studies, 
the choice of values of the complex refractive index is more crucial than the 
choice of the shape of the size spectrum. Both the reál and the imaginary 
refractive index can modify the absolute value of the planetary albedo by several 
percents. However. varying the values of nt between 0 and 0.1 lead to variations 
of the heating rate near the ground between 1.5 and 6 K day"1. Using a wide 
variety of shapes of the aerosol spectrum with the same totál volume density 
of aerosol, they found deviations of about ±27% from the médián value in the 
contribution to the heating rate.

1 ropospheric aerosol particles generally have a much higher optical thickness 
than do stratospheric aerosols, with optical thicknesses typically ranging be
tween 0.1 fór the “clear” tropospheric air and 1.0 or even more fór very turbid 
conditions. Due to this large optical thickness, the aerosol influence can be 
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expected to be large, bút because the aerosol particles have a short residence 
time and they show large temporal and spatial variations, both in quantity and 
in radiative characteristics, it is more difficult to assess their global climatic 
impact (Lenoble, 1984). On a régiónál scale, strong outbursts of aerosol parti
cles, such as desert dúst storms, very likely influence the local climate. Fór 
example, Joseph and Wolfson (1975) found fór two sites in Israel—one in the 
Coastal piain and one in the Judean hills—that the imaginary part of the 
refractive index, averaged over the solar spectrum, is considerably smaller 
during khamsinic conditions—i.e., dry hot weather with desert winds (n-,— 0.03) 
—than fór normál days (^ = 0.08). Carlson and Benjámin (1980) investigated 
the effects of Saharan dúst on radiative fluxes. Fór moderately heavy dúst 
amounts commonly measured over the Sahara and the eastern tropical Atlantic 
Óceán, typical calculated aerosol heating rates fór the combined long-wave and 
short-wave spectrum were in excess of 1 K day”1 fór most of the troposphere 
beneath the top of the dúst layer (500 hPa).

In recent years, the number of studies in the area of urban climates and the 
effect of aerosols on atmospheric variables has grown fairly rapidly. Several of 
these studies have indicated that strong pollution over large urban and indus- 
trial areas is likely to interfere with the local and régiónál climate. Ackerman 
(1977) developed a one-dimensional, time-dependent heat-transfer model of the 
boundary layer to study the effects of pollutants on local values of the mete
orological variables. The results of his study has led him to conclude that 
pollutants in generál and aerosols in particular have a fairly small effect on 
urban temperatures because of a strong tendency within the substrate-atmo- 
sphere system fór self-stabilizing compensation. If the short-wave radiation is 
absorbed by a layer near the ground, this absorption reduces the transfer of heat 
from the surface to the atmosphere. This in turn tends to keep the surface and 
boundary-layer temperatures approximately the same as if no absorption were 
taking piacé. The loss of energy due to backscatter may alsó result in a reduction 
of the depth of the boundary layer rather than in a reduction in temperature. 
This reduced depth compensates fór reduccd heating by spreading the heating 
over a shallower layer. An additional compensation occurs within the radiative 
fluxes. The warming of the atmosphere by short-wave radiation is opposed to 
a lesser degree by an increase in long-wave emission. This alsó tends to maintain 
the surface temperature. In addition to this compensation, the results of Acker- 
man’s model runs show that the main effect of the aerosols on the urban climate 
is to increase daytime temperatures. This increase is fairly small and is related 
to the aerosol concentration. In areas with relatively high background con- 
centrations mixed through the planetary boundary layer, the aerosol heating 
tends to retard the growth of the mixed layer, bút this tendency may be 
counteracted by an increase in surface temperature.

Observations over the pást several years have indicated that a significant 
component of the aerosol burden of the Arctic troposphere is soot most likely 
of anthropogenic origin (see in more detail in Subsection 2.4.2). Because soot 
is a strong absorber of solar radiation, and since the surface albedo at Arctic 
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latitudes is typically high, the presence of such an aerosol has raised the possibil- 
ity of an anthropogenically-induced impact upon the Arctic climate through a 
lowering of the planetary albedo which results in an increased solar absorption 
by the surface-atmosphere system. Indeed, radiative calculations carried out by 
Cess (1983) and MacCracken et al. (1986) are consistent in suggesting that 
carbonaceous aerosols should produce surface warming in Arctic regions, bút 
the manner in which this is accomplished is a bit unusual. The direct impact of 
the aerosol is to reduce absorbed solar radiation at the surface. This effect, 
however, is minimized by the high surface albedos which in turn, due to the large 
surface reflection, enhance aerosol solar absorption. This aerosol-induced atmo
spheric heating then results in increased infrared emission from the atmosphere 
to the surface that more than compensates fór the reduced solar absorption, 
thus producing surface warming. According to the calculations of MacCracken 
et al. (1986), this surface warming is coupled with an interesting cryospheric 
feedback process and leads to a springtime Arctic temperature increase that is 
roughly consistent with observed trends in high latitude temperatures, an effect 
somé have attributed to carbon dioxide-induced changes.

In two interesting papers, Shaw (1983, 1987) drew attention to a curious 
coincidence involving the mean wavelength of solar radiation and the mean size 
of tropospheric aerosols. Coarse particles, such as grains of windblown sand, 
are rapidly removed by impaction and sedimentation, while extremely fine 
particles, like those detected with condensation nucleus Instruments, are quickly 
removed by diffusion. It follows that particles of somé intermediate size remain 
airborne fór longest times, and generál considerations indicate that this inter
mediate size rangé is between 0.1 and 1.0 pm in diameter, i.e., the very rangé 
where particles interact extremely efficiently with solar radiation. Consequently, 
any mechanism that produces particles of a few tenths of a pm in diameter is 
a potent candidate fór causing the atmospheric radiation balance to change. 
Now, it is known that a large fraction of the present tropospheric aerosol 
consists of sulfate particles produced by the atmospheric oxidation of sulfur 
gases from the biota (see Chapler 2). Therefore, it seems likely that the biologi- 
cally-produced sulfur that enters the atmosphere is responsible fór creating a 
large fraction of the present optical depth of the background troposphere. In 
other words, Shaw proposed that sulfur-containing aerosol particles should be 
looked upon as an efficient regulator of the Earth’s radiation budget. This 
conclusion leads to the problem of biological regulation of the climate system 
which will be discussed in fuller details in Subsection 5.4.3.

5.3 Modeling the climatic effects of aerosol

Our knowledge of the physical basis of climate and climatic variation is most 
usefully and comprehensivcly organized in terms of models, which are math- 
ematical representations of the physical laws which govern the climate system’s 
behavior. Erőm such models, the system’s future behavior or a future climatic 
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State may, in principle, be determined, and in this sense climate models represent 
the physically most rational basis fór studying the climate. Climate models have 
shown considerable skill in reproducing the present climate of the Earth and 
that at selected times in the pást, and their use in the prediction of future climate 
is the subject of intensive research (Gates, 1981).

The basic physical laws which govern the behavior of the climate and on 
which a climate model may therefore be based, are expressed by equations which 
describe the conservation of momentum, heat and water vapor—the so-called 
primitive equations. Once all of the numerical approximations, constants and 
boundary conditions (external forcings) required fór a model’s solution have 
been assembled, a time integration can be carried out fór an indefinite period 
starting with arbitrary initial conditions. During the initial period of the calcula- 
tion, the various large- and small-scale physical processes in the model adjust 
to each other and to the imposed boundary conditions in accordance with the 
model’s governing equations. After this period (which requires from a few weeks 
to a few months, depending upon the characteristic time-scale of the physical 
processes involved), the statistics of the model’s solution (i.e., the climate) is 
assumed to be determined by the model and the boundary conditions only.

If the model is to describe only the climate as averaged, say, over one or two 
geometric dimensions, the model’s governing equations could at least formally 
be derived by appropriately averaging the primitive equations. In the extreme, 
such averaging could be performed over all dimensions to yield a zero-dimen- 
sional model fór the globally-averaged climate, in which case the atmospheric 
motion becomes implicit; the globally-averaged temperature and water vapor 
are then the model’s dependent variables which are commonly parameterized 
in terms of the surface temperature and humidity. The model is then developed 
around the budget equation fór the flux of radiation, sensible and latent heat 
at the surface, of which the prototype model is that of Budyko (1969). In 
another version of such “energy balance models”, averaging is performed only 
in the vertical and longitudinal directions, with each term in the surface heat 
budget now parameterized in terms of the surface temperature as a function of 
latitude. Such models, of which that of Sellers (1969) is the first example, are 
able to portray the basic latitudinal dependence of the Earth’s heat and hyd- 
rologic balances when adequate parameterization is made fór the meridional 
transport of heat and moisture. An introductory survey of the global energy 
balance climate models is presented by North et al. (1981).

In other types of these simplified climate models averaging is performed over 
only one or two geometric dimensions. When both horizontal dimensions (bút 
nőt the vertical dimension) are suppressed, the resulting column model con- 
siders the temperature as a function of pressure (or height) in response to the 
vertical transfer of heat. When the only heating is by radiation, such a “radiative 
balance model” is able to portray the overall vertical temperature distribution 
in the atmosphere. However, when a convective-adjustment parameterization 
fór the vertical flux of heat by convective motions is added, the resulting 
“radiative-convective model” provides a more realislic tropospheric vertical 
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temperature structure as first shown by Manabe and Strickler (1964). A 
review of the radiative-convective models that have been used in studies pertain- 
ing to the Earth’s climate is given by Ramanathan and Coakley (1978).

At the top of the climate modeling hierarchy are those models in which no 
explicit restriction regarding the number of geometric degrees of freedom is 
introduced. Such three-dimensional models undertake a more-or-less straight- 
forward integration of the governing primitive equations over the globe, and 
with a horizontal resolution of the order of several hundred kilometers they are 
able to resolve the large-scale transient motion systems that maintain the climate 
system energetically (Smagorinsky, 1974). Such “generál circulation models” 
began in 1955 with the pioneering calculations of Phillips (1960) fór a simplified 
system; the climate simulation capability of such models have recently been 
reviewed by Gates (1981).

Finally, among the deterministic climate models mention should be made of 
statistical-dynamical approaches because they alsó have important applications 
in studying the climate. A generál circulation model generates its own transient 
motions which transport heat and momentum. Although individual synoptic 
eddies cannot be predicted on climatic time scales at the right time and the right 
piacé, their statistical behavior is almost correct. Now, a statistical-dynamical 
model is based on the idea that the statistical behavior of the transient eddies 
can be expressed in terms of the mean flow via parameterization relations 
(Opsteegh, 1981). In that case it is possible to deal with the mean flow directly. 
A simple procedure is to average the equations fór instantaneous flow in time. 
This leads to a set of equations very similar to the original ones, bút with an 
additional force in the momentum equation and an additional heating term in 
the thermodynamic equation. These additional terms describe the influence of 
transient pressure systems on the mean flow. A survey of statistical-dynamical 
models of the global climate is given by Saltzman (1978).

5.3.1 Effects of naturaliy occurring aerosol and its anthropogenic increase

The hypothetical, naturaliy occurring background aerosol is capable of depress- 
ing the Earth’s surface temperature by 2 to 3 K. It therefore rivals the influence 
of the minor gaseous constituents like nitrous oxide and methane, and its effect 
is comparable in magnitude bút opposite in sign to what might be expected from 
projected increases in carbon dioxide (UNEP/WMO/ICSU, 1985). In spite of 
this fact, the influence of aerosol has yet to be investigated with the vigor so far 
reserved fór investigating changes due, fór example, to increases in atmospheric 
carbon dioxide concentration. Although numerous model studies have ad- 
dressed the impact of aerosol particles upon the Earth’s present climate, there 
remain tnany unanswered questions.
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Energy balance and statistical-dynamical models

Simple energy balance climate models are based upon the radiation balance of 
the Earth-atmosphere system. The early model studies by Rasool and 
Schneider (1971), and Yamamoto and Tanaka (1972) can therefore be regard- 
ed as a direct extension of the works overviewed in Section 5.2.

In the energy balance model adopted by Rasool and Schneider, an aerosol 
layer was placed just over the surface, and the single-scattering albedo was used 
to describe the absorption effect of the particles. On the other hand, Yamamoto 
and Tanaka considered both tropospheric and stratospheric aerosols, and they 
introduced the imaginary part Aj of the refractive index fór characterizing the 
effectiveness of partiele absorption. Results of these two approaches are in good 
agreement. A change of the optical thickness from 0.1 to 0.3 gave global 
average surface temperature decrease JTs=-3.4 K in the Rasool and 
Schneider model, and d7’s= — 3.9 K in the Yamamoto and Tanaka model tor 
slightly absorbing aerosols (to = 0.99 or ^ = 0.001); and ATS—— 2.3 K. and 
-2.4K, respectively, fór moderately absorbing particles (co = 0.90 or 
^=0.013).

More recently, Coakley et al. (1983) employed a one-dimensional (latitudi- 
nally dependent) energy balance model fór investigating the climatic effects of 
the naturally occurring aerosols. They varied the optical thickness rvis fór the 
background aerosol from 0.16 at low latitudes (from the Equator to 25° N 
latitude) to 0.07 at high latitudes (from 65° N to the Pole), and the surface 
albedo a from 0.08 at low latitudes to 0.61 at 85° N. Changes in the system 
albedo were taken to be Jap = +0.0094 at low latitudes and -0.0036 at 85° N 
due to the presence of an aerosol with reál refractive index of nr=1.5 and 
imaginary refractive index of nx = 0.01. Model results are summarized in Fig. 5.2. 
We see that the present background aerosol cools the Earth at all latitudes 
relatíve to a hypothetical aerosol-free atmosphere, the decrease in global surface 
temperature ranging from 2.0 K (^ = 0.01, representative fór wind-blown dúst 
particles) to 3.3 K (n^O, representative fór sea-salt particles). We can alsó see 
that although an increased aerosol absorption produces rather significant aero
sol heating especially at higher latitudes, this does nőt imply that stich aerosol 
particles would produce surface warming at the polar region. The near-maxim- 
um surface cooling at high latitudes occurs despite a local decrease in the 
planetary albedo and resulting increse in solar heating caused by the particles 
at these latitudes. The reason fór this surface cooling around latitude 85° is thal 
the individual latitude zones are coupled by advective energy transport, and the 
high-latitude climatic change illustrated in Fig. 5.2 is controlled, through advec- 
tion, by aerosol-induced cooling at low and mid-latitudes. In summary, the 
present naturally occurring background haze exerts a rather substantial in
fluence upon the present climate, particularly at high latitudes; this influence 
is comparable in magnitude bút opposite in sign to what would be expected fór 
a doubling of atmospheric carbon dioxide concentration.
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Fig. 5.2
Change in the latitudinal surface air temperature JT, due to an aerosol with a reál refractive 

index of n,= 1.5 (after Coakley et al., 1983). (Copyright by the American Meteorological 
Society)

These conclusions of Coakley et al. (1983) are consistent with a later study 
by Potter and Cess (1984), who employed the annual average version of a 
two-dimensional (latitude and height dependent), nine-level statistical-dynami- 
cal model of the Lawrence Livermore National Laboratory, University of 
Califomia. The inclusion of background tropospheric aerosol particles within 
the model was made by using continental-type aerosol over land areas, and 
maritime aerosol over oceans and sea ice. The results obtained suggest that the 
naturally occurring aerosol particles reduce the global-mean surface air tem
perature by 3 to 4 K and that the maximum cooling takes piacé at high latitudes, 
despite the fact that aerosols produce a mild increase in solar heating at these 
latitudes. Changes in zonally averaged surface air temperature and global mean 
atmospheric temperature as a result of the incorporation of tropospheric aero
sols as well as a 1.3% reduction in solar constant are shown in Figs 5.3 and 5.4. 
We see that these separate climate forcings produce nearly identical climate 
effects, despite the fact that the two forcings have quite different latitudinal and 
vertical distributions. This suggests that the climate response to tropospheric 
aerosol forcing is insensitive to the manner in which the aerosol particles are 
vertically distributed.

On the other hand, the climate response to aerosol forcing might be substanti- 
ally amplified by the ice albedo feedback process. This fact was emphasized by 
Jung and Bach (1987) who employed the same aerosol types and the same
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Fig. 5.3
Changes in the zonally averaged surface air temperature as a result of the inclusion of 

tropospheric aerosols and of a 1.3% reduction in solar constant (after Potter and Cess, 1984). 
(Copyright by the American Geophysical Union)

optical thickness distribution given earlier by Potter and Cess (1984). Their 
two-dimensional zonally-averaged climate model indicated that due to the 
presence of the aerosols, the annual temperature change at the surface is — 2.1 K 
with ice-albedo feedback; without ice-albedo feedback the corresponding value 
is -1.4 K.

Fig. 5.4
Change in the global mean atmospheric temperature as a result of the inclusion of tropospheric 
aerosols and of a 1.3% reduction in solar constant (after Potter and Cess, 1984). (Copyright by 

the American Oeopysical Union)
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Radiative-convective models

In the last decade, a series of climate sensitivity experiments have been carried 
out with radiative-convective models to investigate the thermal effects of atmo
spheric aerosol particles. Reck (1974) performed a series of calculations to 
compare steady-state values of the atmospheric thermal State without and with 
aerosols, as well as with varying aerosol optical parameters. Her results confirmed 
the transition from cooling of the surface in the case of a low ground reflection 
to heating fór highly reflecting ground. Fór a surface albedo of a = 0.07 (corres- 
ponding to blacktop roadway, dark soil or moving water) and volume extinc- 
tion coefficients in the rangé of 0 > < 4 km _ 1, the model predicts an increased 
rate of cooling with increased aerosol abundance throughout the troposphere, 
with the greatest effect near the ground. Fór a = 0.3 (corresponding to light soil 
or dark sand, and characteristic of the mean albedo of the Earth-atmosphere 
system) and 0<pe^>20 km-1, atmospheric cooling still occurs due to aerosols, 
bút we no longer see a monotonic increase in cooling when the aerosol optical 
density is increased; instead, there appears to be a decrease in the effect of 
aerosols for^e> 3 km-1. Finally, fór a = 0.6 (i.e., in the rangé of reflectivity valid 
fór snow) the model indicates at all tropospheric levels a decrease in the 
radiative cooling with increased aerosol content.

In the subsequent studies of Reck (1975, 1976), and Reck and Hűmmel 
(1981) the influence of various quantities, such as the height of the aerosol layer, 
aerosol size distribution, and aerosol absorption (i.e., the imaginary part of the 
refractive index) is emphasized. It is shown that over a surface having a mean 
short-wave albedo of a = 0.3, the system albedo increases as the optical depth 
t increases fór both high-level (41.5 hPa) and middle-level (418 hPa) aerosol 
layers, while fór a low-lying aerosol layer (958 hPa) the greatest effect is fór 
r = 0.065, with a decreasing effect as r increases. The calculated surface tem- 
peratures have turnéd out to be relatively insensitive to the reál part of the 
refractive index and to the size distribution assumed. The sensitivity to surface 
albedo is similar fór the three main aerosol types characteristic of maríné 
aerosols, Continental aerosols and stratospheric aerosols. An increase of 0.1 in 
the absorptive component of the refractive index increases the calculated 
surface temperature by 0.4 K fór a = 0.07 (oceans) and by 1.0 K tor a = 0.60 
(snow and ice). In other words, the heating is increased 2-3 times as the surface 
albedo is increased by an order of magnitude. A 0.1 increase in corresponds 
very roughly to a factor of two increase in the percentage of solar absorption 
by an average partidé.

The importance of the combined effects of clouds, aerosols and surface albedo 
in determining whether heating or cooling of the Earth-atmosphere system 
occurs is stressed by Wang and Domoto (1974). Their model calculations 
indicate that the increase of atmospheric turbidity due to aerosol alone inay 
decrease the system albedo fór the case when the surface albedo is larger than 
0.30, i.e., heating of the Earth’s atmosphere due to the presence of aerosol is 
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possible fór surface types such as dry grass land, desert or snow-covered ground. 
Fór the same reason, the presence of stratospheric aerosol with underlying 
clouds (high albedo) may alsó cause heating if higher water vapor concentration 
is found in the stratosphere.

Heat storage and meridional transport effects have generally nőt been in- 
cluded in these earlier, steady-state radiative-convective studies of aerosol and 
climate. In the work of Charlock and Sellers (1980b), the one-dimensional 
radiative-convective model structure is retained, bút additional sources and 
sinks of heat, due to surface and atmospheric storage and to oceanic and 
atmospheric dynamics, are included. These have permitted them the calculation 
of fairly realistic temperatures in selected latitude belts on a month-by-month 
(time-marching) basis. The effects of varying aerosol composition throughout 
the entire column at 40-50° N latitude beit obtained by the annual version of 
their model are shown in Fig. 5.5. Here, single-scattering albedo m is varied with 
a fixed surface albedo of a = 0.13872. The strongly absorbing aerosol with 
íü = 0.75 has drs/dr = + 4.9 K, while the non-absorbing aerosol with to = 1.0 has 
dTs/dr = - 15.4 K. It is seen that adding aerosol with m«0.81 would cause no 
change in the computed annual mean surface temperature. Figure 5.6 shows

Fig. 5.5
Annual mean surface temperature at the 40- 50" N latitude beit as a function of the aerosol 
optical depth at various single-scattering albcdos to. The dashed line refcrs to the T<k>n and 

Pollack (1976) aerosol. (After Charlock and Sellers, 1980b). (Copyright by the American 
Meteorological Society)
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Fig. 5.6
Global surface temperature as a function of the aerosol optical depth fór various 

single-scattering albedos co. The dashed line refers to the Toon and Pollack (1976) aerosol. 
(After Charlock and Sellers, 1980b). (Copyright by the American Meteorological Society)

aerosol effects on the global version of the model. Aerosol, as with the annual 
model, has a nearly linear effect on the mean surface temperature. The global 
surface temperature is less sensitive to the addition of aerosol than the mid- 
latitude surface temperature. Fór the addition of aerosol with r = 0.125, the 
global surface temperature drops 1.5 K, while the annual surface temperature 
in the 40-50° N latitude beit decreases by 1.8 K.

General circulation models

Introduction of aerosol particles intő a generál circulation model is evidently 
the best way fór identifying possible dynamical and hydrological changes in 
response to the radiative forcing by aerosol which energy balance models or 
radiative-convective models either ignore or only crudely approximate. How- 
ever, as it has been stressed by Lenoble (1984), somé important points have to 
be kept in mind, to avoid exaggerated optimism: (1) radiation codes which are 
compatible with the available computer time in generál circulation models are 
highly simplified and ignore the diurnal (and sometimes the annual) cycles; (2) 
all the present generál circulation models include simpliíications and constraints 
which, in fact, can hide somé aerosol influences or block somé feedback process- 
es (e.g., sea-surface temperature is generally fixed according to present climatic 
values, which may seem at leasl surprising, when looking fór climatic modifica- 
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tions)- and (3) all generál circulation models have a high chmate nőise level, 
which’ makes difficult the search fór small climatic vanations such as those 
which can be expected from aerosol forcing.

The first study of the sensitivity of a generál circulation mode to the presence 
of aerosols has been done by Joseph (1977), who has introduced desert aerosols 
over all of the world’s deserts, and over the low-latitude Atlantic Óceán in the 
Northern Hemisphere. He has found that the surface temperature, air tem
perature, and the meridional circulation in the National Center fór Atmospheric 
Research (NCAR, Boulder, Colorado) model are sensitive to the presence ot 
an aerosol distributed three-dimensionally in an inhomogeneous fashion over 
the globe. The thermo-hydrodynamic State of the model atmosphere alsó ad- 
justs to the presence of the aerosol. Hydrostatic stability of the lower atmo
sphere increases over the deserts and over the affected regions of the Atlantic 
Óceán. Advective processes lead to changes in the atmosphere outside the 
aerosol-laden regions. It should be mentioned that Joseph has used abnormally 
large partiele concentrations, in order to force the response of the model to 
stand above the normál level of variability associated with circulation model 
simulations (Leith, 1973). It is doubtful, however, that the results of such 
studies can be scaled to obtain changes to be expected fór concentrations at the 
background levels. . , . . .

The trade winds frequently carry Saharan dúst out over the tropical Atlantic 
Óceán during the northern summer (see Subsection 2.2.1). In order to evaluate 
its effects on the weather and climate of the region, the Goddard Laboratory 
fór Atmospheric Sciences (GLAS, Greenbelt, Maryland) generál circulation 
model has been modified by Randall et al. (1984) to include the effects of 
Saharan dúst. Their results suggest that heating by absorption can produce a 
narrowing and intensification of the Intertropical Convergence Zone (and 
consequently of the tropical rain beit) and a marked weakening oí the trade 
winds. The precipitation effect is systematic and progressive; that is, it is 
stronger fór optically thick dúst than fór optically thin dúst. The result obtained 
fór the wind component is interesting, since in natúré it is the easterhes that 
transport the dúst. . x t

Tanre et al. (1984), in the framework of a European project at the European 
Centre fór Médium Rangé Weather Forecasts (ECMWF, Shinfield Park, Read- 
ing), have introduced intő the Center’s low-resolution model five types ol 
aerosol (Continental, maritime, urban, volcanic and stratosphenc) and their 
optical properties have been computed in accordance with the International 
Radiation Commission. The effect of the aerosol particles on the model climate 
has been found to be just at the limit of the nőise level fór the dynamic processes 
bút to be significant fór the mass field. There is a warming etlect of aerosol 
particles over high latitudes in the lower levels; a cooling effect near the surface 
over the desert regions and over latitudes without continents; and a warming 
of the troposphere nearly everywhere, increasing upwards to reach a maximum 
in the stratosphere (up to 3 K at 30’ S). Saharan and Continental aerosols have 
a cooling effect fór the surface that reaches a maximum of 4 K over the Sahel 
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region. Urban aerosols have a warming influence, because of their small single- 
scattering albedo. The effect of aerosols over regions of high albedo (Greenland, 
Antarctica, Northern Siberia, Northern Canada) is to increase surface tem
perature, because of an increase of downward infrared radiation in relation with 
the higher atmospheric temperature.

In a recently performed series of experiments, Coakley and Cess (1985) have 
inserted the effect of naturally occurring tropospheric aerosols on solar radia
tion intő the NCAR Community Climate Model (CCM) to determine the 
manner in which this regionally and vertically dependent radiative forcing might 
affect régiónál circulation and thus, the régiónál climate. Fór these experiments, 
the aerosol optical depths were taken from the summary by Toon and Pollack 
(1976). The influence of aerosol on infrared radiation has been ignored.

The experiments, which were performed fór perpetual July boundary con- 
ditions, have revealed that when globally averaged, the aerosol reduces the solar 
radiative flux absorbed at the top of the model atmosphere by 3.0 Wm'2, at 
the surface by 4.4 Wm~2 and in the lower troposphere it increases the flux 
absorbed by 1.4Wm'2. Although these changes are sizeable, the climate 
simulated by the CCM is hardly affected by them. Figure 5.7 shows changes in 
the zonal average surface temperatures, and the most notable aspect of this 
figure is the lack of change. In energy balance model calculations fór the same 
perturbation, the changes in the zonal mean temperature rangé from - 2 K at 
the Equator to almost - 6 K at the Pole; the change in the global means with

Fig. 5.7
Change in zonal mean surface temperature due to radiative forcing by the naturally occurring 
tropospheric aerosol. Shaded region indicates levél of nőise. (After Coakley and Cess, 1985). 

(Copyright by the American Meteorological Socicty)
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Fig. 5.8
Signal (a) and signal-to-noise ratio (b) fór surface temperature change due to naturally 

occurring tropospheric aerosol. In (a) contours are every 1K. Slippled regions indicate cooling 
less than - IK, X's indicate warming greatcr than IK. In (b) contours arc 2, 4. etc.

Stippled regions indicate signal-to-noise ratio less than - 2, o’s indicate signal-to-noise ratio 
greater than 2. Becausc sea-surface temperature is fixed, the zcro contour is removed fór both 

(a) and (b) in order to draw attention to the significant changes fór land areas. (After 
Coakley and Cess, 1985). (Copyright by the American Metcorological Socicty)
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these simple models is -3 to -4K. The CCM’s global mean temperature 
change is -0.08 K which is equivalent to -0.27 K fór the continents. Figure 5.7 
alsó shows that, unlike the simpler models, heating rather than maximum 
cooling takes piacé near the poles.

The lack of response is caused by the fixed sea-surface temperature in the 
CCM. With fixed surface temperatures the oceans in the model serve as infinite 
heat reservoirs. Even though temperatures of the land surfaces and in the 
atmosphere change in response to the radiative forcing, contact between the 
atmosphere and the óceán heavily regulates the changes that take piacé. Fur- 
thermore, fixed sea-surface temperatures in a model hamper feedback processes 
that might greatly affect the response to a particular forcing. Fór example, the 
thermal inertia of the oceans may inhibit the increase of water vapor in the 
atmosphere which through the model’s radiative energy budget greatly amplifies 
the temperature changes.

In addition to the large-scale changes being small, the CCM results of 
Coakley and Cess show that the magnitudes of the surface temperature changes 
fór any region are alsó small, generally less than 1 K (Fig. 5.8). Furthermore, 
regions fór which the changes are significant (i.e., the signal-to-noise ratio 
exceeds 2) are small in spatial extent and isolated from one another. So, 
although surface cooling is pervasive, only rarely is the cooling sufficiently large 
to stand above the normál variability exhibited by the model.

Fig. 3.9
Changes in atmospheric temperatures averaged over the Northern Hemisphere. Shaded arca 

indicatcs lével of nőise. (After Coakley and Cess, 1985). (Copyright by the American 
Meteorological Society)
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With regard to changes in the vertical temperature profile, the CCM yielded 
the mean profile fór the Northern Hemisphere as shown in Fig. 5.9. We can see 
that the atmosphere as a whole cools bút, at any particular leve], the cooling 
fails to stand significantly above the normál climate vanabihty. Model calcula
tions have alsó indicated that between 30° S and 60° N the aerosol suppresses 
convective activity by reducing solar heating fór land surfaces. As a result the 
upper troposphere, which fór these regions and time of year (July) is heated 
largely through moist convective processes, cools more so than the surface and 
lower troposphere which are directly affected by the interaction of the aerosol 
with solar radiation. . t .

Coakley and Cess (1985) have obtained small bút significant changes in 
climate fór isolated portions of the globe. The most notable changes could be 
observed fór a region of Africa just north of the Equator where the background 
tropospheric aerosol pushed the model towards a drying of the region or 
“desertification”. That is, fór this region the radiative forcing due to aerosol 
gives rise to changes in convection and wind fields which in turn lead to a 
significant reduction in precipitation.

5.3.2 Effects of volcanic eruptions

Volcanic eruptions have long been suggested as one of the important causes of 
pást climate variations, and there has been no dearth of studies correlating the 
long-term record of the surface temperature to the history of volcanic events. 
In spite of this attention, there is still considerable uncertainty about the 
magnitude and statistical significance of any climatic effects of volcanoes, as well 
as their geographical distribution and duration. Among others, Schneider and 
Mass (1975), and Mass and Schneider (1977) concluded that a volcanic dúst 
signal can be weakly detected in the long-term temperature series. The analysis 
of Bryson and Goodman (1980) suggests that the variations in hemispheric and 
perhaps world levels of volcanic activity might be important on the scale ol 
several years to several millennia. Gilliland (1982), and Gilliland and 
Schneider (1984) found that most of the variance of long-term surface tem- 
peratures over land can be accounted fór by volcanic, carbon dioxide and solar 
forcing fór the pást century. The cooling effect of a single large volcanic eruption 
is only a few tenths of a degree; a maximum surface cooling of about 0.5 to 1.0 
K occurs in the first or second year after a major eruption; and the recovery 
time is about 2 to 4 years.

On the other hand, Kelly and Sear (1984) reported a marked air lem- 
perature decrease over land in the Northern Hemisphere in the two months 
following major Northern Hemispheric eruptions, and a lesser decrease in the 
18 months following major Southern Hemisphere eruptions. According to 
Parker (1985), the results obtained by Kelly and Sear are as valid as can be 
in the present situation, bút such results may suífer from slight systematic bias 
induced by the Southern Oscillation. Parker s analysis ol sea-surlace tem- 
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peratures fór the Northern Hemisphere around the times of major volcanic 
eruptions in the pást 100 years has nőt revealed any consistent tendency to 
significant post-eruption coolness. His air temperature anomaly maps suggest 
that volcanic eruptions do nőt predispose the atmospheric circulation to par- 
ticular patterns.

A very comprehensive statistical analysis of the effect of volcanic eruptions 
on Continental temperature has quite recently been performed by Bradley 
(1988). In his paper a new, homogeneous set of high-quality gridded tem
perature data fór Continental regions of the Northern Hemisphere was exam- 
ined in relation to the timing of major explosive eruptions. Bradley concluded 
that very large, bút historically rare, explosive eruptions—like Krakatoa in 
1883, Santa Maria in 1902, and Katmai in 1912—have a very pronounced, 
short-lived impact on Continental surface temperature. The effect is generally 
maximized in the 2 to 3 months following the eruption, diminishing thereafter 
fór up to 2-3 years. Over Northern Hemisphere land areas as a whole, initial 
temperature depression averaged about 0.4 K. Summer and autumn months 
experience the greatest temperature depression whereas winters often show little 
or no effect. Bradley emphasizes the latitude of an eruption as an important 
factor in determining the extent of its influence on temperature. High-latitude 
eruptions have their biggest effect at high and mid latitudes whereas low-latitude 
eruptions mainly affect low and mid latitudes. Consequently, middle latitudes 
are particularly vulnerable to both low- and high-latitude eruptions. Finally, 
Bradley’s results indicate that considering all known eruptions which injected 
matéria! intő the stratosphere over the last 100 years (except the five largest 
eruptions), a significant temperature depression over the continents is detectable 
only in the month immediately following the eruption. In other words, there is 
no evidence that large eruptions over the last 100 years have had a significant 
effect on low-frequency temperature changes.

In addition to various statistical approaches, inodel calculations have alsó 
widely been used to assess the climatic impact of volcanic aerosols. Hansen et 
al. (1978) simulated the climate perturbation in the tropical atmosphere due to 
stratospheric aerosol produced by the 1963 Mt. Agung volcanic eruption by 
introducing intő their radiative-convective model a time variable aerosol layer 
with a peak optical thickness of 0.2. The magnitude, sign and time delay of the 
computed temperature changes are in excellent agreement with those observed 
after the volcanic eruption. Later, Charlock and Sellers (1980b) repeated the 
same test and obtained similar results (Fig. 5.10).

The El Chichón eruptions of March/April 1982 have provided the scientific 
community with an unprecedented opportunity to study the aerosol-climate 
problem with advanced models and through later analysis to compare model 
results with those from observations. Pollack and Ackerman (1983) have 
carried out a series of calculations with a one-dimensional, time-marching, 
radiative-convective model to assess the impact of the El Chichón volcanic 
cloud on the radiation budget of the northern tropics during the 6-month period 
following the injection of volcanic matéria! intő the stratosphere. Extensive
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Fig. 5.10.
ia) Departure of tropical surface temperatures from the climatological mean as a function of time. 
Observations (solid) refer to the area between 30“ N and 30’ S latitudes. Dashed curve shows the 
results of the Hanscn model, dotted curve shows the results of the monthly model by Charlock 
and Sellers. (b) Departure of tropical stratospheric temperatures from the climatological mean 
as a function of time. The observations (solid) are an Australian radiosonde station’s reports from 
the 60 hPa leve!. The results of the monthly model by Charlock and Sellers are fór 0-100 hPa, 
and those of the Hansen model (dashed) arc fór 55 hPa. The time of the Mt. Agung volcanic 
cruption is marked. (After Charlock and Sellers, 1980b). (Copyright by the American Meteoro- 

logical Society)



measurements of the volcanic cloud obtained from airborne, spacecraft and 
ground platforms were used to define the model parameters and to test the 
predictions of the model. The El Chichón cloud was predicted to have caused 
an increase in planetary albedo of 10%, a decrease in totál solar radiation of 
2 to 3% at the ground on cloudless days, and an increase in temperature of 3.5 
K at the 24 km (30 hPa) level. These predictions are compatible with relevant 
observations. Harshvardhan et al. (1984) have used a zonally averaged mul- 
tilayer energy balance model to investigate the likely impact of the El Chichón 
induced stratospheric aerosol enhancement on Northern Hemispheric tem-

Fig. 5.11
The change in surface air temperature due to the effects of the El Chichón eruption. Upper 
figure shows mean Northern Hemisphere temperature changes as a function of time. Lower 

figure shows latitudinal distribution of change 2.5 ycars after the eruption. (After 
Harshvardhan et al., 1984). (Copyright by A. Deepak Publishing)
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The response of surface temperature (K) to a uniform distribution of aerosol in the 30° N-90° N 
region. The optical thickness in the visible spectral region is assumed to be 0.2 initially and 

decreases exponentially with an e-folding time of one year. (After Chou et al., 1984). (Copyright 
by the American Meteorological Society)

peratures. Their results show that a peak response of the hemispheric mean 
surface temperature should be a cooling of 0.3 to 0.4 K about 2.5 years after 
the eruption (Fig. 5.11). The peak zonal response is 0.5 to 0.6 K at around 70° N 
latitude at the time of the maximum hemispheric response. The solar radiative 
perturbation at the top of the atmosphere is 3 to 4 Wm"2 or 1 % of the average 
solar insolation.

Chou et al. (1984) ha ve alsó studied the radiative and climatic effects of 
stratospheric volcanic aerosols with the same multilayer energy balance model. 
It has been found that the latitudinal distribution of aerosols has a significant 
effect on the sensitivity of the surface temperature. When a tenous aerosol layer 
in the 150-200 hPa layer is assumed to be distributed uniformly in the 30-90° N 
region and decay exponentially with an e-folding time constant of one year, the 
maximum response is in the 60-70° N zone where the ice-albedo feedback is 
most active (Fig. 5.12). The maximum response (- 1.3 K) occurs shortly (less 
than six months) after the eruption due to the large extent of land and, therefore, 
the small thermal inertia of the surface in that latitude zone. The e-folding time 
of the response in that latitude zone is 3.5 years. The response gradually 
propagates to the tropics through dynamic transport of heat where the maxi
mum (- 0.24 K.) is only */s of that in the 60-70° N zone. When the same amount
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Fig. 5.13
The response of surface temperature (K) to a uniform distribution of aerosol in the 0 -30 N 

region. The optical thickness of the aerosol particles is the same as in Fig. 5.12. (After Chou et 
al., 1984). (Copyright by the American Meteorological Society)

Fig. 5.14
The response of the hemisphcrically averaged surface temperature to a uniform distribution of 

aerosol particles in the 30* N-90" N region (solid curve) and in the 0’-30‘ N region (broken 
curve). The optical thickness of the aerosols is the same as in Fig. 5.12. (After Chou et al., 

1984). (Copyright by the American Meteorological Society)
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of aerosol is assumed to be in the 0-30° N region, the response is much weakened 
due to smaller radiative forcing in the tropics, bút is prolonged due to the larger 
extent of the oceans (Fig. 5.13). The maximum response is reduced to J/s of that 
of the previous case and occurs at a much later time (~ 1.5 years). The response 
propagates gradually from the tropics to higher latitudes, and a weak maximum 
appears (~2.5 years) in the polar region due to the ice-albedo feedback. The 
minimum response is in the 30-40° N rangé, where there is no direct aerosol 
radiative forcing and no ice-albedo feedback, and where the extent of the oceans 
is large.

The evolution of the hemispherically averaged surface temperature response 
fór the two aerosol distributions is shown in Fig. 5.14. Both magnitude and time 
of the maximum response differ by a factor of 2. Fór the case with aerosols in 
the extratropics, the maximum response is —0.44 K and occurs about one year 
after the eruption. Fór the other case (0-30° N), the maximum is only -0.2 K 
and occurs about two years after the eruption. After the maximum is reached, 
the surface temperature returns to normál very slowly. If ímax is the time when 
maximum thermal response is reached, then it takes about 4 ímax fór the response 
to reduce to half of the maximum response.

5.3.3 Effects of a large-scale nuclear exchange

The possible climatic (and biological) after-effects of a nuclear war were long 
neglected under the assumption that its immediate impacts on humán popula- 
tions were so severe that any additional long-term environmental consequences 
might have been regarded as insignificant in comparison. It was generally 
believed that even a large-scale nuclear exchange—involving tens of thousands 
of nuclear detonations totalling 5000 to 10 000 megatons equivalent of 
TNT—would have little effect on the global climate. Groundbursts would inject 
enormous quantities of soil particles intő the atmosphere, somewhat analogous 
to a massive volcanic eruption such as Tambora in 1815 or Krakatoa in 1883, 
causing a global cooling of approximately 1 K.

However, recent studies have pointed to major omissions or underestimations 
in the earlier studies of the atmospheric effects of a hypothetical large nuclear 
exchange. Crutzen and Birks (1982) clearly demonstrated that the car- 
bonaceous smoke generated by the fires resulting from a nuclear war could be 
sufficient to substantially reduce the solar radiation reaching the Earth’s surface 
across a whole hemisphere fór several weeks or more. Initial estimates fór the 
climatic perturbations created by such massive smoke injections were then 
carried out by Turco et al. (1983). Their calculations revealed that during the 
first month after injection, a large and rapid cooling could occur especially over 
Central Continental areas in the Northern Hemisphere. Because the predicted 
maximum decrease in surface temperature of about 30 K is the difference in 
temperature between summer and winter in middle latitudes, Turco coined the 
phrase nuclear winter to describe the effect.
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The first findings on the climatic impacts of nuclear war came from simplified 
one-dimensional atmospheric models. During the last five years, several genera- 
tions of climate models of increasing complexity have been used and detailed 
parametric formulations of a wide rangé of climatologically significant process- 
es have been applied to study the potential consequences. All of these works 
have confirmed the generál contentions of the earlier simplified calculations that 
injection of hundreds of millions of tons of smoke deep intő the atmosphere may 
lead to substantial surface cooling (Golitsyn and MacCracken, 1987). The 
most recent calculations of Thompson et al. (1987), and Schneider and Thomp
son (1988), however, predict a cooling of only about 10 K in July and generally 
less in other seasons. As this is closer to the difference in temperature between 
summer and autumn, Schneider and Thompson argue that the label nuclear fali 
is more appropriate than nuclear winter as a description of the current simula- 
tions.

As it has been emphasized by Schneider and Thompson (1988), the overall 
problem of estimating the detailed environmental consequences of nuclear war 
goes well beyond climate modeling. It depends on a sequence of issues, somé 
marked by untestable uncertainties.

The amount of smoke created in the fires and its physical and optical proper- 
ties are dependent on the amount and type of materials that are ignited and the 
conditions under which the burning takes piacé. Available scientific information 
shows that the plausible rangé of smoke production fór a large nuclear war lies 
between 25 and 400 Tg, with the corresponding carbon soot production lying 
between 10 and 225 Tg (Penner, 1986). If both wood and petroleum-based fuels 
are burned, a rangé fór hemispheric average absorption optical depth is from 
about 0.4 to 3.0. In most climate models, soot amounts of about 50 Tg are used 
as baseline smoke injections fór a large nuclear exchange. If spread evenly over 
a hemisphere, this amount of soot would produce a visible absorption optical 
depth of 1.0 to 1.5.

There has nőt yet been a comprehensive treatment of the processes which 
govern the transition of smoke particles from their generálion in the fires to their 
spreading to scales which can begin to affect the global weather and climate. In 
the first few days after injection, the smoke particles would be affected by 
transformation and scavenging. The lifetime of smoke in the atmosphere is 
mainly governed by the interaction between the smoke mass and cloud con
densation processes, precipitation being the primary means of removal. Smoke 
injected above the búik of atmospheric water vapor (above 2-3 km) has a lowcr 
probability of removal by rainfall and thus an increased lifetime.

Long-term climatic perturbations would arise from the remnant smoke left 
in the atmosphere after precipitation removed most of the smoke from the lower 
and middle troposphcre. This remnant smoke could rangé in amounts from 
virtually nothing fór small smoke injections in winter wars, to 50% or more of 
the injected smoke from large summer wars involving many urban targets, 
which would correspond to a global average absorption optical depth of a few 
tenths. The residence lime of the smoke particles in the stably-stratified strato- 
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spheric layers would be controlled mainly by circulation patterns and would 
likely be six months or more, with the lowering and strengthening of the 
inversion at the tropopause. Chemical scavenging mechanisms, as well as the 
enhanced radiative cooling and vertical overturning in the stratosphere would 
tend to limit the smoke lifetime.

Most of the simulations of the climate effects of nuclear war have focused on 
the short-term “acute” changes in the first month following the injection of 
smoke intő the atmosphere. Figure 5.15 shows the temperature effect during the 
first month of the classical baseline simulation of a 5000-Mt nuclear exchange 
by Turco et al. (1983). The maximum temperature decrease of 35 K in this case 
occurs three to four weeks after the nuclear attack and should be viewed as 
representative of a value averaged over a hemisphere fór a completely land- 
covered plánét. The authors suggested that, fór the Earth, the large heat capac- 
ity of the oceans, which was necessarily neglected in their one-dimensional 
model, would probably reduce the magnitude of this temperature change by 
about a factor of two.

The one-dimensional calculations by Turco et al. (1983) were followed very 
quickly by climate perturbation studies based on models with two- and three- 
dimensional resolution (e.g. Covey et al., 1984, 1985; Thompson, 1985; Mal- 
one et al., 1986). These models suggested that the módéra ting influence of the 
óceán was indeed about a factor of two. Refinements in more physically realistic 
models have combined to reduce further the average land surface temperature 
perturbations in the Northern Hemisphere compared to the one-dimensional 
models. This is primarily a result of two additional processes which have been 
taken intő account: infrared opacity of the smoke providing somé greenhouse

Fig. 5.15
Hemispherically averaged surface temperature variations after a 5000-Mt nuclear exchange.

(After Turco et al.. 1983). (Reprinted by permission from the authors. Copyright by Macmillan
Magazincs Ltd.)
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Fig. 5.16
Sensitivity of mid-latitude average land surface temperatures to three smoke injection amounts 

as indicated. (After Schneider and Thompson, 1988). (Reprinted by permission from the 
authors. Copyright by Macmillan Magazines Ltd.)

effect compensatory warming and patchy distribution of smoke, allowing somé 
solar beating in relatively clear periods. Fór illustration, Fig. 5.16 shows the 
results obtained by Schneider and Thompson (1988) fór the sensitivity of 
middle latitude average land surface temperatures to three smoke injection 
amounts; the 180 Tg case is equivalent to an injection of 50 Tg of carbon soot.

The global circulation model simulations performed by Thompson (1985) 
suggest that a substantial fraction of smoke generated by a large nuclear war 
in summer over NATO and Warsaw Pact territories will rise in altitude because 
of the heating of smoke which produces a self-lofting effect—and a smaller 
fraction of smoke will spread to non-combatant areas in the tropics and cross 
the Equator in less than two weeks. The upwards and southwards dispersal of 
smoke in winter is much smaller than in summer because of weaker solar 
heating. In July, widespread large temperature decreases can occur over North
ern Hemisphere land areas, and somé environmental effects could extend to 
the mid-latitudes of the Southern Hemisphere a few weeks after a large nuclear 
exchange in which Northern Hemisphere cities were targeted. Surface tem
perature effects in January are less pronounced, bút biologically harmful tem
perature decreases could occur in Northern Hemisphere subtropics.

Mitchell and Slingo (1988) supposed that 180 Tg of smoke were distributed 
evenly betwcen 0 and 9 km and betwecn 30° and 60° N on the Ist of July. Their 
11-layer atmospheric generál circulation model alsó indicated that the geo- 
graphical distribution of the changes in surface temperature might be far from 
uniform. Before the smoke was introduced, the temperature over land (30 to 60° 
N) generally exceeded 280 K (Fig. 5.17a). Two days after the introduction of 

225



the smoke (Fig. 5.17/>), the surface temperature falls below 270 K in limited 
areas including the mountainous areas of North America and the Himalayas. 
After 10 days (Fig. 5.17c), the temperature over most of North America, Europe 
and eastern Asia lying within the smoke zone has fallen below 270 K, and there 
are large areas where the temperature is less than 260 K. On the other hand, 
along certain coasts such as the western United States of America and around 
inland seas, the temperature is considerably higher. By day 20, there is a 
tendency fór the cooling to be least over western regions of the continents (Fig.
5.W

The absorption of solar radiation by the smoke rapidly warms the upper 
troposphere. The stabilization of the atmosphere might induce substantial

Fig. 5.17a

Fig. 5.17b
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Fig. 5.17c

Fig. 5.17
Geographical distribution of the changes in daily mean surface temperature due to the injection 

of 180 Tg of smoke between 0 and 9 km and between 30” and 60° N. Contours every 10 K, 
regions with temperature bclow 270 K are stippled. (a) July mean. (b) Day 2 of the simulation, 

(c) Day 10 of the simulation. (d) Day 20 of the simulation. (After Mitchell and Slingo, 
1988). (Copyright by the American Geophysical Union)

reductions in simulated precipitation. In the first 30 days of the simulation 
carried out by Schneider and Thompson (1988), average rainfall reductions of 
20 to 50% were observed in the Northern Hemisphere mid-latitudes. Evén larger 
percentage reductions can occur over land areas because these areas are more 
strongly stabilized than óceán owing to low-altitude cooling.

Longer-term “chronic" effects of a major nuclear war have alsó been inves- 
tigated by extending climate calculations over time spans of the order of a year. 
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Preliminary results suggest that beyond one month, the large perturbation of 
the surface temperature would decrease, although it is nőt known how rapidly 
(Golitsyn and MacCracken, 1987). On the other hand, the formation of an 
elevated stable smoke layer might cause a high-altitude absorption of perhaps 
5 to 40% of incoming solar energy fór at least a year which, in turn, might 
enhance the probability of laté spring or early fali frosts, or could imply strongly 
reduced Asian or African monsoonal rains through a reduction of the land-sea 
temperature contrast in summer months (Schneider and Thompson, 1988).

It should be noted that nuclear explosions can cause the injection of a wide 
variety of substances intő the atmosphere in addition to the smoke from fires. 
The explosions themselves produce radionuclides, cause Chemical reactions that 
lead to injection of nitrogén oxides, and can loft large amounts of dúst and other 
surface materials if they take piacé near the ground (Golitsyn and MacCracken, 
1987). Analysis of nuclear test data indicate that roughly 0.1 to 0.6 millión tons 
of dúst per megaton explosive yield are held in the stabilized clouds of land 
surface detonations. Therefore, the amount of submicron dúst particles that 
could be injected in a major nuclear war could be several tens of teragrams. If 
this dúst were spread uniformly over the Northern Hemisphere, it would cause 
a reduction of the totál solar radiation flux at the surface by more than 10%. 
Because a substantial fraction of the dúst would be in the stratosphere where 
its lifetime would be from months to years, the dúst could contribute to large- 
scale temperature reductions of a few degrees due to the increase of the plane- 
tary albedo. The climatic consequences of a nuclear war might therefore be 
detectable fór three to four years.

Finally, mention should be made of the several feedback processes that may 
prolong the linear response of climate to decreased insolation fór three to four 
years. Robock (1984) has investigated two of them: the snow/albedo feedback 
and the ice/thermal inertia feedback. He has found that the nonlinear effects of 
the snow and ice feedbacks become apparent during the second year after the 
war, as the primary forcing by smoke and dúst disappears. The additional snow 
produced due to the large previous cooling reflects more solar radiation, and 
therefore large areas of cooling more than 5 K can be found in the middle and 
high latitudes over land in the second summer after the war. Over the óceán, 
the largest cooling in the second year is at the poles in the winter. This pattern 
is caused by the enhanced amplitude of the seasonal cycle of temperature: 
cooling produces more sea ice which lowers the thermal inertia of the óceán. 
On the other hand, Vogelmann et al. (1988) argue that the smoke injected intő 
the atmosphere could fali out onto snow and ice, and would lower cryospheric 
albedos by as much as 50%. They show that dirty snow, in generál, would have 
a small temperature effect at mid- and low latitudes bút could have a large 
temperature effect at polar latitudes, particularly if the soot is able to reappear 
significantly in later summers.
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5.4 The role of clouds in the radiation balance

Clouds have two important effects on the radiation budget of a vertical column 
through the Earth-atmosphere system. First, as a result of their scattering 
properties at solar radiation wavelengths, they reflect a large amount of the 
incoming radiation back to space. On a global average, the albedo of the cloudy 
part of the Earth is about 0.5, compared to the mean albedo of the cloudless 
fraction of the Earth of about 0.14. The absorption of solar energy by liquid 
water drops and ice particles are relatively small and can often be neglected 
entirely.

Second, the presence of clouds in the atmosphere results in a change in the 
upward flux of infrared radiation. Fór these wavelengths, the situation is 
virtually the reverse: since most clouds are effectively black to the planetary 
infrared radiation and cooler than the surface, both an increase in the horizontal 
extent of the cloud coverage and an increase in the effective height of the cloud 
tops reduce the upward flux of the infrared radiation escaping from the Earth- 
atmosphere system to space. A dense low-level water cloud may absorb more 
than 90% of the infrared radiation within a depth of only 50 m. The scattering 
by drops can be large, bút is usually outweighed by absorption and can therefore 
be neglected.

Thus, there are two opposite effects on the global radiation balance from an 
increase in the amount of global cloud cover: (1) the albedo effect, i.e., an 
increase in the planetary albedo causing a decrease in available solar energy, and 
(2) the greenhouse effect, i.e., a decrease in the infrared radiative loss to space. 
The importance of understanding in what ways cloudiness eventually acts as a 
climate-controlling factor has been especially accentuated recently by concern 
over the possibility of inadvertent modifications of clouds by man’s activities.

5.4.1 The net radiative effect of clouds

In order to achieve global radiative equilibrium, the totál infrared flux Fh 
emitted to space by the Earth-atmosphere system must be equal to the solar 
energy absorbed in the system. F*. The totál infrared flux consists of the amount 
of surface radiation that escapes through the atmosphere directly to space and 
the atmospheric emission to space; the latter being the sum of the amount of 
cloud-top radiation that escapes to space plus the atmospheric emission of 
infrared radiation to space that originates in the fraction of the atmosphere lying 
above the clouds. The downward solar flux available fór the system depends 
upon the solar constant <r0 and the planetary albedo of the system ap:

^ = -(1-%), (5-1)

where
ap = ac/lc + a,(l-/ÍJ, (5.2) 
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with ac denoting the albedo of the cloudy fraction of the Earth and as the albedo 
of the clear-sky fraction of the globe as seen from space, and Ac the cloud-cover 
fraction. Now, the albedo and infrared opacity modifications, resulting from a 
change in cloud cover, produce competitive feedback mechanisms, and a con- 
venient cloud sensitivity paraméter fór determining the predominant mecha- 
nism may be defined as 

where <5 is the change in net radiation due to a change in the amount of clouds 
Ac. Fór ö < 0 the albedo modification dominates, whereas if ö = 0 the albedo and 
greenhouse effects compensate, such that there is no net cloud-amount feedback 
irrespective of any change in global cloud cover with changing global climate.

Assuming that ac and as are nőt functions of cloud amount, one can obtain

öaDS"*-* (5.4)

and therefore
dFit

<5= — , (5.5)

where Q = o0l^- The magnitude of the albedo effect depends on Q which fór 
régiónál or zonal conditions depends on latitude and time of year, and on the 
difference between the cloud albedo and the clear-sky albedo. This latter dif- 
ference is greatest over low-latitude oceanic areas, where a5 is small and smallest 
over high-latitude snow- and ice-covered regions, where a8 is large. The mag
nitude of the greenhouse effect, depends mainly on the height of the
cloud top and the tropospheric lapse rate. The greater the height of the cloud 
and the greater the lapse rate, the greater the magnitude of ^FJ^A,., other things 
being equal.

Choosing ac = 0.50, as = 0.12 and öFir/öXe = -75 Wm 2, Schneider (1972) 
gives ö= - 58 Wm'2 as the yearly-average and global-average value of the net 
flux difference, the minus sign indicating that on a global scale the albedo 
modification dominates. In other words, the effect of an increase in the global- 
average cloud-cover amount (bút nőt necessarily of an increase in the amount 
of thin cirrus clouds by themselves) is a decrease in the global average surface 
temperature, provided that all other factors remain unchanged. This result does 
nőt apply in high latitudes, especially in the winter months, bút, rather, the 
opposite effect has been computed fór polar regions.

Following the work of Schneider (1972), many other investigators have 
suggested a confusing variety of values fór dFir/dAc. The rangé of values in the 
literature, based on model calculations, is from -33 Wm 2 (Ohring and 
Adler, 1978) to -91 Wm'2 (Cess, 1976). Most of this rangé is probably 
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attributable to different assumptions on cloud-amount and cloud-height distri- 
butions, and temperature and water vapor profiles, although somé variability 
is alsó introduced as a result of different radiation codes and differences in the 
way the average value of öFiT/dAc is computed. Evén though the rangé of 
estimates of 0Fjr/0zlc is quite large, when combined with reasonable estimates 
of the value of (ac - as), they all yield negative values fór ö, except that suggested 
by Cess (1976).

With regard to the choices fór ac and as, Cess (1976) remarks that Schneider’s 
value of ac = 0.50 appears to be a bit high; moreover, as = 0.12, as employed by 
Schneider, is a surface rather than a clear-sky albedo. Cess has determined 
öFir/dAc from a regression relationship between zonal, annual averages of 
outgoing infrared radiation based on satellite observations, and zonal, annual 
averages of cloudiness and surface temperature based on conventional clima- 
tological data. Fór the Northern Hemisphere, he has obtained that öFjr/6^c = 
= -91 Wm'2. When combined with his estimate of ac = 0.44and as = 0.18, this 
value of dFir/dAc leads to + 2.6 Wm"2. Using similar analysis techniques fór 
the Southern Hemisphere, <5 = — 0.6 Wm"2 has been found. These results imply 
an almost complete cancellation of the albedo effect of clouds by their green- 
house effect, i.e., that cloud cover is nőt a significant climate feedback mecha- 
nism.

To explain why the infrared component of cloud-amount feedback. as rep- 
resented by QFJdAc, deduced from the satellite observations is so much larger 
than that obtained in model calculations, Cess and Ramanathan (1978) have 
suggested that with an increase in totál cloud amount, there is typically an 
increase in the high-cloud fraction and a decrease in the low-cloud fraction 
visible from space. Since higher clouds have a greater greenhouse effect, the 
value of öFit/dAc fór the reál atmosphere is larger than is obtained in model 
calculations, in which it is generally assumed that changes in cloud amounts of 
individual cloud layers are the same as the change in totál cloud cover. Cess and 
Ramanathan (1978) have indeed found that with an increase in totál cloud 
amount the high-cloud fraction decreases, and their results tend to confirm the 
original conclusion of Cess (1976) that

Cess and Ramanathan (1978) have alsó pointed to the desirability of arriving 
at estimates of Ö, and particularly QFJöAc, from observations. Along this line, 
Ohring and Clapp (1980) have examined the problem with the use of data on 
the components of the radiation budget at the top of the atmosphere obtained 
from the processing of 45 months of scanning radiometer measurements of the 
polar orbiting NOAA satellites. They have used a regression approach to obtain 
values of dFit/QAc and their estimates have led to the global values of 
öFir/ö/4c=-65 Wm"2 and Í--40 Wm-2. These values indicate that the 
estimated albedo effect of cloudiness is nearly twice as large as the infrared effect 
of the clouds. A similar work, carried out by Hartmann and Short (1980), 
using daily observations of albedo and outgoing terrestrial radiation derived 
from NOAA scanning radiometer measurements has confirmed this conclusion.
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The results obtained from this method suggest that globally the effect on the 
radiation balance of the high albedo of clouds is two or more times greater than 
the effect of cloudiness in reducing the long-wave radiation loss to space, so that 
an increase in the fractional area of the current distribution of cloud would tend 
to cool the Earth. They found very large geographical variations in the radiative 
effects of clouds related to circulation features.

5.4.2 Climatic impacts of anthropogenically altered cloud characteristics

In the previous section we have discussed the two opposing effects of cloud 
amount. However, there are additional effects of anthropogenic origin as well, 
which modify cloud optical thickness, and hence planetary albedo, at solar 
wavelengths, and these have no compensatory effect at longer wavelengths, 
since to a good approximation clouds are effectively black there. The SMIC 
report (1971) pointed to the possibility that pollution increases the concentra- 
tion of cloud droplets, via increased nucleus concentration, an effect which, of 
itself, would lead to optically denser and hence more reflective, brighter clouds. 
At the same time, a different and opposite effect of the aerosol was alsó 
adverted, namely that clouds might become darker (“dirty clouds” with lower 
albedo would form) with increasing emissions of dark (i.e. carbon) particles. 
The relatíve magnitude of these opposing influences on cloud albedo was later 
thoroughly discussed by Twomey (1974, 1977a,b) and Twomey et al. (1984).

The liquid water content q in clouds and the cloud-column liquid water 

content odz (h being the geometric thickness of the cloud) are determined by 

thermodynamic and large-scale environmental factors, whereas the droplet 
concentration N in clouds is determined primarily by the aerosol particles (see 
Chapter 3). Thus, the atmospheric motion pattern decides where clouds will 
develop, how thick they will be and what their water content will be, bút it is 
primarily the aerosol that decides how many droplets there will be within a unit 
volume. Fór arbitrary drop-size distribution dA(r)/dr one cannot relate the 
cloud optical thickness r to g and N in any simple way, although it is clear that 
any change in f [dA(r)/dr]dr will altér r even if q is held constant. Neverthe- 
less, by assuming narrow size distribution and an extinction efficiency of the 
cloud which differs only little fr.om the asymptotic value 2 at visible wavelengths, 
Twomey (1977a) could show that

tachNll3Q. (5-6)

This relationship has the consequence that an increase in the cloud nucleus 
concentration produces an increase in optical thickness.

As is discussed in Appendix III, only a few paraineters are needed to give the 
reflectance and absorptance of an attenuating layer quite precisely. These 
parameters are the optical thickness r, the single-scattering albedo a> and the
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Fig. 5.18
The dependence of cloud albedo on scaled optical thickness t’ (after Twomey, 1977a). 
(Reprinted by permission from the author. Copyright by Elsevier Science Publishers)

asymmetry factor g. In clouds and fogs (in which the absorption of solar energy 
is relatively small), the “scaled optical thickness” r’ = (1 ~g)z is a better mea- 
sure of the scattering power of a thick layer than r (Twomey, 1977a). Fór 
optically thick clouds, one can therefore consider reflectance Re (and other 
optical properties) of the layer to be functions of t’ and cu only. Fór fixed to. 
Re increases monotonically with r’, bút the rate of increase decreases monoton
ically with increase in r’; fór fixed r\ Re evidently decreases with decrease in 
a> (i.e., with increasing absorption).

In Fig. 5.18 the dependence of cloud albedo has been plotted against the 
scaled optical thickness r’; this figure can be applied quite accurately to any 
cloud layer, provided it is optically thick. Figure 5.18 was converted to cloud 
geometric thickness to obtain Fig. 5.19. The central curve in this figure applies 
to a cloud with volume-mean radius of the cloud drops r = 8 pm, g = 0.858, 
p = 0.3 g ni-3, N= 140 cm“3; these values represent a typical maróimé cloud 
situation. The extinction coefficient of such a cloud would be 0.00078 cm-1, so 
a 1 km geometric path in the cloud corresponds to an optical path of 78.

Since a higher drop concentration leads to a larger optical thickness, an 
increase in N (while holding £ constant) is equivalent to a displacement of the 
central curve to the left, while a reduction in N is accounted fór by a displace
ment to the right. Figure 5.19 shows the effect of an eightfold increase in N and 
a reduction in N to one-eighth of the value applying to the central (N= 140) 
curve. The effect of changes of this order are seen to be appreciable. Fór h x 0.1 
km (a thin cloud layer), the albedo is increased from 0.25 to 0.43 fór an eightfold 
increase in drop concentration; fór a cloud layer which is I km deep, the albedo 
is increased from 0.82 to 0.90.

Now, observations have clearly confirmed that increased pollution leads to 
increasing atmospheric concentration of cloud-nucleating particles (see Subsec-
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The data of Fig. 5.18 converted to geometric thickness of cloud. The Central solid curve relates to 
fairly clean maritime conditions in which the cloud nucleus concentration and ensuing cloud drop 
concentration are 140 cm-3. The effect of an eightfold increase in the concentration is the 
curve to the left, while the curve to the right applies to case of a concentration of one-eight of 
the first value. (After Twomey, 1977a). (Reprinted by permission front the author. Copyright by 

Elsevier Science Publishers)

tion 3.3.4); the nuclei which influence droplet number are predominantly sulfate 
particles even in oceanic regions (see Section 3.4). Consequently, addition of 
man-made cloud nuclei can lead to an increase in the solar radiation reflected 
by clouds. On the other hand, recent observations have verified the earlier 
expectation that pollution increases the number of dark light-absorbing parti
cles in the atmosphere, i.e. anthropogenic aerosol particles imbedded in cloud 
droplets may tend to lower the reflectance of clouds. Based upon his considera- 
tions, Twomey (1977a) reached the conclusion, later confirmed by more accu- 
rate calculations of Grassl (1982), that the optical thickness effect—brightening 
of clouds with increasing drop concentrations—must be more influential fór 
optically thin clouds, whereas optically thick clouds, which are already very 
bright, are more susceptible to increased absorption, while insensitive to optical 
thickness. In other words, an increase in global pollution could, at the same 
time, make thin clouds brighter and thick clouds darker, the crossover in 
behavior occurring at a cloud thickness which depends on the ratio of absorp
tion to the cube root of the drop concentration. The sign of the net global effect, 
warming or cooling, therefore involves both the distribution of the cloud 
thickness and the relatíve magnitude of the rate of increase of cloud-nucleating 
particles vis~á~vis particulate absorption.

By introducing the distribution of cloud optical thickness intő the discussion 
of the problem and using experimental data írom concurrent measurements of 
particulate short-wave absorption and nucleus concentration, Twomey et al. 
(1984) concluded that the brightening effect is the predominant one fór global 
climate mainly because of the prevalence of quite thin clouds in the atmosphere.
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Their results suggest that an increase of about 0.1 in planetary albedo could 
attend an increase from present-day global pollution levels to the levels now 
existing in the more polluted Continental regions.

Using Twomey’s (1977b) calculations of cloud reflectance as a function of 
cloud condensation nuclei concentration, Charlock and Sellers (1980a) have 
examined the effect of varying low-cloud reflectivity on the surface temperature 
of a one-dimensional radiative-convective climate model. They have concluded 
that changes in aerosol concentrations can be a significant mechanism fór 
climate change: a doubling of cloud condensation nuclei concentration would, 
by their calculation, increase global low-level cloud albedo by about 0.045 and 
reduce surface temperature by 0.9 K. In their work, however, they have ne- 
glected the opposing influence of radiation absorption dúc? to aerosols (Kel
logg, 1981).

In contrast with the former work, Ackerman and Baker (1977) have con
sidered only the direct short-wave radiative effects of unactivated aerosol parti
cles in and below stratus clouds. They found that the effect of adding absorbing 
aerosol particles intő clouds can be the increase of the system albedo fór thin 
clouds as a result of increased backscatter by the particles, or the decrease of 
the albedo at larger optical thicknesses where absorption becomes important. 
Fór a given surface albedo, non-absorbing unactivated particles increase the 
system albedo at all thicknesses. According to their calculations, the effect of 
surface albedo on energy absorbed by particles within the cloud is slight. About 
5 to 10% of the incident solar energy at 2 = 0.5 pm is absorbed by unactivated 
particles in thick clouds. This corresponds to an average heating rate of about 
0.2 to 0.5 K per hour, i.e. this excess heating is comparable to the latent heat 
released during the formation of clouds, and thus absorbing particles may have 
a significant effect on the energetics of stratus clouds.

Newiger and Báhnke (1981) have alsó found that aerosol particles are the 
main absorbers of solar radiation in clouds in the visible spectrum. The possible 
contribution of rain drops to cloud absorption is, under favorable conditions, 
equivalent to a weakly absorbing aerosol.

5.4.3 Climatic impacts of biologically altered cloud characteristics

In Subsection 5.2.2 we have already mentioned the possibility that the climate 
system is biologically regulated by sulfur-containing aerosol particles. This 
problem is strongly related to the nowadays very popular and attractive hypo- 
thesis that the Earth is a single huge organism which intentionally creates an 
optimum environment fór itself. The idea stems from a geological evidence 
which is nőt obvious at all: during the time. 3.2x 109 years, that life has been 
present on Earth, the physical and Chemical conditions of most of the planetary 
surface have never varied from those most favorable fór life. “Fór this to have 
happened by chance is as unlikely as to survive unscathed a drive blindfold 
through rush-hour traffic”. Lovelock (1979) claimed He offered an allernative 
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explanation that, early after life began it acquired control of the planetary 
environment and that this homeostasis by and fór the biosphere has persisted 
ever since. Historic and contemporary evidence and arguments fór this explana
tion led him and Margulis to introduce the Gaia hypothesis in the early 19-70’s 
(Lovelock and Margulis, 1974). It postulated the Earth to be a self-regulating 
system comprising the biota and their environment, with the capacity to main- 
tain the climate and the Chemical composition at a steady State optimál fór life.

Since that time, the debate on the Gaia hypothesis has never ceased. To somé 
the idea of planetary-scale homeostasis is more like religion than Science. Others 
acknowledge its depth and beauty bút, as a Science, they find the hypothesis in 
need of more explicit formuládon, so that empirical testing can be designed 
(Schneider, 1986). Today, nobody denies that life may control climate, fór 
example, intentionally or by chance; e.g., as suggested by Shaw (1987), it surely 
participates in the regulation of the climate system.

On the basis of our present knowledge, however, it is very probable that the 
role of biospheric aerosol particles in the atmosphere is even more important 
than Shaw postulated. There is a considerable body of evidence suggesting that 
sulfate particles, constituting the essential part of íme aerosols under remote and 
unpolluted maríné tropospheric conditions, give the majority of cloud con- 
densation nuclei (see Chapter 3). Consequently, biogenic sulfate particles nőt 
only themselves opalize the atmosphere, bút they have an important indirect 
effect on climate since cloud elements, which would have nőt formed without 
the presence of these particles, influence the transfer of solar radiation in a 
significant way. Mészáros (1988) who emphasized this additional role of sulfate 
aerosol, went further by noting that the biosphere might regulate the global 
water cycle, because the condition fór the formation of precipitation would be 
certainly very different from the present one if there were no biogenic sulfate 
particles in the air.

The major source of sulfate aerosol in the maríné atmosphere appears to be 
dimethylsulfide (DMS; see Chapter 2) which is produced by planktonic algae 
in sea water, and oxidizes in the air to form these particles. Charlson et al. 
(1987) proposed that the rate of DMS emission from the oceans is determined 
by the climatic conditions which have a regulating effect on phytoplankton 
population. In this case, a Gaia-like feedback loop can be assumed between 
plánt and climate. During a glacial period, the areas covered by ice on the 
continents and oceans increase, and there is somé exposure of Continental shelf 
now under water. The decrease in óceán area during a cold spell could therefore 
lead to a drop in the global flux of DMS to the atmosphere. The largest flux 
of DMS comes from the tropical and equatorial oceans. This suggests that the 
most important climatic role of DMS is to modify the amount of cloudiness and 
reflected solar energy back to space over the warmest óceán regions. A cooling 
of the climate and a reduction in area of the tropical seas could thus lead to a 
smaller DMS flux, and a decrease of cloud cover and planetary albedo, provid- 
ing a stabilizing negative feedback.

It is well known that the predominant effect of future humán aclivities on 
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global climate is likely to be one of warming, mainly due to the increasing 
concentrations of greenhouse gases. According to the calculations of Charlson 
et al. (1987), an approximate doubling of the number concentration of cloud 
condensation nuclei would be needed to counteract the warming caused by a 
doubling of atmospheric carbon dioxide. Would Gaia really help us to avoid 
an unintended global warming through more aerosol production? The most 
uncertain link in the feedback loop is the effect of cloud albedo on DMS 
emission: its sign would have to be positive (i.e. DMS-producing planktonic 
algae should flourish when the temperature is higher) in order to regulate the 
climate. A most recent analysis ot Vostok (Antarctica) ice-core sulfate data by 
Legrand et al. (1988) failed to prove this assumption. They deduced a 20 to 
45% increase in non-seasalt sulfate content in the Antarctic atmosphere during 
full glacial (compared with interglacial) conditions, which opposes the idea of 
a Gaia-like feedback. ...

The climatic impact of biologically altered cloud charactenstics is no more 
than one aspect of the whole Gaia story. The questions whether Gaia exists or 
nőt, or whether she is purposeful or just powerful are connected with problems 
including the issue of a better understanding of the global influence of life on 
its environment.
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Appendix I

Basic concepts of nucleation 

(Thermodynamic/kinetic approach1 ’2)

Phase changes are accompanied by changes in the internál energy of the sub- 
stance. This can be readily appreciated from the fact that phase changes are 
associated with the release, or uptake, of heat the latent heats ot phase 
changes. When two phases are in equilibrium, which is only possible at the 
melting sublimation and vaporization points along the lines of the phase 
diagram addition or removal of latent heat shifts the balance between the 
relatíve amounts of the two phases: more solid melts and becomes hquid, etc 
Eouilibrium between any two phases is expressed by equahty of the Chemical 
potentials of the two phases. Removal or addition of latent heat constitutes an 
energy exchange with the environment (nonclosed system).

A conditions away from equilibrium (supercooling, superheating, super- 
saturation etc.) the Chemical potentials of the two phases are no longer equal. 
The stable phase is that which has the lower internál energy-the more ordered 
nhase from the point of view of statistical thermodynamics. The metastable 
phase has a higher internál energy and it is the difference between the energies 
of the stable and metastable phases which provides the dnving energy fór the 
nhase change However, the formation of a small volume of the new phase 
within the old one involves the formation of an interphase surface (or mterface). 
The creation of that surface involves an investment of energy which thus 
opposes the driving energy. Nucleation is the phenomenon of imtiation of the 
new stable phase within the metastable phase.

Fn terms of Chemical potentials per molecule, and fór the metastable and 
stable nhases resnectively, and with subscripts i and j standing fór labels s, 1 and 
v of he solid liquid and vapor phases, the free energy difference fór n molecules

is just (1.1)AFa = «(^j-Ai)

which will be a negative quantity fór cases of interest here. The quantities in (1.1) 

ív i । nmnnti of the theory wcrc provided by J. W. Gibbs, M. Volmer, R. Becker and Kcy zSwich, and L. Farkas over the first third of this century.
W'.''he reeu!,. qwod here, .he re*. I. refe™. to .he

. . of basic and advanced topics in nucleation theory. Somé examples are:
SSoySíK (1974), Kkastanov and Miloshev (1980), Mutaftschiev (1982). 
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are, of course, functions of temperature or saturation ratio, so that AFn increases 
fór conditions further and further removed from equilibrium.

Fór a cluster of n molecules of the new phase (the embryo), the surface energy 
of the interface can be expressed as

AF^pn21^ (1.2)

where is a constant whose value depends on the shape and density of the 
cluster, o-jj is the interfacial energy per unit surface area, and n213 is proportional 
to the surface area of the interface.

The net free energy change associated with the formation of the embryo is 
AF = JFs + JFn. This sum of the two terms is illustrated, fór a given condition 
(fixed temperature, etc.), in Fig. 1.1 as a function of cluster size. It is evident from 
the figure, and from the fact that one of the terms varies with n to the % power 
while the other term of opposite sign varies linearly with n, that AF has a 
maximum, AF*, at somé cluster size n*, called the critical embryo size. This 
maximum, or critical point, separates the region of small clusters, where growth

Fig. Ll
I he free energy of formation of clusters of the condenscd phase, as a function of cluster size 
(heavy hne), and the surface and volume components of the totál change. The brokcn line 

indicates the free energy change of clusters when the less-ordered phase is the 
thermodynamically stable one (subsaturation fór vapor, or abovc the melting 

temperature of a solid)
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of the cluster involves a net increase in free energy, from the region where 
growth involves a decrease in energy. Growth at sizes exceeding n can proceed 
spontaneously, while at smaller sizes it cannot. Nucleation is the formation of 
an embryo of critical size n*.

The equations given above can be readily solved fór AF* and n*. From an 
examination of Fig. 1.1 it can be seen that if AFn increases in magnitude fór given 
n, i.e. the State of the system is moved further from equilibrium (greater super- 
cooling, fór example), the critical free energy decreases, and the critical point 
is reached with smaller and smaller embryos. This point is further illustrated by 
the family of curves shown in Fig. 1.2: dFis plotted as a function of n (just as 
in Fig. 1.1) fór a set of different conditions, such as increasing supercooling, or 
increasing supersaturation.

The free encrev of cluster formation fór different conditions. At phase equilibrium. the free 
enerev increases monotonically with increasing cluster size. In mctastable conditions 

(supersaturation or supercooling). the free energy change is a maximum at somé critical cluster 
(embrvo) size n* The scquence of curves 1 to 4 correspond to increasing supersaturations or 
' * increasing supercoolings

Without supersaturation, or supercooling, both the volume and surface terms 
(given by equations 1.1 and 1.2, respectively) would be positive, so that the totál 
free energy change would increase monotonically and rapidly with size, without 
a maximum as indicated in Fig. 1.1 by the curve labeled (J/=W Hence, there 
is no possibility fór nucleation in a thermodynamically stable system, only in 
a metastable one.
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The question remains: how can clusters grow to the critical size? To answer 
that question, it is necessary to look at the molecular State of a generally 
disordered phase, vapor or liquid. While most of the molecules are independent, 
and move about as such, clusters of molecules are alsó always present: dimers, 
trimers, and so on. These clusters are bonded in a way that is close to the 
bonding of the molecules in the more ordered phase. In fact, clusters form even 
in normally stable phases—few molecules of a liquid-like cluster within the 
vapor, or solid-like clusters of a few molecules within liquid. Such clusters have 
very short lifetimes, and have a greater probability of breaking apart than of 
growing, in accordance with the monotonic increase of AF with cluster size. 
However, in the metastable State the clusters have a finite chance of reaching 
the critical size corresponding to AF*, as will be shown below. Appropriately, 
clusters of the more ordered phase within the metastable parent phase are called 
embryos.

The size distribution of embryos is a negative exponential function:

-AF
N(n) = No exp —— (I. 3)

K z

with N(n) denoting the number of embryos consisting of n molecules per unit 
volume, No the number of single molecules per unit volume and Tis the absolute 
temperature. This function shows that at given conditions the number of 
embryos decreases rapidly with increasing size, nőt just because of the negative 
exponential, bút because of the increase of JFwith increasing n (fór subcritical 
embryos). Such a distribution can only be maintained if the chance of a decrease 
in size exceeds the chance of an increase in size, fór all n. The changes in sizes 
are brought on by the addition of molecules to a cluster, and by the removal 
of molecules from the cluster, all as a result of normál thermal motions within 
the metastable phase. The flux of molecules, in and out, is continuous and rapid, 
so that any given embryo grows and diminishes in size in an irregular and 
“noisy” fashion.

Recalling now from Fig. 1.2 that the rate of increase of dFwith n decreases 
fór conditions further away from equilibrium of the phases, Eq. (1.3) indicates 
that the distribution becomes broader, i.e. the average size increases. Hence, 
with increasing supercooling, or increasing supersaturation, the critical embryo 
size becomes smaller, while the average embryo size increases. It is easy to see, 
that this leads to an increased probability of nucleation. The simple definition 
given above was that the formation of an embryo of critical size constituted 
nucleation of the stable phase; a more precise view is that even embryos of 
critical size, or larger, have a finite probability of decaying back to subcritical 
size, and that probability is lower than the probability of growth. Conversely, 
fór a subcritical embryo the probability of decay exceeds the probability of 
growth.

Analytically, the probability of nucleation is usually expressed as the nuclea
tion rate, J, or the number of critical embryos forming per unit time and per 
unit volume. A nucleation event is then defined as JFt — 1 with V as the volume

246



of the sample, and t as time. Among a large number N of identical volumes V, 
one can alsó define the probability of nucleation over time öt as

ÖN
Tv JVÖt (1-4)

The right-hand size stands fór the fraction of the sample in which nucleation 
can be expected over the interval öt. The value of J can be calculated from the 
number of critical size embryos N(n*) and the rate at which those embryos are 
expected to grow by the addition of yet another molecule to the embryo. A 
somewhat simplified form of the expression fór J is

-AF*
(1.5)

with A a near-constant factor. In examining this expression, one has to remem- 
ber that AF* is a function of the condition (temperature, etc.) being considered.

The foregoing discussion treated only the case where the embryo is surround- 
ed entirely by the less ordered phase, i.e. homogeneous nucleation. However, 
the same concepts can alsó be applied, with somé modifications, to heteroge- 
neous nucleation. The modifications have to account fór the influence of the 
substrate—the foreign catalyst on which the embryo develops. The substrate is 
considered a solid surface; the case of soluble nuclei is dealt with differently (cf. 
Chapter 3) In terms of the formuládon used here, formation of an embryo on 
top of a foreign surface, rather than in isolation, has two effects: altering the 
shape of the embryo, and introducing another interfacial energy term.

The simplest assumption fór the shape of an embryo growing on a substrate 
is that of a spherical cap, like a droplet sitting on surface. That shape is defined 
hv the contact angle, the cosine of which is related to the interfacial energies of 
the three types of contacts between substances:

cos 0 = m = —-----— (1.6)

where the indices 1, 2 and 3 refer to the parent phase (vapor or liquid), the 
embryo (liquid or solid) and the substrate, respectively. Using this model, and 
assuming a pláne substrate surface, the free energy change associated with the 
formation of the embryo is

AFh = dXn + AF\ + AFC (1.7)
where the first two terms are similar to those given by'Eqs (1.1) and (1.2), with 
appropriate allowance fór the shape change, and AFC is the interfacial energy 
between the embryo and the substrate. The subscript h is introduced to refer 
to heterogeneous nucleation. It can be shown that the critical free energy 
change 1F * differs only in a factor,/(m) from that obtained fór the homoge
neous case, that is always less than unity, and its value is smaller, the 
smaller the contact angle is. The reduced free energy change is what allows 
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heterogeneous nucleation to proceed at smaller supercoolings, or supersatura- 
tions, than are required fór homogeneous nucleation.

The rate of nucleation is still obtained by an equation of the form (1.5), with 
a different value fór the constant A, and with AFh* substituted instead of AF*.

The foregoing picture can be further elaborated by taking intő account the 
curvature of the substrate surface, to make it applicable to nucleation on aerosol 
particles which are comparable in size to the critical embryo size. Instead of the 
factor/(m) one then obtains a factor/(m,^) where R is the radius of the partidé. 
Yet other elaborations of the theory account fór different embryo shapes— 
prisms, cyliners, and so on. Such treatments can be readily formulated within 
the generál framework of the theory outlined above.

The approach here presented, and its extensions, have a number of funda- 
mental limitations, so the value of refined details is often questionable. Perhaps 
the most important limitation arises from the impossibility to determine inter- 
facial energies on the scale of the embryos, and there are good reasons to 
question the applicability of macroscopic determinations to the scale of few 
molecules. Allowing the interfacial energies to be adjustable parameters, and 
attempting to match somé predictions to observations, often leaves the theory 
with so many degrees of freedom that no useful results are obtained at all in 
the end. The problem seems especially severe fór heterogeneous ice nucleation 
and fór condensation on insoluble surfaces; fór these processes the experimental 
difficulties are alsó formidable, so that the true qualities of the nucleating 
surface are nőt readily defined. Fór homogeneous condensation and homoge
neous freezing, the approximations appear to be less debilitating, as reasonable 
agreement with observations can be achieved. Heterogeneous condensation on 
soluble nuclei is actually best described by the Köhler theory of vapor pressure 
change with solute concentration and curvature. That formulation predicts only 
the activity, bút nőt the rate, of condensation nucleation; the rate is controlled 
in practice by the rate of change of supersaturation.

Another major difficulty facing theoretical descriptions of nucleation lies in 
the formation of embryos at preferential sites on the substrate surface. Again, 
this problem is most severe fór ice nucleation, bút is likely to be alsó a factor 
in condensation on mixed and non-uniform particles. How to characterize such 
surface sites? In a way, this is an even more severe manifestation of the problem 
of proper description of the interface between embryo and substrate. So far, 
there are nőt many lines along which the problem can be approached; somé are 
discussed in the main body of this volume.

In summary, the simple theory here presented, and more detailed versions of 
it, can provide important guidance to concepts of nucleation, and can be used 
to make somé testable qualitative predictions. Strict quantitative agreement 
with observations can hardly be expected because of limitations built intő the 
theory with its basic assumptions. And, of course, the observations have their 
own limitations. The observational problems of characterizing surfaces on the 
scale ol tew atoms, plus the rapidly expanding complexities which theories face 
when attempting to treat molecule-to-molecule and molecule-to-substrate in- 

248



teractions on more rigorous bases, indicate that the simple thermodynamic/ 
kinetic theory will nőt be readily replaced. It may be anticipated that effbrts will 
continué toward improvements of the thermodynamic/kinetic theory, in spite of 
its insurmountable limitations, in parallel with developments of more advanced 
treatments.
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Appendix II

Growth of cloud droplets

Part A: Droplet growth by condensation

Let us consider a solution droplet whose vapor pressure q, is lower than that 
of its surroundings and which consequently grows by vapor diffusion. The 
volume of the vapor phase is very large relatíve to that of the droplet. If the 
temperature (T) and vapor density (g) far from the droplet are constant, a steady 
State diffusion field is built up. The flux of vapor molecules Crossing any 
spherical surface with a radius R (the droplet is m the center of the sphere) will 
be constant and independent of time. The constant vapor flux Controls the 
growth of the droplet since vapor molecules diffusing in the direction of the 
droplet condense on the droplet surface1. In this way the droplet growth is given 
by

1 This in nőt always the case (e.g. Sedünov, 1972). The condensation coefficient defined as the 
ratio of condensing and colliding molecules can be lower than 1.

— = (II. 1)
dí d/?

where m is the mass of the droplet with radius r, D is the diffusion coefficient 
of water vapor (see Table 11.1) and í is the time.

The integration of Eq. (ILI) from Qr (the vapor density at the droplet surface) 
to öt at infinite distance from the droplet yields

Űr
4nD J d^ = 

e>

'dm dR 
át

which can be written in the form ol

= 4nrD(Qx - gr) 
dí

By noting that 
3m = - nr^
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the growth equation will be

dr n0i_err — = D-------
dí q2 (II.2)

where o2 is the density of the droplet.
In addition to vapor diffusion the heat conduction must alsó be calculated 

since during condensation latent heat is released. Considering that the direction 
of heat conduction is opposite to the direction of vapor diffusion we can write 
that

dm áT
L— = ~^R2K-— 

dí dR (II.3)

where L is the latent heat of condensation, while K is the thermal conductivity 
of air (their numerical values are given in Table ILI).

Taking intő account the equation of ideál gases and the Clausius-Clapeyron 
equation1, after somé algebraié calculation (see Fletcher, 1962; Mason, 1971) 
the rate of increase of the droplet mass will be

r-=G(S~S') (II.4)

where S and 5” are the supersaturation in the environment and the equilibrium 
supersaturation fór the droplet, respectively. The coefficient G in this equation

Table II. 1
Diffusion coefficient and coefficient of thermal conductivity of water vapor as well as the latent heat 

of condensation as a function of temperature (Mason, 1971)

40 °C 20 °C 10 °C 0’C -10’C -20°C -40’C

Diffusion coefficient 
[m2s-1]- 10’ 2.84 2.53 2.39 2.25 2.11 1.98 1.72

Coefficient of thermal 
conductivity 
[J m-'s-’K-’)-102 2.71 2.55 2.48 2.40 2.32 2.23 2.07

Latent heat (conden
sation)
[J kg-1] ■ 10-6 2.406 2.454 2.477 2.500 2.525 2.549 2.603

1 As it is known this equation givcs the saturation vapor pressure (p2m) as a function of the 
temperature

dp2oo _ L dT

Pl* R* T
where R„ is the gas constant referring to 1 g of water.
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is given by
£gi A + DL2QiMv\ 
Q2 V RT2K /

where R is the gas constant ( — 8.314 J mól 1 K '), and Mw the molecular 
weight of water (18.016). . .

1 The falling speed can be calculated by Eq. (2.1).

Considering now a parcel of air which is undergoing adiabatic lifting, the 
supersaturation in the cooling air varies as

dS _ dw
— = CM-*2 2 T“ dí dí

(II.5)

where v is the updraft speed, w is the liquid water content, while Q, and Q2 are 
physical parameters which can be calculated by using the relationships:

LM^g _ 
01 = RT

and
, RT 

Q1 TPM^ p2xMv

In these formuláé g is the gravitation constant (9.80665 m s’2), Cp is the specific 
heat of the air at constant pressure (1.005 J kg'1 P is the atmospheric 
pressure, while Ma is molecular weight of dry air (28^964). Fmally, we note that 
formula (II.4) is strictly valid only fór droplets which do nőt move. Fór moving 
droplets a so-called ventilation factor must be apphed. However in the size 
rangé of cloud droplets (r<30 pm) this effect can practically be neglected 
(Fletcher, 1962).

Part B: Drop growth by coalescence

Let us consider a cloud consisting of small drops with radius r. In he cloud one 
large drop falls The radius of the large drop is R, while its falling speed is 
denoted by V During unit time the large drop sweeps through a volume of 
r^V-v), where v is the falling speed of smaller drops1. Thus, the mass 
increase of the large drop during unit time will be

- = r^(V-v)wE (II.6)
dí

where M is the mass of the drop with radius R, w is the liquid water content, 
and E is the so-called collection efficiency.

Taking intő account that
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4 , 
M = - Á37Cg2

the rate of increase of the radius of large drop will be

dÁ E(V—v)— = —----W
dí 402 (n.7)

which is equivalent to Eq. (3.11).
The collection efficiency is defined as follows (Langmuir, 1948). During its 

fali in the cloud, the large drop does nőt capture all the small drops in the 
volume of R2n(y— v). It collects droplets which are apparently in a smaller 
volume: x2n(K- p) where x< R is a hypothetical radius. This is due to the fact 
that only those small drops are collected, the inertia of which is higher than a 
certain critical value (inertial deposition, see Subsection 2.1.2). Accordingly, the 
collection efficiency is defined by

£=4
R2 (IL8)

Results of experimental works and numerical calculations show that in the 
size rangé of cloud drops (R< 100 pm) the collection efficiency increases with 
increasing R. This involves that if large cloud drops form by condensation, the 
initiation of the coalescence is more probable.

It should be mentioned that this discussion is valid only if each collision is 
accompanied by the coalescence of the two colliding drops. Thus, the collection 
efficiency defined above is more correctly termed as collision efficiency. How- 
ever, as a first approximation we can assume that the collection efficiency is 
equal to the collision efficiency.

Further, it should alsó be noted that the above concept is a continuous model 
fór collection growth. This means that all large drops of the same radius collect 
smaller drops at an equal rate. However, in the reality collection is nőt con
tinuous as first proposed by Telford (1955). By chance a small fraction of large 
drops collect droplets at a higher rate than average collection efficiencies in- 
dicate. This process can be simulated by the so-called stochastic growth models. 
The readers interested in such kind of models are referred to the book of 
Pruppacher and Klett (1980).
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Appendix III

Radiative transfer calculations

Aerosol particles are radiatively active components of the atmosphere. Ihey 
affect the energy balance of the Earth-atmosphere system in a direct way by 
absorbing and scattering the incident radiation and an indirect way as con- 
densation nuclei, which increase the cloud partidé concentration and thus the 
optical thickness of clouds.

Absorption is the process whereby somé or all of the radiant energy is 
transferred to the substance or médium on which it is incident or through which 
it traverses, and is associated with the resultant change in internál energy (or 
temperature) of the médium. Scattering, on the other hand, is a process by which 
a partiele continuously abstracts energy from the incident radiation, without 
any change in the physical State of the partidé. Since at present there is no simple 
procedure fór computing the scattering of radiation by a collection of particles 
of irregular shape, the Mié theory fór the scattering by sphencal particles is used 
to approximate the actual interaction between aerosol particles and radiation 
fieldCThe optical properties of any aerosol depend on the index of refraction n of 
the matéria! composing the partidé. Physically the index of refraction is the 
ratio of the velocity of light in vacuum and the velocity of light in the médium 
Normally n is a function of the radiation wavelength, and it consists of a reál 
part n, and an imaginary part nx\ i.e. it can be expressed as

n = nT-in,. (HL1)

In generál the reflection and refraction processes (including scattering) are due 
to n whil’e n determines the effectiveness of absorption fór a given matenal.

The angular ind spatial redistribution of the incident radiation by scattering 
and reflection depends strongly on the ratio of partiele size to wavelength of the 
radiation This ratio is the so-called size paraméter of a sphencal partidé 

where r is the radius of the partiele and A the wavelength of the incident 
radiation When particles are much smaller than the incident wavdength (x£ 1), 
the scattering is called Rayleigh scattering. In this case, particles tend to scatter 
light equally intő the forward and rear directions. Fór particles whose sízes are
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Fig. III.l
Demonstratíve angular pattems of the scattered intensity from particles of three sizes: (a) small 

particles, (b) large particles, and (c) larger particles (after Liou, 1980). (Reprinted by 
permission from the author. Copyright by Academic Press, New York)

comparable to or larger than the wavelength (x^ 1), the scattering is referred 
to as Mié scattering, and the scattered energy is increasingly concentrated in the 
forward directions with greater complexities as shown in Fig, III.l.

Extinction is the attenuation (“damping”) of the radiant flux owing to ab- 
sorption and scattering. The extinction efficiency Qe of a single partiele is 
defined as the extinction cross section ae over the cross-sectional area of the 
partiele:

= (m.3)
7tr

The extinction cross section (or optically effective cross section fór extinction) 
of a single partiele is given by

fi,
= (IH.4)

with N as the totál number of particles per unit volume and defined as
„ 1 dL

<I1I»

In (III.5), L is the radiance (W m 2sr“‘) and ds an element of distance along 
the path of radiation. Therefore, Pe deseribes the fractional change of radiance 
after penetrating unit depth of the attenuating médium, and is called the volume 
extinction coefTicient of the médium. Consequently, the extinction efficiency Qc 
is a function of both the refractive index n and the size paraméter x of the 
partidé. Its values fór typical smoke and dúst aerosols at wavelengths 0.5 and 
11 pm are shown in Fig. III.2 as a function of the radius of single spherical 
particles.

With Eqs (III.3) and (III.4), the volume extinction coefTicient /?e(rlt r2) attri- 
butable to particles with radii between rt (smallest particles) and r2 (largest
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Fig. III.2
Extinction efllciency of (a) smoke and (b) dúst aerosol particles at wavelengths of 0.5 and 

11 pm, as a function of partiele radius r (after Ramaswamy and Kiehl, 1985). (Copyright by the 
American Geophysical Union)

particles in a volume element) is

f d#(r)
r2) = * | Öe(«> “dr” dr’ (III.6)

n
where dN(r)/dr specifies the size distribution of the particles relevant to the 
volume element. Similar definitions can be written fór scattermg and absorption 
with subseripts s and a, respectively. These quantities are related by

0, = £ + (HI.7)
The integration of (III.6) between the points íí and s2 along the path of 

radiation leads to the extinction optical thickness

t. = f A*. (III.8)
Sl

With Eqs (III.8) and (III.5), the incident radiance UsJ and the transmitted 
radiance L(j2) are related by

Us2) = Us^’. (III.9)

Therefore. the significance of optical thickness is that when re= 1, the radiance 
of the direct (unalfected) beam has been reduced by the factor \/e.
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In radiative transfer calculations it is sometimes more convenient to use the 
vertical distance z (counted positive in the downward direction) instead of 
distance s along the path of the solar beam through a volume element. The 
actual distance traversed by the radiation through a thin atmospheric layer can 
be expressed by ds = máz, where m = sec 6 (& being the zenith angle of the Sun 
measured from the vertical). In this case

Te=f£dz (III. 10)
Z|

is the normál (or vertical) extinction optical depth measured in the atmosphere 
downward.

According to (III.9) it follows that as it passes through an aerosol layer, a 
fraction e'1’ of the normally incident (m = 1) radiant flux F(z) (watt) emerges 
unaffected, while the remaining fraction (1 -c“r’) is scattered or absorbed. The 
absorption to scatter ratio can be specified by the single-scattering albedo co of 
the aerosol particles, which is given by

" = F=1“F (III.ll)
Pe Pe

and represents that fraction of the totál extinction of the radiant flux which 
reappears as scattered radiation due to a single-scattering event within a volume 
element: if co= 1, there is no absorption; if w = 0, only absorption occurs. Thus, 
(1 -co) is the fraction of radiant flux which is absorbed by the aerosol.

In the context of radiative flux arguments, forward scattering only redistri- 
butes intensities, bút backward scattering is equivalent to reflection. The frac
tion g of the incident radiation scattered forward in a volume element is called 
the asymmetry factor of the scattering diagram schematically illustrated in Fig. 
III. 1. Fór 100% forward scattering, g = 1; and fór symmetric (isotropic) scatter
ing (50% backscatter), g = 0. Therefore, (1-#) represents the backscattering 
factor of the aerosol partidé.

With the radiative characteristics defined above, the various properties of an 
aerosol layer can be described in the following way. The absorptance A of the 
médium, defined as the ratio of the absorbed radiant flux to the incident radiant 
flux is given by

A = (1-m) (1 —e"”)- (III. 12)

The reflectance Re of the médium, i.e. the ratio of the reflected radiant flux to 
the incident flux is

Re = tu(l-g) (1 -<’-'•)• (III.13)
Finally, the transmittance Tr of the médium, defined as the ratio of the radiant 
flux transmitted through the layer to the incident flux is

Tr = «"*• +G)^(l— (111.14)
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On the basis of the conservation of energy we have
A + Re+Tr = 1

fór the transfer of radiation through a scattering and absorbing médium. The 
typical values of the main radiative parameters fór different aerosols are sum- 
marized in Table III. 1.

The potential influence of atmospheric aerosol particles on the climate of the 
Earth depends mainly on how the planetary albedo of the Earth-atmosphere 
system is modified and how the extinction rates at different wavelenghts are 
affected by the presence of an aerosol layer. In the following we will discuss these 
two processes separately.

In a clean cloudless atmosphere, in which no aerosol is present, the Earth’s 
surface with an albedo a absorbs a part (1 ~ a)F| of the downward solar flux 
F|, and the part

(HL15) 

of the energy flux is reflected back to space and therefore it is nőt available fór 
heating the Earth-atmosphere system.

Fig. 1113
Schematic diagram of solar flux densities in a reflecting and absorbing aerosol layer above a 

surface of albedo a

Let us consider now a simple two-layered system which consists of the clean 
atmosohere and of a single homogeneous aerosol layer just above the Earth’s 
surface as shown in Fig HU (Paltridge and Platt, 1976; Twomey 1977). 
In this case. (Ff )„riMO| first consists of the incident radiation which is reflected 
by the aerosol layer and never reaches the Earth s surface.

F^ = Re F|.
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Table III. 1
Rangé of the main radiative characteristics fór the basic aerosol types (after Standard Radiation 

Atmosphere in WMO/ICSU, 1983)

Aerosol type

Radiative characteristics

co at 0.55 pm 1-3 co at 10 pm
at 10 pm 

at 0.55 pm

Soot 0.209 0.66 0 0.038
Oceanic 1 0.22 0.692 0.250
Dustlike 0.653 0.12 0.558 1.08
Water-soluble 0.957 0.37 0.209 0.019
Mari time 0.989 0.26 0.680 0.19
Continental 0.891 0.36 0.486 0.097
Urban 0.647 0.41 0.173 0.033
H2SO4 (75%) 1 0.27 0.010 0.050
Volcanic 0.947 0.30 0.130 0.035

Its second component is the downward flux reaching the Earth’s surface 
through the aerosol layer (Tr Fj), reflected there by the surface (aFr Fj) and 
transmitted again through the aerosol layer [Tr(a. Tr Fj)], i.e.,

FJ = a Tr2 F[.

The fraction Re(aTr F|) of the upward directed flux a Tr Fj is reflected by the 
aerosol layer and reaches again the Earth’s surface. Here, a Re(aTr Fj) is 
reflected by the ground, and the fraction Tr[a.Re(aTr Fj)] passes through the 
aerosol layer. Consequently, the third component of (Ff)aerosol is

F3] = a2Tr2 Re F[,

etc. No higher powers of Tr than Tr2 can occur in these components since there 
is no way fór the radiation to pass through the aerosol layer more than twice: 
once as a part of F| reaching the ground, and once as a component of (Ft).erMOl 
escaping to space.

The totál outgoing flux density is obtained by summing the individual contri- 
butions:

(^krowi = ReFl + aTr2(l+aRe + oi2Re2 +...)F\,
7 aTr2 \

Solar energy nőt reflected back to space is necessarily absorbed either by the 
Earth’s surface or by the atmosphere. Therefore, the addition of an aerosol layer 
to the atmosphere (or an increase of the partiele concentration in an existing 
aerosol layer) will cause a net warming of the Earth -atmosphere system if

(^t)clean > (^T)aerosol
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Fig. III.4
Effect of an aerosol layer on the net warming or cooling (after Twomey, 1977). (Reprinted by 

permission front the author. Copyright by Elsevier Science Publishers)

i.e. if, according to (III. 15) and (III. 16),
aTr2 (III.17) 

l-a7?e

Consequently the necessary condition fór having a net increase in temperature 
of the system due to the insertion of aerosol is that the effective reflection factor 
(system albedo or planetary albedo) of the combined surface-aerosol system 
standing on the right side of the inequality (III. 17) becomes less than the surface 
albedo a owing to the presence of aerosol.

Using the inequality (III. 17), one can calculate the surface albedo a fór which 
the insertion of an aerosol layer of given reflectance Re and transmittance Tr 
makes no difference to the surface albedo. The results of such calculations, 
carried out by Twomey (1977), are shown in Fig. II1.4. To the left of the curves, 
insertion of aerosol particles gives an initial tendency of planetary warming. To 
the right of the curves, the initial tendency is a net coohng. In other words, both 
heating and cooling can be produced by the addition of aerosols, depending on 
the numerical values of the surface albedo a and of the radiative properties Re 
and Tr of the aerosol layer (i.e. its extinction optical depth re, single-scattering 
albedo co and asymmetry factor #). .

When the aerosol optical depth is small (r.^0), as it is at least in the case of 
a dry atmospheric aerosol layer, Eq. (III. 13) can be simplified to

Re = íUTe-w^Te, (III. 18)

and Eq. (III. 14) reduces to
Tr = l-Tt + (ogre. (III. 19)
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Fig. III.5
The diagram shown in Fig. III.4 with lines superimposed each of which refers to a different 

value fór the paraméter Re/O-Tr) and with separate regions of heating from regions of cooling 
fór that value. (After Twomey. 1977). (Reprinted by permission from the author. Copyright by 

Elsevier Science Publishers)

These equations show that in this “thin-atmosphere approximation” the reflec- 
tance and transmittance of an aerosol layer are linear functions of the layer 
optical depth, and

Re = co(\-g) 
1 - Tr 1 — cog

(III.20)

Fór a given value of the fraction of forward scattering g, the ratio Re/( 1 - Tr) 
yields a unique description fór the single-scattering albedo co of the aerosol 
particles. Curves Re/(i~Tr) = const have been drawn on a reproduction of 
Fig. III.4 in Fig. III.5.

Fór the case a = 0.1, corresponding to a dark óceán surface, a necessary 
condition fór warrning to occur is that Re/(\ - Tr) <0.15. Mié scattering theory 
gives #~0.8 fór a Junge size distribution of aerosol particles. Hence, the con
dition fór warming with a = 0.1 can be derived as <u^0.15 which is possible, 
although improbable. Fór a = 0.75 (a value typical of snow with somé vegeta- 
tion, fog and moderately thick cloud, etc.), on the other hand, an approximate 
condition fór warming to take piacé is Re/(l - 7r)<0.93 orca <0.98 fór all bút 
the larger values of Re. However, since forward scattering is dominant in the 
atmosphere, larger values of Re in combination with small values of Tr are only 
of academic interest.

Let us now summarize the relatíve influence of visible and infrared optical 
properties of an aerosol layer on the climate.

If we compare the extinction efficiency of a partiele having a radius of about 
0.2 pm at a wavelength of 0.5 pm with its efficiency at a wavelength of 11 pm, 
we find (as shown in Fig. III.2) that the extinction efficiency of the partiele fór 
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radiation at short wavelengths is considerably larger than it is fór radiation at 
longer wavelengths. Radiative transfer calculations fór particles of similar sizes 
have therefore led to the assumption that aerosol particles affect visible solar 
radiation more strongly than they affect infrared radiation. It should be noted, 
however, that the infrared extinction efficiency of an extremely small partiele 
(x<l) that absorbs at infrared wavelengths may in fact be larger than its 
extinction efficiency at visible wavelengths, especially if the partiele is non- 
absorbing at visible wavelengths and strongly absorbing at infrared wavelengths 
ÍWMO/ICSU 1983). Further, we can see in Fig. III.2 that fór large particles

1) the visible and infrared extinction efficiencies may be of the same order 
of magnitude despite the difference in the size parameters of the particles at the 
different wavelengths. ,, .. , , ...

These ontical properties indicate that both very small particles (radn<0.05 
um) and fairly lafge particles (radii > 1 unt) gencrally have a greater attenuauon 
influence on terrestrial infrared radiatton than on mcident solar radtaton. The 
aheorntion and scattering of the terrestrial radiation by an aerosol layer causes aXrease in the downtrd flux of infrared radiation below the layer and a 
decrease in the net infrared flux at the top of the atmosphere. Thus, this type 
of aerosol-induced changes to the terrestrial radiat.ve fluxus contnbutes to a net 
warming at the surface. On the other hand, particles of intertnediate s.zes absorb 
" a „Jter the incident solar radiation more strongly than they affect the 
terrestrial radiation. Consequently, in this case the aerosol layer causes a reduc- 
lion of the radiant energy available at the surface, and thus may lead to a net 
cooling of the lower layers. In the case of a low-level aerosol layer, however 
the’absorption of the solar radiation is likely to contnbute to the warming of 
the surface when dynamical processes ensure intense heat exchange between the 
aerosol layer and the underlying layer.Finallyít should be noted that as far as the aerosol layer itself is concerned 
the radiative cooling of the layer is considerably (about an order of magnitude) 
less than its beating due to absorption of solar radiation. The aerosol contribu- 
tion o the outgoing terrestrial radiation may become important in the 8 to 12 
pm atmospheric window region of the infrared speetrum in cases when heavy 
concentrations of aerosol particles deve op. In such cases he radiative cooling 
at the tón of the aerosol layer may be as large as cooling by the presence of water 
vapor’Jx. about 2 K/day (GkassÍ. 1973; Wano and Domoto, 1974; Ackbkman 

et al., 1976, 1977).
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Appendix IV

Terminology used

To all extents possible the terminology used in this book follows the recom- 
mendations of the Committee on Nucleation and Atmospheric Aerosols of the 
International Association of Meteorology and Atmospheric Physics. To make 
the survey of this book easier this terminology is presented in this appendix.

A. , . .
1 Aerosol partiele - Solid or liquid partiele mostly consisting of somé sub- 
stance(s) other than water, and without the stable búik liquid or solid phases 
of water on it.

2. Haze partiele - Partly or wholly water-soluble aerosol partiele at humidities 
exceeding that necessary fór deliquescence and in stable equilibrium with respect 
to changes in humidity.

3. Cloud droplet - Búik (thermodynamically stable) liquid water droplet, usually 
formed on a cloud condensation nucleus, and growing to a size (mass) deter- 
mined by the available supply of vapor.

4. Ice crystal- Búik (thermodynamically stable) solid water, initially formed by 
the freezing of a cloud droplet or haze partiele, or by deposition nucleation, and 
growing to a size (mass) determined by the available supply of water vapor.

B.
1. Condensation Nuelei (CN) - Those particles which will grow to visible size 
when any liquid condenses on them at supersaturations just below that necess
ary to activate small ions.

2. Aitken Nuelei (AN) - Those particles that grow to visible size when water 
condenses on them at supersaturations just below those that will activate small 
ions.

Both of these definitions refer to methods of detection and counting of aerosol 
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by making them “visible” to an instrument by the condensation of somé liquid 
(CN) or of water specifically (AN) on them.

C.
1. Cloud Condensation Nuclei (CCN) - Particles which can serve as nuclei of 
aimospheric cloud droplets, i.e. particles on which water condenses at super- 
saturations typical of atmospheric cloud formation (fraction of a % to a few 
percent, depending on cloud type). Concentrations of CCN need to be given in 
terms of a supersaturation spectrum covering the rangé of interest or at somé 
specified supersaturation value.

D.
1. Primary processes (mechanisms) of ice formation - Nucleation of ice from the 
liquid or vapor phases of water, either homogeneously or heterogeneously. The 
purpose of this terminology is to emphasize the distinction from secondary 
processes.

2. Secondary processes (mechanisms) of ice formations- Creation of ice particles 
by processes which require prior existence of somé other macroscopic (ther- 
modynamically stable) ice particles; examples are splintering of freezing drops 
crystal fragmentation, etc. ’

E.
1. Ice Nuclei (IN) - Generic name fór substances, usually in the form of aerosol 
particles, which under suitable conditions of supersaturation or supercooling 
nucleate ice. 1 his term is to be used if no distinction is intended or is possible 
as to the specific nucleation mechanism involved.

2. Ice nucleation modes - Names or short phrases are needed to refer to par- 
ticular nucleation modes. Since the detaiLs of the molecular embryo formation 
are difficult to ascertain, it is of great importance that references to nucleation 
modes be made with the utmost care fór clarity of usage, relying, if needed, on 
more complete descriptions of the phenomenon in question.

The basic distinction that has to be made is whether nucleation is from the 
vapor or from the liquid phase. There may be somé ambiguity when the 
metastable phase is the vapor, since the formation of liquid-like, or liquid layers 
might actually be involved in the creation of ice embryos, bút unless there is 
oennite evidence fór this, the pragmatic view is to consider the búik vapor as 
the initial phase.

2.1 Deposition nucleation - The formation of ice in a (supersaturated) vapor 
environment. h
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2.2 Freezing nucleation - The formation of ice in a (supercooled) liquid environ- 
ment.

2.2.1 Condensation freezing - The sequence of events whereby a cloud condensa- 
tion nucleus (CCN) initiates freezing of the condensate.

2.2.2 Contact freezing - Nucleation of a supercooled droplet subsequent to an 
aerosol particle’s coming intő contact with it. (This name is preferable to 
“contact nucleation” as it focuses attention on the fact that the basic process 
is freezing.)

2.2.3 Immersion-freezing - Nucleation of supercooled water by a nucleus sus- 
pended in the body of water.
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Index

absorptance 258 
absorption

- in an aerosol layer 14, 68, 194, 
196-203, 206, 235, 259-262 
definition of 255

- in a cloud layer 14, 194, 229-234 
absorption to scatter ratio 201, 258 
accumulation mode 37-40, 46 
acidification 74
aerocolloidal system, see aerosol 
aerosol

Brownian motion of 17, 18, 20, 22,70, 
71, 168
Chemical composition of 45-63 
classification of 19

- collection procedures 20-22 
concentration of 19, 20, 26, 32-3., 
42-44
definition of 17, 265 
diffusion coefficient of 18 
formation of 23-30

- , growth of 64-68
-, inertial sampling of 21 

radiative characteristics of 194, 255, 
260
removal of 68-74

, residence time of 17. 29, 74, 75 
Reynolds numbcr of 17

, sedimentation velocity of 17 
size of 18, 35 44, 64 -68 
source strengths fo 29, 31 

aerosol chamber 26, 27 
Aitken particles

, characterization of 20. 26. 32-35, 46
. definition of 19, 265

- , formation of 25, 29, 32
albedo effect 196. 199. 200. 229 232 

anthropogenic influence
- on aerosol formation 24, 27, 29, 

31-33, 40, 123, 195, 196, 198, 223
- on CCN production 96, 102, 103, 108, 

124, 232, 233
- on the Chemical composition of aero

sol 55, 57, 63
- on climate 13, 195, 198, 202, 203, 

222-228
- on cloud characteristics 120, 122-124, 

233-235
- on composition of the atmosphere 13, 

236, 237
- on ice nuclei production 177

anvil dlouds 144
Arctic haze 33, 40, 52, 55, 57, 58, 107, 195,

202, 203
ash particles 30, 62
asymmetry factor 68, 233, 258, 260, 261
atmosphere 13
atmospheric window 263

backscattering factor 68, 258
bacteria 30. 145, 176, 177
biogeochemical cycle 14
biological control of climate 203, 235-237
biological source

- of aerosols 15. 28, 30, 31, 55, 203
- of CCN 97, 103, 108, 236, 237

of DMS 28, 236, 237
of ice nuclei 175-177

Boltzmann constant 18, 88
bubble formation 23
búik analysis method 44, 46, 51
búik deposition 73
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carbonaceous particles 55, 57, 73, 74, 
195, 203, 222, 223, 225, 232

carbon dioxide 13, 14, 179, 180, 195 203
205, 206, 216, 237

Cascade impactor 22, 44, 46, 53, 59, 66
Chemical diffusion chamber 93
Chemical potential 243
cirrus clouds 144, 230
Clausius-Clapeyron equation 252
clear-sky albedo 230, 231
climate models 203-205
climate nőise 212-215

-climate system 193, 203-205
climatic change

-, anthropogenic origin of 13, 195, 198
-, external and internál causation of 

193-195, 204
cloud albedo 14, 194, 200, 210, 229-236
cloud-amount feedback 230, 231
cloud chamber experiments 136-138 143

151, 159, 165, 166, 182-184 
cloud condensation nuclei (CCN) 

- artificial 106, 120-124
Chemical natúré of 15, 104-106

-, concentration of 86, 95-101
-, definition of 14, 85, 266
-generálion of 102, 103-
- interstitial 101 

size of 103-105 
cloud droplet

-, concentration of 116, 232-235
definition of 265
falling speed of 17, 253

-,growth of 109-1II, 117, 251-254
size distribution of 112-116, 232
stochastic growth models of 254 

cloud seeding
- in supercooled clouds 178-186
- in warm clouds 120-122 

cloud sensitivity paraméter 230, 231 
coagulation

definiton of 18
- efficiency 19
- equation 18. 19 

gravitational 72
- thermal 18, 19, 20, 26, 34, 35, 37 44

45, 71, 74, 198 
coalescence

- of aerosol particles 18

- of cloud elements 14, 72,116,119 123 
253, 254

coarse partiele mode 37-39
coarse particles 37, 38, 53, 203
collection efficiency 21, 22, 61 72 73 117

168, 253, 254
collision efficiency 254
collision of particles 18
condensation

-, definition of 86
condensation coefficient 251
condensation-freezing 163, 164, 169, 267 
condensation nuclei

-, definition of 265
contact angle paraméter 146-148, 247
contact freezing 164, 165, 168, 267
Continental aerosol

-, Chemical composition of 24, 56, 57 
optical properties of 260

-, size distribution of 39, 40, 66, 67
Continental clouds 97, 118
critical point 244, 245
eritica! sedimentation velocity 18
critical supersaturation 85-93, 95 100

101, 106, 147
cumulonimbus clouds 144
cumulus clouds 101, 104, 112, 123

deliquescence 87
deposition, see dry and wet deposition
deposition nucleation 134, 146 147 149

150, 159
- in the atmosphere 162-165, 167

definition of 266
deposition nuclei 131, 170
deposition threshold 150
deposition velocity 69-71, 73
desert aerosols 25, 55, 57, 58, 202, 212
diffusion battery 20
diffusion chamber 40, 66, 93-95, 105-108

169-171
diffusion coefficient

- of aerosol particles 18, 20, 106, 252
- of water vapor 252

diffusiophoresis 72
dimethyl suliidé (DMS) 28. 108, 236, 237
dispersal of materials

- from sea surface 23, 24
- from solid surface 15, 24, 25, 37
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dispersed system 17
distribution functions 35, 36
dry deposition 15, 68-71
dry ice 179-181
dynamic flow chamber 94, 95
eddy correlation method 69
electrical mobility

- of aerosol particles 20
- of the air 15, 33

electrical mobility analyzer 20, 26, 36
electron microprobe analysis 44, 60
elemental composition 56-58
embryo

- , critical size of 86, 133, 135, 136, 139, 
146, 147, 244, 245, 246, 248

- , definition of 244, 246
- , formation of 132, 134, 146, 153, 155, 

244, 246, 247
- , shape of 133, 146, 147, 247
- , size distribution of 246

energy balance 30, 68, 193-204, 229-237
energy balance models 204, 206-208, 213, 

219, 220, 223, 224
enrichment factor 24, 57
entrainment 111, 113, 114
entropy relation 135
epitaxial growth 153-156
eutrofication 74
expansion chamber 19, 20, 26, 32, 36, 93, 

134, 136-138, 165, 170
extinction 22, 43, 68, 196, 233, 256, 258
extinction cross section 256
extinction efficiency 232, 256, 262, 263

falling speed of drops 71, 116, 117
falling velocity, see sedimentation velocity
filter methods 61, 62, 167, 170, 171
fme particles 38, 53, 203
flarcs 182. 183
fog dispersion 180
forward scattering 255, 256, 258, 262
free energy 87-89, 91, 134, 135, 146. 155,

156, 243-245, 247
free path 17, 18
freezing experiments 167
freezing nucleation 134, 146 150, 159

in the atmosphcre 162 165
, definition of 266

freezing nuclci 131. 146, 147, 152 

freezing threshold 150
frost prevention 176

Gaia hypothesis 236, 237
gas constants 252, 253
gas-to-particle conversion 15, 25-31, 55, 

62, 103
generál circulation models 194, 205, 

211-216, 224-227
generators

- of ice nuclei 182, 183
germ formation 86, 87, 91 

see alsó embryo formation
giant particles

- and CCN formation 104, 105, 123
- , characterization of 20, 23, 30, 36, 

38-44, 46, 50, 67
- , definition of 19

gradient method 69
gravitation constant 17, 253
greenhouse effect 196-199, 224, 225, 

229-232, 237
ground albedo, see surface albedo

haze partiele 64, 87,145, 163, 168,195,265
heterogeneous condensation 63, 86, 180, 

248
heterogeneous nucleation 133, 145-160, 

181, 247, 248
homeostasis 236
homogeneous condensation 63, 86, 248
homogeneous nucleation 133-145, 179, 

180, 247, 248
humán effects, see anthropogenic influence
hydrological cycle 13-15, 204, 236 
hygroscopic particles 85. 95, 103, 104. 111,

1 14, 117, 120, 121
hysteresis phenomenon 65

ice albedo feedback 203, 207, 208, 220.
2 22. 228

ice crystal
- , definition of 265

ice formation
- , primary processes of 132, 266
- , secondary processes of 132, 266

ice nuclei
- , characteristics of 148-160
- , concentration of 169-175
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definition of 14, 131
-formation of 30, 131, 175-177

size of 174, 175
ice nucleus spectrum 150—152, 166
immersion freezing 164-166, 267
impaction efficiency, see collection effici- 

ency
impactor 21, 22, 36, 40, 42, 55, 61, 66, 168
in-cloud scavenging 71, 73
mertial deposition 20, 254
infrared opacity, see greenhouse effect
integrating nephelometer 21
interfacial energy 132, 134, 135, 143-147 

244, 248
Intertropical Convergence Zone 212 
irradiation chamber experiments 26 
isopiestic method 66

Junge size distribution 36, 38, 115, 262

Köhler’s formula 88
Köhler theory 248

La Porté anomaly 122
large particles

- and CCN formation 104, 105
-, characterization of 20, 36, 38-44 46

50, 67
definition of 19

latent heat of phase change 121, 135, 
141-143, 185, 204, 235, 243, 252

lidar technique 22, 43, 199
lightning 28
light scattering counters 43
liquid water content 110, 117, 118, 

232-234

maritime aerosol
-, Chemical composition of 55-57 

optical properties of 260
-, size distribution of 40, 50, 51, 76

maritime clouds 97, 118, 233
mass concentration 19, 57
mean free path of gas molecules 18
membráné filter 22, 38, 44, 47-49, 66, 167
memory effect 156, 158, 159
metastable phase 131, 243
meteoritic particles 23, 30, 61, 62, 76 175
methane 13

Mié scattering 256
Mié theory 255, 262
mineral particles, see soil particles
mixed clouds 72
mixing chamber 165
modeling

- of atmospheric particles 75-77
- of climatic effects of particles 203-229 

molecular weight
- of dry air 253
- of water 253

monodisperse System 18, 19
morphological methods 45, 49

neutron activation analysis 45, 53, 57, 58 
nimbostratus clouds 144
nitráté particles

- , production of 27, 28, 31
- , residence time of 74

nitrogén oxides 26-28, 31, 46, 228
noctilucent clouds 30
nuclear war and climate 222-228
nuclear winter 222, 223
nucleation

- , definition of 132, 243, 245
probability of 165, 246, 247

nucleation event 156, 246
nucleation rate 136, 138-144,161, 246-248
nucleation site 156-159
nuclei mode distribution 37, 38, 40
Nuclepore filter 22, 106
number concentration 19, 20, 25, 26, 

32-35, 66
number size distribution 35-41

optical counter 20-21. 36. 66
optical depth (thickness)

- cloud layer 232-234
definition of 257, 258

- increase in a nuclear war 223
- scaled 233, 234
- stratospheric aerosol layer 196-198 

200, 206, 209 211, 217, 220, 221 
tropospheric aerosol layer 201 203 
206, 208 212

optically effective cross section 256
osmotic coefficient 88, 89
Ostwald phase rule 134
oxidation of gases 27 29, 73
özöne 14, 29
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parametrization 204, 205, 223
partiele generátor 120
phase change of water soluble aerosol 64, 

65
phoretic forces 72, 164
photochemical reactions 25-27, 199
pH value of cloud water 29
planetary albedo 196, 197, 199-201, 203, 

206, 209, 210, 219, 228, 229, 232, 235, 
259, 261

pollens 23, 30
polydisperse system 19 
precipitation formation

- artificial 14, 120-124, 154, 178
- natural 14, 109, 116-119

primitive equations 204, 205
productive rate of particles 29, 31 
proton-induced X-ray emission (PIXE)

method 45, 57
pyrotechnics 182

radar echo 121
radiance 256, 257
radiation transfer

- in aerosol layer 14, 19,45, 68,194—200
- , basic elements of 255-263
- in clouds 14, 194, 195, 229-232 

radiative balance, see energy balance 
radiative balance models 204 
radiative-convective models 204, 205,

209-211, 217, 235
radioactive isotopes 15
Raoult’s law 65
Rayleight scattering 255
reflectance 258
refractive index 201, 202, 206, 207, 209, 

255, 256
residence time

- , definition of 74
- of CCN 102

of stratospheric aerosols 30, 195
- of tropospheric aerosol 29, 74, 75,200, 

202

Saharan dúst 25, 55, 202, 212 
scattering

by aerosol particles 14, 194, 196 -198
- by cloud particles 194, 229

definition of 255
- isotropic 258

sea salt particles
- and cloud formation 104, 109 

concentration and size distribution of 
24, 49-51, 53

- , formation of 23, 24
- and precipitation formation 117-124 

sedimentation 15, 17, 18, 20, 60, 61, 203 
sedimentation velocity 17, 18, 69, 70 
seeding trials 184, 185 
single partiele method 44, 52 
single-scattering albedo 197, 198, 206, 210, 

211, 213, 232, 258
size distribution function 35, 36, 38, 257 
size paraméter 255, 256
soil particles

-, formation of 24, 25
- injection intő the atmosphere 199, 

222, 228
solar constant 207, 208, 229, 230
soot particles 28, 55, 195, 198, 202, 223, 

225
Southern Oscillation 216
specific heat 253
spores 30
stable phase 131, 243
stable system 18
statistical-dynamical models 205-208 
Stokes-Cunningham correction 18 
Stokes equation 17 
stratocumulus clouds 121 
stratospheric aerosol

- , Chemical composition of 60-63, 197
- , concentration of 28, 30, 34, 35, 42-44
- , radiative characteristics of 43, 

' 195-200
- residence time 195, 228
- size distribution of 40, 41, 198 

stratus clouds 101, 108, 123, 181, 235 
sub-cloud scavenging 71-74 
sulfate particles

concentration and size distribution of 
’ 46, 49-52, 66

- and condensation of water vapor 15, 
65. 66, 88-91, 105-109, 124, 234, 236

- , deposition of 73
- in ice cores 237

production of 15, 23, 27-31, 203 
residence time of 74, 75

- in the stratosphere 28, 30, 42, 60-63, 
197, 198
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- in the troposphere 46, 49, 58, 59, 203 
sulfur dioxide 26-29, 31, 63, 73 
supercooled clouds 14, 120, 131, 145 167

174, 178-186
supersaturation spectrum 86, 90, 95-101 

103-105, 110, 152
surface albedo 195,197, 201-203, 206, 209

210, 213, 228, 235, 259, 261, 262
surface radius 36
symmetric scattering 258
System albedo, see planetary albedo

thermal conductivity
- of air 252
- of water vapor 252

thermal diffusion chamber 93, 94, 106
thermal precipitator 20
thermal reactions 26, 27
thin atmosphere approximation 262
threshold tempera tűre 148, 149, 154 155

163, 179
trace components 13
transmittance 258
tropospheric background aerosol

-, Chemical composition of 45-60
-, climatic impact of 205-216
-, concentration of 32-34, 42-43
- , definition of 34
- radiative characteristics of 68 

200-203
- residence time 200

size distribution of 38-41, 203

urban aerosol
-Chemical composition of 28, 45

55-57, 116

- , climatic impact of 202, 213
- , optical properties of 260
- , radiation transfer modification by 202
- , size distribution of 37, 39

ventilation factor 253
viruses 30
viscosity

- dynamic gas 17
volatile nuclei 106
volcanic activity

- and aerosol formádon 28, 30, 31, 41
- and atmospheric ice nuclei 175
- and atmospheric optical properties 43, 

198-200
- and climate variations 216-222
- and size distribution of particles 41
- and stratospheric sulfate particles

61-63, 195, 199
volume distribution 38
volume effect 167
volume extinction coefficient 209, 256

warm clouds 117, 119, 120-123, 180
water-insoluble particles 24, 87, 91-93

114, 119, 153
water-soluble particles 45-60, 71, 87-92

103, 105, 109, 145, 260
wet deposition 15, 40, 68, 71-74, 132, 183 

223
wettable particles 91, 92
wind tűnnél 69, 70

X-ray fluorescence analysis 44, 59, 60













The myriad tiny solid and liquid aerosol particles in the atmosphere of our 
plánét continuously influence man's everyday life through modifying, 
directly or indirectly, the processes of weather and climate. These particles 
control visibility in the air, the intensity of the solar radiation reaching the 
Earth s surface and of the terrestrial radiation escaping to space, as well as 
the electric and radioactive properties of the atmospheric environment. 
Specific fractions of these particles, the nuclei, can initiate water droplet 
and ice crystal formation, and therefore play an important role in the 
regulation of the planetary water cycle. Introduction of suitable nuclei in 
c.ouds may stimulate precipitation artificially, while inadvertent emission 
of different pollutants intő the atmosphere by humán activities may have 
an impact on the future of our climate.
This book contains a concise presentation of the physical and Chemical 
properties of aerosol particles and nuclei, as well as a coherent description 
of their role in cloud and precipitation formation and climate regulation. 
The subject is treated at a level appropriate fór introductory graduate 
courses and fór beginners in the field, bút researchers in areas related to 
atmospheric Sciences will alsó find the volume useful.
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